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Preface
This synthesis and collection of papers is submitted for the degree of Philosophiae Doctor
(Ph.D.) in physical oceanography at the Geophysical Institute, University of Bergen. In
this work, the dense Storfjorden overflow on the Svalbard shelf has been studied and
tidal-topographic interaction and mixing on the Svalbard shelf were studied using the
Atlantic flow across the Yermak plateau. The thesis is divided into two parts. First, the
introduction gives the motivation for the process studies on the Svalbard shelf, followed
by a short description of the accomplished work and its common context. The final part
consists of three scientific papers:
Paper I

Dense Overflow from an Arctic Fjord: Mean Seasonal
Cycle, variability and wind influence, Geyer, F.,
Fer, I., and Eldevik, T., Continental Shelf Research, 29, 2110-2121 (2009)

Paper II

Structure and forcing of the overflow at the Storfjorden sill and its connection to the Arctic coastal
polynya in Storfjorden, Geyer, F., Fer, I., and
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Paper III
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Near the Yermak Plateau, Fer, I., Geyer, F. and
Skogseth, R., Journal of Physical Oceanography,
submitted in two parts
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1 Introduction
1.1

Motivation

Arctic Ocean
The Arctic Ocean, 11.5 · 106 km2 in size - corresponding to 3.2 % of the total world ocean
area - and enclosed by the continents of North America and Eurasia (Figure 1.1), is
distinguished from the other oceans in several ways.
Its edges are covered by very wide shelf areas, which in the Barents Sea reach more
than 1000 km width and which cover 60% of the whole Arctic Ocean (ACIA, 2005).
The connections between the world oceans and the Arctic Ocean are quite limited: The
Bering Strait is only 45 m deep and also the straits through the Canadian Archipelago
are shallow (less than 220 m deep). A wider, but also shallow connection to the Atlantic
Ocean exists through the Barents Sea. The only deep connection is through the 2600
m deep Fram Strait between Greenland and Svalbard. This puts Svalbard in a central
position with respect to the deep exchanges between the Arctic and the world oceans
and with respect to the salt and heat transport from the Atlantic into the Arctic, which
occurs through both Fram Strait and Barents Sea.
The defining characteristic of the marine Arctic is the sea ice, which permanently
covers about 70% of the surface of the Arctic Ocean (Figure 1.2; ACIA, 2005) and recently
is undergoing a strong decline. In summertime 7 · 106 km2 of the Arctic Ocean are covered
by sea ice, in wintertime the northern hemisphere sea ice cover grows partly beyond the
boundary of the Arctic Ocean and reaches 15 · 106 km2 (Cavalieri et al., 1997). The
dominant factor supporting the sea ice cover certainly is the enclosed situation of the
Arctic Ocean between the large adjacent landmasses and the meteorological influence
of these landmasses, but also a special feature of the ocean itself is playing a role, the
so-called ”cold halocline”.
The Arctic Ocean contains a large heat reservoir in the form of a layer of Atlanticorigin water between 200 and 2000 m depth (ACIA, 2005). This reservoir, however, is
largely prohibited from mixing with the colder and fresher surface layer by an insulating,
uniformly cold layer in which salinity increases with depth, the cold halocline (Figure 1.3).
The strong stratification of this cold layer limits the heat transport from the Atlantic
layer to the surface of the ocean and hence to the sea ice. The cold halocline needs to
be continually replenished by an external source of cold and saline, and therefore dense,
water to balance the heat flux from the Atlantic layer below (Rudels et al., 1996).
1

Figure 1.1: Overview of the Arctic Ocean (left panel) and closeup on
the Svalbard archipelago with Storfjorden and the Yermak Plateau (right
panel). Isobaths in the right panel are indicated at 100 m intervals up to
500 m depth and at 500 m intervals thereafter.

Dense water production and polynyas
Already 20 years ago dense water production on the Arctic shelves was recognized to play
an important role in the maintenance of the cold halocline (Aagaard et al., 1981; Cavalieri
and Martin, 1994; Winsor and Björk, 2000). Dense water from the Arctic shelves is also
contributing to the ventilation of the Arctic deep water. This has been inferred from the
analysis of water masses and tracers in the Arctic Ocean (Swift et al., 1983; Aagaard et
al., 1985; Bauch et al., 1995).
However, dense water production on the Arctic shelves is, in spite of an increasing
focus, still poorly monitored. Direct observations of dense water production on the Arctic
shelves, the flow of dense water on the shelves and the slope convection of shelf waters are
sparse (Backhaus et al., 1997; Morales Maqueda et al., 2004). Thus it is yet not possible
to obtain reliable estimates of the integral contribution of the shelves to water mass
formation in the Arctic from the existing observations (Quadfasel et al., 1988; Schauer,
1995; Kulikov et al., 1998; Weingartner et al., 1998). Therefore the only estimates are
derived from remotely-sensed sea-ice statistics (Martin and Cavalieri, 1989; Cavalieri and
Martin, 1994; Winsor and Björk, 2000) and are problematic due to the lack of in-situ
data and the shortcomings of remote sensing (Morales Maqueda et al., 2004).
Coastal polynyas are an important site for water mass formation on the Arctic shelves
2

Figure 1.2: Maximum and minimum sea ice extent in the Arctic, figure by
United Nations Environmental Program (UNEP).

(Schauer, 1995; Schauer and Fahrbach, 1999; Morales Maqueda et al., 2004). The reader
is referred to Morales Maqueda et al. (2004) for a comprehensive review of polynya
processes and observations. Polynyas are nonlinear-shaped openings within the ice cover,
ranging in size from 10 to 105 km2 . Wind-driven polynyas often occur at coasts or at
the edge of land-fast ice, where off-shore winds constantly remove the sea-ice cover. As
the water inside the polynya normally is at the freezing point during winter and heat is
lost across the air-sea interface, there is a continuous production and export of sea ice.
Wind-driven polynyas therefore have high ice production rates. Brine rejection during
the formation of sea ice increases the salinity of the upper ocean and can initiate downslope flows of dense, saline and cold water. The estimated dense water production for all
the polynyas in the Arctic from remotely-sensed sea-ice statistics is 0.7-1.2 Sv (Winsor
and Björk, 2000, 1 Sv = 106 m3 s−1 ). As a second mechanism for dense water production
Steele et al. (1995) suggest the modification of Atlantic Water by air cooling and ice
melting in the marginal ice zone of the Barents Sea and the Fram Strait.
The Storfjorden polynya (Figure 1.1) is probably the most easily accessible and most
surveyed of the Arctic shelf polynyas. The dense overflow it initiates have been observed
for several years (Schauer, 1995; Schauer and Fahrbach, 1999; Fer et al., 2003; Skogseth et
al., 2005a, 2008). Still, also for this polynya and the dense overflow initiated by it, there
is a lack of hydrographic and even more of dynamical data, as heavy ice cover inhibits
extensive observations during the most active overflow period. The data presented in this
thesis is the longest time series of the overflow so far.

Mixing over rough topography
Despite the insulation of the cold surface layer of the Arctic Ocean from the heat below,
upward heat transport by mixing is occurring in the Arctic Ocean (Figure 1.3). More
exactly, there has to be a balance between the heat transport from the Atlantic Layer to
the cold halocline with the replenishing of the cold halocline from dense water production.
3

Figure 1.3: Schematics of the stratification of the central Arctic Ocean, and
its maintenance.

Increased levels of mixing are expected over rough topography, e.g. mid-oceanic ridges
and plateaus extending from the continental shelves. The heat flux from internal-wave
induced mixing over rough topography in the Arctic Ocean has been estimated by D’Asaro
and Morrison (1992) as 6 − 12 TW. This is an important part of the total heat budget of
the Arctic Ocean, which requires a net heat loss of 49 TW. On the northern part of the
Yermak plateau (Figure 1.1), an extension of the continental shelf northwest of Svalbard,
existing observations point to enhanced internal wave activity and mixing in connection
to tidal-topographic interactions (Padman and Dillon, 1991). Similarly strong mixing
on the southern part of the plateau would be influencing one of the main branches of
inflowing Atlantic Water into the Arctic Ocean via the West Spitsbergen Current.

1.2

Objectives

The Arctic shelves are home to processes which are gravely important for the Arctic
thermohaline circulation and water mass transformation. Of these, two processes are
studied in this thesis: dense water formation and its export from shelves, and mixing over
rough topography. The main objectives of this study are to improve the understanding
of
• Forcing mechanisms in formation and export of dense water over Arctic shelves.
• Diapycnal mixing over shelves and rough topography in the Arctic.
4

The main objectives are addressed through studies at the two key sites, the Storfjorden polynya and the Yermak Plateau, which are relatively easily accessible compared to
other relevant sites in the Arctic. The specific objectives addressed in this thesis are the
following as distributed to the articles, which form the main body of the thesis:
• To quantify the mean transport and the seasonal cycle of the Storfjorden overflow
using the first long-term time series of the flow at the Storfjorden sill covering nearly
4 years in 2004-2007. This is the subject of paper I.
• To study the dynamic connections governing the overflow variability and the lateral
spatial structure of the overflow using results from a regional fully coupled ice-ocean
model. This is the subject of paper II.
• To quantify the mixing due to surface tide-topography interactions on the Yermak
plateau northwest of Svalbard and to describe these interactions in detail. This is
the subject of paper III.

1.3

Description of the Papers

The papers in this thesis represent process studies on dense water production on the
Arctic shelves and enhanced mixing and vertical heat transports over rough topography
in the Arctic. The dense overflow across the Storfjorden sill is studied as a prime example
of dense flows on the Arctic shelves caused by localized dense water production. The
dense water source initiating the overflow is the wind-driven annually recurrent polynya
in Storfjorden (Figure 1.1). The mean annual cycle and the spatial distribution of the
overflow at the sill are presented. The variability of the overflow on scales ranging from
several days to interannual scales are studied and the connection to the polynya activity
in Storfjorden and local wind forcing is explored. The interaction of tidal currents and
topography, and the mixing induced by these processes were studied using the flow of
Atlantic Water across the Yermak plateau northwest of Svalbard, an extension of the
Svalbard continental shelf.

Paper I: Dense Overflow from an Arctic Fjord: Mean Seasonal
Cycle, Variability and Wind Influence
The first article introduces the mean annual cycle of the dense overflow at the Storfjorden
sill and studies the connections between overflow variability and wind forcing. It is based
on the analysis of 4 years of current profile data from the Storfjorden sill, the longest
time-series existing of the overflow. The estimate for the mean annual overflow transport
of 0.03 Sv is consistent with earlier estimates, but on a firmer observational footing. The
annual variability is within 0.01 Sv whereas the seasonal variability can be as large as
0.05 Sv. The extent of the time series allows the identification of a coherent connection
between wind forcing and overflow on time scales in the order of 1-2 weeks. A connection
via the wind-forced surface Ekman transport and a deep return flow is suggested. There
are indications, that also the inter-annual variability of the overflow is influenced by
surface Ekman transports. Also the connections between regional ice conditions and
overflow activity are investigated on the inter-annual scale.
5

Paper II: Structure and forcing of the overflow at the Storfjorden
sill and its connection to the Arctic coastal polynya in Storfjorden
In the second article, data from a three-dimensional regional model with fully coupled ice
dynamics is employed to describe the spatial distribution of the overflow at the Storfjorden
sill. The mechanism suggested in the first paper for the wind forcing of the overflow is
tested and the reaction of surface circulation and dense overflow at the Storfjorden sill for
different forcing conditions is illustrated. For the model data, also the second potential
source of overflow variability, the polynya activity in Storfjorden could be connected to
the overflow. Results showed that the wind-driven polynya activity does not correspond
to the short-term (1-2 weeks) variability of the overflow at the Storfjorden sill in the
model. The third topic investigated with the model data is the question of the reliability
of transport estimates using current profile data from the Storfjorden sill, considering
sampling limitations. Estimates from a single profiler were found to be fairly robust for
large parts of the available data records.

Paper III: Internal Waves and Mixing in the Marginal Ice Zone
Near the Yermak Plateau
The third paper describes in detail the interactions of topography and tides and the
resulting mixing at the southern part of the Yermak plateau northwest of Svalbard. In
this region the Atlantic Water of the West Spitsbergen Current crosses the 300 − 700 m
deep plateau, which is a continuation of the Svalbard continental shelf (Figure 1.1). Tidalinduced mixing in the investigated part of the plateau was found to be significantly lower
than at the northern part of the Yermak Plateau, suggesting that the West Spitsbergen
Current is able to cross the plateau relatively undisturbed in this respect and that surface
cooling alone is responsible for the water mass transformations observed in the West
Spitsbergen Current in this region. Mixing is found to be highly spatially variable,
pointing to the possibility, that variable pathways of Atlantic Water across and around
the Yermak plateau will expose the Atlantic inflow into the Arctic to different amounts
of tidal-induced mixing.

1.4

Conclusion

Process studies on dense water formation on the Arctic shelves and diapycnal mixing
over rough topography are carried out with the aim of improving our understanding of
water mass transformation in the Arctic. The thesis explores the Storfjorden overflow,
concentrating on the overflow at the Storfjorden sill and its connections to the activity
of the nearby polynya and local wind forcing. The thesis also explores the interactions of
tidal currents with topography and the resulting mixing on the Atlantic inflow into the
Arctic Ocean, which crosses the Yermak Plateau northwest of Svalbard.
• The flow of dense brine-enriched shelf water (BSW) across the Storfjorden sill is
strongest early in the overflow season in February and March, it then gradually
weakens and becomes intermittent before overflow ceases in August to September.
The mean annual transport is 0.03 Sv (1 Sv = 106 m3 s−1 ).
6

• The southward flow is concentrated on the western part of the sill. Its extent is
not identical with the extent of the dense overflow across the sill, as only part
of the southward flow consists of BSW. The extent of the dense BSW is limited
predominantly by temperature, not by salinity.
• The modeled variability of the overflow on the time scale of weeks is dominated
by the local wind forcing. The connection between wind and overflow is achieved
by the Ekman forcing of the surface flow in Storfjorden and a dynamic response at
depth. The model does not show a connection of wind and overflow via short term
variation of polynya activity in Storfjorden.
• Interannual variations are connected to the regional ice conditions and the preconditioning of the fjord prior to the onset of freezing, as far as the limited data
coverage allows interpretation.
• Mixing induced by the interaction of tides and topography on the southern Yermak
Plateau is found to be smaller than on the northern part of the plateau and highly
spatially variable. Thus the exact pathway of Atlantic Water across the Yermak
Plateau might influence the extent of mixing that the water mass experiences on
entering the Arctic basin.
• The study supports that internal-wave mixing over rough topography can be significant for the heat budget of the Arctic Ocean.
While there is still a far way to go to arrive at a directly measured budget for the
dense-water production on the Arctic shelves, systematic monitoring as it is attempted for
the Storfjorden polynya and overflow is the essential approach to the problem. The results
on the wind influence on the overflow variability point to the importance of identifying
wind forcing mechanisms not only on the polynya activities but also on the resulting
dense-water flows. Internal-wave mixing over rough topography is found to be potentially
significant for the heat budget of the Arctic Ocean. Its high spatial variability means
that potential mixing sites have to be explored with an appropriate spatial resolution.

1.5

Outlook

Many of the questions connected to the Storfjorden overflow, such as the mixing of the
overflow downstream of the sill and the connections of polynya and overflow variability,
will only be possible to answer by employing ice-going vessels, temporary stations on sea
ice, or moorings as research platforms. This is because most of the area is ice-covered
during winter, which is the main period of the polynya and overflow activity. Further
observations on the dense-water production in the Storfjorden polynya and its descent
into the Storfjorden basin are now being conducted in connection with the International
Polar Year (IPY). Only systematic monitoring of the West Spitsbergen Current will
make it possible to find out how the Storfjorden overflow influences the stratification of
the Arctic. That Storfjorden is the probably best studied dense water production site and
corresponding dense overflow on the Arctic shelves indicates the large lack of knowledge
for the processes occurring in this region. Nevertheless, the long term goal of a direct
7

quantification of the contribution of the shelves to the circulation of the Arctic should be
pursued further. To get closer to this goal, monitoring programs similar to the Storfjorden
polynya and overflow should therefore be instigated for similarly important dense water
production sites on the Arctic shelves. This should include overflow monitoring during
winter.
The results concerning the diapycnal mixing over rough topography merit further
sampling in relevant sites, such as the Lomonosov Ridge and the northern part of the
Yermak plateau. Also here research will be more complex due to the (so far) permanent
ice cover in these locations. The enhanced mixing over the shelf break where the Atlantic
Water is carried as a boundary current justifies more observational efforts on the mixing
in this branch of the West Spitsbergen Current.
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and wind influence
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Abstract
Storfjorden, an Arctic fjord in the Svalbard archipelago, is separated by a submarine sill from the adjacent shelf areas and produces one of the densest water
masses in the Barents Sea. The cold and dense brine-enriched shelf water is produced through ice formation in an annually recurrent polynya in Storfjorden and
overflows across the sill. We present current profiles and bottom temperature measurements from the Storfjorden sill from 2003 to 2007, which is the longest time
series collected at this site, and study the interannual variability of the overflow
and the influence of atmospheric forcing. The mean structure of the overflow averaged over four seasons shows that the overflow is initially strong with high volume
transport, about 50 m thick and bottom-enhanced, and then gradually diminishes,
becoming increasingly intermittent during the last third of the overflow season. The
annual average overflow transport is about 0.03 Sv (1 Sv ≡ 106 m3 s−1 ). Overflow
is observed 55% of the total record length of 958 days and cross-sill flow averaged
in the bottom 20 m is greater than 10 cm s−1 for 49% of the overflow duration.
The overflow strength increases with decreasing near-bottom temperatures. The
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annual variability is within 0.01 Sv whereas the seasonal variability can be as large
as 0.05 Sv. In spite of the relatively constant annual overflow flux, the onset of the
overflow can vary by up to 50 days. Variability on the scale of 1-2 weeks is connected to wind forcing through surface Ekman transport with significant coherence
between the current at the Storfjorden sill and wind measured on Hopen Island and
Edgeøya. Surface Ekman transport and the ice conditions in the Barents Sea also
influence the intra-seasonal development and interannual variability of the overflow.

1

Introduction

The continental shelves of the Arctic Ocean are broad and play a key role in the distribution of water properties in the Arctic basins through water mass transformations and
shelf-basin interactions. Wind forcing is crucial in this complex chain of events where,
for instance, summertime upwelling events can bring relatively warm and saline waters
onto the shelf or wintertime prevailing offshore winds can maintain open ice-free areas
(coastal polynyas). Strong heat exchange in coastal polynyas leads to ice freezing, brinedrainage and formation of dense brine-enriched shelf water (BSW), which contributes
to the cold halocline in the Arctic Ocean (Aagaard et al., 1981) and significantly influences the overall heat and salt budget of the deep basins (Aagaard et al., 1985). The
summertime forcing preconditions the following freezing period: upwelled saline water
can lead to denser BSW or accumulated ice melt can hinder enhanced salinity regardless
of significant ice production. Carmack and Chapman (2003) reported an extraordinary
sensitivity of the exchange between the shelf and the deep basin to the position of summertime ice edge location. Abrupt and very effective exchange occurs when the ice edge
retreats seaward off the shelf break and upwelling brings warm, salty and nutrient rich
waters onto the shelf. The recent unprecedented retreat in summertime Arctic ice cover
(Perovich et al., 2008) suggests that ice-free Arctic shelves can be exposed to wind forcing
for longer durations. In addition to physical effects, distinct biological consequences are
anticipated with enhanced Arctic spring productivity, altered marine ecosystem structure
and pelagic-benthic coupling (Arrigo et al., 2008).
Storfjorden in Svalbard Archipelago (Figure 1) is a semi-enclosed bay and provides for
a relatively easily accessible and full-scale ”laboratory” to study the Arctic shelf processes.
The annually recurrent polynya activity in Storfjorden produces highly BSW that fills the
fjord to the sill level (115 m) and initiates a gravity driven overflow of the dense polynyaorigin water (Schauer, 1995; Fer et al., 2003, 2004; Skogseth et al., 2005a). The overflow
is dense enough to penetrate below the Atlantic Water in the region. Water originating
from the Storfjorden polynya has been observed in the deep Fram Strait (Quadfasel et al.,
1988) and may contribute to the ventilation of the Arctic Ocean (Schauer and Fahrbach,
1999). According to the estimate by Quadfasel et al. (1988), Storfjorden supplies 5-10%
of the dense waters formed in the Arctic Ocean. The reader is referred to Skogseth et al.
(2005b) for hydrographic characteristics and water mass transformations in Storfjorden,
to Skogseth et al. (2007) for meso-scale surface circulation in Storfjorden, to Skogseth et
al. (2008) for recent observations of the polynya processes and the polynya-overflow link,
and to Fer and Ådlandsvik (2008) for a model description of the descent and mixing of
the overflow plume.
The objective of this paper is to quantify the volume transport of the dense overflow
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Figure 1: a) Overview map of the Arctic showing the enclosed region (gray) en-

larged in b). b) Map of Storfjorden and surrounding areas showing the location of
the ADCP (white circle) and the weather stations at Edgeya and Hopen (squares).
Also indicated are the most common position of the Storfjorden polynya (SFP)
and the section used to calculate surface Ekman transports from ERA40 data
(dashed black-and-white line). Isobaths are shaded at 500 m intervals in a) and
50 m intervals in b). The additional 120 m isobath in b) is from the highresolution bathymetry reported in Skogseth et al. (2005b), shown to identify the
sill.
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from the sill and explain the interannual and mesoscale variability. While we focus on
Storfjorden, the processes will be relevant to other polynyas on Arctic shelves. Under the
DAMOCLES (Developing Arctic Modeling and Observing Capabilities for Long-term Environmental Studies) project, an acoustic Doppler current profiler (ADCP) is maintained
at the sill separating Storfjorden from Storfjordrenna north of Storfjordbanken on the
Barents Sea shelf (Figure 1). Current profiles and bottom temperatures recorded by the
ADCP cover four consecutive years from early winter 2003 to late spring 2007. This is the
longest time series acquired at the Storfjorden sill so far. Furthermore, the ADCP offers
the advantage of continuous profiling of a large fraction of the water column with high
vertical resolution. The longest earlier time series (Schauer and Fahrbach, 1999) covers
two non-consecutive years during the early 1990s using moored current meters measuring
at two levels, supplemented by thermistor chains. Here, based on the four-year long time
series, we describe the mean seasonal cycle and vertical structure of the overflow and
investigate the influence of wind forcing on the preconditioning and export of water from
the fjord. The data used in this study is summarized in Section 2. Following a description
of the methods given in Section 3, the salient features, mean seasonal cycle, interannual,
and mesoscale variability of the overflow are presented in Section 4. Subsequently the
results are discussed in Section 5 followed by conclusions in Section 6.

2
2.1

Data
Current Measurements

The current measurements reported here are collected by a 307 kHz Workhorse RD
Instruments ADCP. The ADCP was mounted, looking upward, in a trawl-proof bottom
frame. The frame was deployed at the Storfjorden sill (76◦ 58′ N, 19◦ 15′ E, Figure 1)
before the freezing period, and recorded through the freezing and overflow season before
it was recovered in summer. Four deployments were made from 2003 to 2007 (Table 1).
Recovered data cover the complete overflow seasons of 2004 to 2006, but coverage in 2007
lasts only until 22 April 2007 1630 UTC when the frame was hit by a trawler. During
all deployments current profiles were sampled at 4-m vertical bin size, with the first bin
centered at about 6 mab (meter above bottom). Profiles were averaged at 10 min intervals
(33 pings per ensemble) in 2004-2006 and at 2 min intervals (13 pings per ensemble) in
2007. Processing details are reported elsewhere (Fer, 2006, 2007). In addition to profiling
the horizontal and vertical velocity components, the ADCP is equipped with temperature
(accuracy ±0.4◦ C, resolution 10 mK), tilt (accuracy ±0.5◦ , resolution 0.01◦ ) and compass
(accuracy ±2◦ , resolution 0.01◦) sensors at the instrument level (about 0.7 mab). From
2005 and on the bottom frame ballast comprises components that can affect the compass.
The compass was corrected against ship-ADCP measurements available in 2005 and 2006
using an offset of 45◦ ± 20◦ in 2005 and 0◦ ± 5◦ in 2006 (see Fer (2007) for details).
When sampled at 4-m bins, the ADCP has a typical range of about 100 m which varies
seasonally, depending on the scatterers in the water column. For the horizontal velocity,
single ping standard deviation is 3 cm s−1 . Because random error is uncorrelated from
ping to ping, averaging reduces the standard deviation of the velocity error by the square
root of the number of pings, yielding 0.5 cm s−1 (0.8 cm s−1 for the 2007 deployment). In
2006, the frame was also equipped with a Sea-Bird Microcat temperature-conductivity16

pressure (CTD) recording unit sampling every 10 minutes. The accuracy of the sensors
provided by the manufacturer is ±0.002◦ C for the temperature and 0.0003 S m−1 for the
conductivity. The Microcat derived salinity is further corrected against CTD profiles
collected prior to and after the deployment (Fer, 2007).

Table 1: ADCP Data Recovery and Periods of Available Meteorological Data
Location
Storfjorden sill

Hopen
Edgeøya

a

2.2

Start
4.9.2003
18.12.2004
12.12.2005
13.8.2006
1.1.2003
25.5.2005
19.7.2005

End
19.8.2004
11.8.2005
9.8.2006
22.4.2007
31.1.2005
31.12.2007
6.11.2007

Instruments
ADCP
ADCP
ADCP, Microcat
ADCP
met data
met data
met dataa

Wind direction data erroneous between 20.4.2006-10.10.2006 and 18.9.2007-6.11.2007

Meteorological Data

Meteorological data from two nearby weather stations are available for the deployment
period. The manned weather station on Hopen (76◦ 30′ N, 25◦ 4′ E) is 157 km from the
Storfjorden sill and the automated weather station on Edgeøya (78◦ 14′ N, 22◦ 47′ E) is 164
km from the Storfjorden sill (Figure 1). Meteorological data from Hopen are available
for the deployment period with one gap in the measurements in 2005 (Table 1). The
synoptic weather station at Hopen is located at the eastern side of the island. Wind from
southeast and northwest, i.e. perpendicular to the orientation of the mountainous plateau
inland from the station, can be biased low, influenced by the local orography. Weather
data from the Edgeøya automated weather station is available only for the freezing and
overflow seasons in 2006 and 2007 (Table 1). Parts of the Edgeøya wind record (between
April and October 2006 and from September 2007 and on) with exceptionally steady wind
direction suggest instrument malfunction and are discarded from the following analysis.
Data from Edgeøya are used to verify that results obtained using data from Hopen are
applicable to Storfjorden.

3

Measuring the Overflow

In order to delineate the dense overflow across the Storfjorden sill and estimate overflow volume transport, we use the following definition and criteria of the overflow in the
present data set. In the calculations we use hourly averaged, 40-hour low-passed data
in order to exclude tidal motions and high-frequency variability. The sill is aligned zonally, less than 2◦ counterclockwise from east. This is less than the compass accuracy
and we refer to the north component v of the horizontal velocity as the cross-sill component with negative values directed out of the fjord. Additionally, we define the outflow
speed, uout , as the modulus of the velocity directed to within 90-270 ◦T. This range of
direction is chosen because the overflow has a significant along-sill component (section
17

4.2). Transport estimates derived using the cross-sill component alone are typically 30%
smaller. Overflow is assumed to occur when two conditions are met simultaneously: i )
the bottom temperature is below the upper limit for BSW (TBSW < −1.5 ◦ C), which
forms the source of the Storfjorden overflow, and ii ) the outflow speed uout averaged in
the bottom 20 m (deepest 5 bins) exceeds 2 cm s−1 , thus ensuring measurable overflow.
This sampling identifies the onset and termination of the overflow season as the first and
the last instances satisfying these conditions for each deployment, as well as the times
of overflow throughout an overflow season. We define the overflow season length as the
time between the onset and termination of the overflow season. We define the overflow
duration as sum of the time of overflow occurrences. Because the overflow can be intermittent, the overflow season length and the overflow duration can be different. We define
the intermittency, I, as the percent of the overflow season with no overflow occurrence.
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Normalized Outflow, û = uout /uoutmax
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Figure 2: Profiles of outflow velocity normalized by the maximum outflow in the

bottom 20 mab. Ensembles are averaged in 5 cm s−1 bins of the average outflow
in the bottom 20 mab. Vertical dashed lines mark the thresholds that are used
to determine the plume thickness.

The overflow volume transport is Q = huout ihB, where uout is the outflow speed
(defined above), B is the width, and angle brackets denote averaging over the overflow
thickness, h. We assume a constant overflow width of B = 15 km following an estimate
deducted from mooring observations by Schauer (1995) and Schauer and Fahrbach (1999),
and consistent with the width used in the transport estimates by Schauer (1995). The
assumption of a constant plume width is a major simplification and further discussed in
section 4.3. At each profile which satisfies the overflow criteria, we estimate the plume
thickness, as the height where the outflow reaches a velocity threshold. The threshold is
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chosen in such a way that it separates the bottom-enhanced flow from a background flow.
This serves as the best identification of the dense overflow in the absence of temperature
and salinity profiles. In order to define the threshold, which varies with the strength of the
overflow, we sample the velocity profiles in groups according to the mean outflow velocity
in the bottom 20 mab. Ensembles falling into 5 cm s−1 increment bins are normalized by
the maximum outflow within 20 mab and then averaged (Figure 2). Normalized profiles
of these groups are used to determine a non-dimensional velocity threshold that identifies
the overflow height as the height where the bottom-enhanced flow vanishes (Figure 2).
The identified non-dimensional velocity thresholds are then applied to each instantaneous
velocity profile to construct overflow height time series. At instances when the threshold
is not met, the height of the velocity minimum for that profile is used.

Figure 3: Time series of a) bottom temperature and b) cross-sill component of

the velocity (negative values out of the fjord) for the period covering all four
deployments. 15-day low-passed hourly data are shown. Vertical dashed lines
mark the times of overflow onset and end. Horizontal dashed line in a) is the
upper limit for BSW temperature equal to −1.5 ◦ C.

4
4.1

Results
Overflow characteristics

Time series of current data from the four deployments (Table 1) are merged and presented
in Figure 3. Three complete overflow seasons from 2004 to 2006 and part of the overflow
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season in 2007 are covered. Temperatures close to the freezing point can be seen to coincide with a strong and persistent cross-sill flow out of the fjord. At higher temperatures
the cross-sill flow is more intermittent. During the periods of strong outflows, the flow
often extends more than 60 m from the bottom. In large parts of the record, the currents
at the Storfjorden sill vary little with depth for the recorded depth range (Figure 3). For
the 40-hour low-passed cross-sill current within the range of the ADCP the variance of the
depth-averaged current explains 78% of the total variance. The cross-sill component of
the current (north-south) is generally stronger than the along-sill component (east-west).
The connection between the bottom temperature and the cross-sill flow is clearly identified when the profiles and the bottom temperature are ensemble averaged according to
the strength of the bottom current (Figure 4). On average the coldest cross-sill flow
directed out of fjord is strongest and enhanced towards the bottom. Outflow at intermediate temperatures is weaker and nearly uniform with depth. All significant inflow is
associated with above zero temperatures. The current profiles show that while the flow
is bottom-enhanced, the current direction stays consistently in or out of the fjord up to
more than 80 meters above the bottom. The most frequently observed bottom speeds
range from 0 to 15 cm s−1 , directed out of the fjord. Velocity profiles with strong flow
display sign of a frictional bottom boundary layer.
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Figure 4: a) Average current profiles for the north (cross-sill) component of
the velocity grouped according to the 20 mab averaged bottom current in 5
cm s−1 increments. Black (gray) traces mark outflow (inflow). b) Histogram of
northward bottom current (vertical bars) and the corresponding average bottom
temperature for each velocity bin (circles).
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4.2

Mean Overflow Cycle

Using the overflow definition of Section 3, the present data set enables us, for the first
time, to present the mean structure of the overflow (Figure 5). The time (days following
the onset of the overflow) of each year is normalized by the overflow season length. Year
2007 covers less than half of a typical overflow season, and it is assigned a season length
equal to the mean length of 2004 - 2006. The inferred season length and overflow duration
are summarized in Table 2. The mean overflow cycle is then obtained as the ensemble
average of the four seasons in 0.05 unit normalized time bins. The overflow is, on average,
between 20 and 50 m thick and clearly bottom-enhanced (Figure 5d). The mean overflow
flux during the overflow season is 0.05 Sv (Figure 5e). While the across-sill velocity
component is dominating in the beginning of the overflow season, the along-sill velocity
component becomes comparable around the middle of the overflow season (Figure 5a, b).
In the beginning and during the last third of the overflow season bottom temperatures
are higher compared to the rest of the season, and the overflow is more intermittent
(Figure 5c). Both the plume thickness and the overflow flux are largest early in the
overflow season and then decline gradually. The high fluxes early in the overflow season
occur in spite of the increased intermittency. Initially the overflow is almost uniform with
height, with out-fjord velocities above the plume comparable to those near the bottom
(Figure 5d). As the bottom temperature approaches freezing the velocity profile increases
towards the bottom.

Start

Table 2: Storfjorden Overflow Overview 2004-2007

4.3.2004
30.1.2005
23.3.2006
3.3.2007

End

19.8.2004a
11.8.2005a
30.9.2006
22.4.2007a

Overflow season length
(% of year)
46
53
52
–b

Overflow duration
(% of year)
36
48
47
–b

End of overflow season due to end of data record
Only part of the overflow season is observed. The observed part of the season length
and the overflow duration would correspond to 14% of year
a
b

4.3

Overflow Volume Transport

Transport estimates are made every hour using 40-hour low-passed outflow velocities as
described in Section 3. The resulting 14-day averages and standard deviations are shown
in Figure 6, together with the inferred plume height and the mean outflow speed. An
overview of annual overflow fluxes is given in Table 3. The average transports in 2004
and 2005 are identical, and are comparable to that in 2006. The relatively large 0.11
Sv estimate for 2007 does not account for the later part of the overflow season, when
transport typically declines (Figure 5e). When the commonly sampled time period is
considered, average transport between 1 January and 22 April is largest in 2007. The
interannual variability is discussed in the next section.
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Figure 5: Mean seasonal cycle of the Storfjorden overflow shown as a function of

time normalized by overflow season length. a) Velocity towards east (along-sill),
zero isotach in black, b) velocity towards north (cross-sill), zero isotach in black,
c) bottom temperature (red) and intermittency (black), d) outflow velocity uout
and (black) overflow height inferred from velocity profiles, and e) overflow volume
flux. Dashed horizon shows the seasonal average of 0.05 Sv.
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Figure 6: 14-day mean (square) and standard deviation (vertical bars) for a)

overflow plume thickness h, b) outflow speed averaged over the extend of h, and
c) volume transport Q assuming a plume width of 15 km. Also shown in c) are
the mean values of Q, in Sv, for each overflow season. The mean transport for
the observed part of the overflow season in 2007 is 0.11 Sv.

Possibly the largest uncertainty in the volume transport estimate is the constant 15
km width assumption. Hydrographic coverage of the sill during the most active period of
the overflow is extremely scarce: There exists one hydrographic profile directly at the sill
and one nearby in April 2001 taken by a helicopter survey (Fer et al., 2003). There also
exist a few profiles at the easternmost edge of the sill taken during an ice-breaker based
survey in April 2006 (Skogseth et al., 2008). Fer and Ådlandsvik (2008) concluded from
a regional model study that the flow at the sill is geostrophic and the tilt of the interface
can be inferred from the density anomaly of the plume. This practical result that can give
an estimate of the width B, however, cannot be applied here directly due to the scarcity
of density profiles. Rossby radius estimates from the scarce hydrological data are on the
order of 1-2 km. Given the model results by Fer and Ådlandsvik (2008) that the width
of the plume corresponds to 8-20 times the local Rossby radius our estimate of 15 km
width is reasonable. The ice-breaker stations show that the BSW plume at the sill can
reach a width of up to 40 km. Nonetheless, the width of 15 km is likely representative
of the overflow season average, because relatively wide overflow early in the season (e.g.,
April observations of Skogseth et al., 2008) is expected to narrow as the overflow weakens
throughout the season. The uncertainties involved in the transport calculation, however,
make the obtained flux estimate uncertain by 50%.
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Table 3: Comparison of Annual Averaged Overflow Fluxes from ADCP
Data to Estimates from Earlier Measurements
Data
RCM, T-chain
LADCP
Polynya model
ADCP
ADCP
ADCP
ADCP

Location
30 km S of sill
65 km SW of sill
polynya
sill
sill
sill
sill

Year
1992
2001
1998-2002
2004
2005
2006
2007

Flux [Sv]
0.05a
0.06b
0.03-0.04c
0.022
0.027
0.034
–d

Schauer (1995)
Fer et al. (2003), snapshot
c
Skogseth et al. (2005a), BSW production
d
Only part of the overflow season is covered in 2007. The observed part of the overflow
would correspond to a yearly average transport of 0.015 Sv. When averaged until 22
April, overflow flux in 2007 is 2.3 times that in 2004, and 1.4 times that in 2005 and
2006.
a

b

4.4

Interannual Variability

There is substantial variability from the mean overflow cycle described above, both with
respect to the onset of the overflow season and the intra-seasonal development. The overflow starts 30-50 days earlier in 2005 than in the other years. The transition period from
relatively high bottom temperatures to near freezing point is shorter in 2006 and 2007
compared to 2004 and 2005. Interannual variability can also be seen in the development
of the cross-sill flow during the overflow season, e.g., varying degree of depth dependency
or the period of strongest cross-sill currents in the season (Figure 3).
The sequence of monthly mean current profiles is qualitatively similar for 2003-2007,
but within a substantial range of variability (Figure 7). In January and February 2006, the
bottom flow, on average, is directed into the fjord, in contrast to net outflow throughout
the whole water column in other years. April and March profiles show the strongest
overflow in 2006 and 2007, with velocities approximately twice those of the preceding
years. The overflow persists throughout the water column in June 2004, while the other
years show weaker overflow limited to the bottom 50-70 m. Interannual variations for a
particular month can be comparable to the variability within the overflow season.
Progressive vector diagrams for the commonly sampled time period (Figure 8), however, show the overall similarity from year to year: The northward cumulative displacement of the overflow is similar, the flow is generally directed south to southwest being
strongest near the bottom. The differences in overall current direction might be due to
uncertainties in the compass corrections (Fer, 2007).
The overflow season length and the duration of overflow are about 10% shorter in
2004 than in 2005 and 2006 (Table 2). The overflow in 2005 starts relatively early. For
the years with coverage of the complete overflow season (2004 - 2006), overflow in 2006
was strongest on average. For the part of the overflow season covered in all years, the
average volume transport in 2007 is stronger than the preceding years, comparable to the
strong initial overflow in 2006.
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Figure 7: Monthly mean current profiles for the north component of the velocity

shown for year 2004 (black), 2005 (red), 2006 (blue) and 2007 (green). Negative
values indicate approximately cross-sill flow directed out of the fjord.

4.5

Mesoscale variability

Spectra (Gonella, 1972) of the rotary velocity components of current at the Storfjorden
sill and wind at the weather stations at Hopen and Edgeøya show increased variance
for periods longer than 2 days, but the spectra are essentially featureless (not shown).
The reconstructed current variations for the longest periods (1.6 - 16 days) are nearly
rectilinear and mostly oriented north-south. The coherency-squared and phase are derived from the rotary cross-spectral analysis of vertically averaged velocity and the wind
vector. The results for the rotary components with the same sense of rotation (inner
rotary spectrum, Livingstone and Royer, 1980) reveal significant coherence for periods
longer than 4 days for both rotary components (Figure 9). The similar coherence for the
clockwise and counterclockwise components suggests a connection between the rectilinear variations of current and wind. The analysis is repeated using the shear between the
velocity in the deepest bin (6 mab) and that at mid-depth (54 mab) to approximate the
baroclinic current component. Results for the shear are similar with coherence significant
at 99% confidence level extending to periods longer than 2 days (Figure 10).
The connection between the cross-sill flow and wind, and the influence of wind direction on the cross-sill flow variability are explored using lagged cross-correlation between
the cross-sill flow at the sill and wind data from Hopen and Edgeøya. Velocity is averaged
in 6 hour intervals, consistent with the wind data. Both time series are 30-day high-passed
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Figure 8: Progressive vector diagrams for the period 1 January to 22 April in
2004 (black), 2005 (red), 2006 (blue), and 2007 (green) derived from the measurements 6, 22 and 42 meter above bottom (mab). 15-day low-passed data are
shown.

and linearly detrended prior to cross-correlation calculations. Wind directions are tested
in steps of 5◦ to determine the optimal wind direction giving the highest correlation with
the cross-sill current. Analysis reveals the correlation between the wind from northerly
and north-easterly directions and both the depth-averaged and the bottom flow out the
fjord (Figure 11). Direct comparison of wind and cross-sill currents reveals that the covariation is robust, not limited to a small number of peaks but is persistent throughout
the complete record.

5

Discussion

The mean seasonal cycle shows an overflow period of 180 days duration. The overflow
is typically strong with high volume transports from the beginning of the overflow season despite the initial intermittency of the overflow (Figure 5c, e) . The overflow then
gradually declines, becoming again intermittent during the last third of the overflow
season. The average current profile is strongest and bottom-enhanced, associated with
the lowest bottom temperature, close to the freezing point (Figure 4). Weak, uniform
southward flow with relatively higher bottom temperatures is likely linked to the cyclonic
background circulation in Storfjorden (Skogseth et al., 2007). Inflow of warmer water is
connected to events of strong inflow of Atlantic Water into the fjord which would normally be concentrated on the eastern side of the fjord (Skogseth et al., 2005b). While
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flow across the sill is bottom enhanced the current direction is, on average, consistent up
to more than 80 meters above the bottom (Figure 4). Accordingly, the depth-averaged
current contribution to the total variance is dominant.
The seasonally averaged overflow volume transport estimates at the Storfjorden sill
from four years of ADCP data are roughly constant (with the caveat of assuming a
constant overflow width), but the intra-seasonal pattern and the onset date of the overflow
show considerable variation (Figure 6). In 2007 the average flux was larger than in other
years, but this estimate is biased high because less than half the overflow season in 2007
was sampled. Comparably long periods of increased overflow flux existed in other years,
e.g. in 2006. From observations of an high-salinity front after a supercooling event in the
Storfjorden polynya and observations of the corresponding salinity front recorded by the
Microcat at the sill in April 2006, Skogseth et al. (2008) suggest a travel time for a high
salinity signal from the polynya to the sill of 12 to 18 days. If the strongest overflow is
linked to the supply of BSW from the polynya in response to strong offshore wind events,
a coherency at these time scales is anticipated. Consistently, the coherency spectrum for
the clockwise rotary shear and wind (Figure 10) shows significant coherence at weekly
time scales with 90◦ phase difference.
Yearly averaged overflow volume transports inferred here can be compared to earlier
relevant estimates (Table 3). To date, there is no observationally based study that reports
the overflow volume transport at the sill. Of the relevant previous work, Schauer (1995)
gives a coarse estimate of the volume flux 30 km downstream of the sill using year-long
near-bottom current measurements. Farther downstream, from a 6-day survey, Fer et al.
(2003) give a snapshot estimate. On the upstream, in the polynya, BSW production rate
is estimated by Skogseth et al. (2005a). The overflow fluxes at the sill in 2004-2005 are
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slightly lower than, but that in 2007 is within the range of the BSW production rates
in the Storfjorden polynya between 1998-2002 (Skogseth et al., 2005a). The interannual
variability of the annual volume flux at the sill (2004-2006) is comparable to that inferred
from the polynya model (1998-2002), suggesting that Storfjorden consistently exports
about 0.03 Sv dense water, annually. There is a clear difference between the volume
transport estimates downstream of the sill and those at the sill. Keeping in mind the
interannual variability and measurement uncertainty, a fraction of the surplus volume flux
30-60 km downstream of the sill can be attributed to the entrainment of ambient water,
increasing the volume transport significantly (Fer and Ådlandsvik, 2008). Furthermore
Schauer (1995) had assumed a constant overflow height of 30 m and used the speed
measured near the bottom which could be an overestimate because the strong overflow
events are bottom-enhanced (Figure 4). In summary we find our transport estimates
consistent with, but on a firmer observational footing, than those of previous studies.
Using our volume transport estimates and the Storfjorden hypsometry derived from
high-resolution bathymetry published by Skogseth et al. (2005b) it is possible to estimate
the winter residence time of dense water in Storfjorden. The dense water fills Storfjorden
up to the sill level before it starts flowing over the sill. The fjord volume below the sill
level is 54 km3 . With the estimated mean overflow volume transport of 0.05 Sv, this
corresponds to a winter residence time below the sill level of 12.5 days. Skogseth et al.
(2008) report a filling time of 14 days for Storfjorden below the sill level. During summer
time the residence time in Storfjorden is dominated by the coastal current which flows in
a cyclonic sense along the coast of Storfjorden. No direct current measurements of the
coastal current exist and available transport estimates are for the baroclinic transport
inferred from hydrography. From 4 years of CTD observation Skogseth et al. (2005b)
report 0.04, 0.04, 0.11 and 0.04 Sv for the years 1999 to 2002 (Figure 12). The range of
0.04-0.11 Sv for the coastal current and the complete Storfjorden volume of 850 km3 give
a residence time of 90-246 days. The volume of the upper 50 m, a depth chosen to be
representative of the shallow coastal areas and the polynya, is 488 km3 and would have
a residence time of 51-141 days before the freezing season allowing for sufficient exposure
for preconditioning and response to wind forcing. For a more detailed discussion on the
flushing of the Storfjorden polynya, the ventilation of the basin and the corresponding
timescales, see Skogseth et al. (2008).
Skogseth et al. (2008) state that brine production was poor in 2004 and moderate
in 2006 compared to previous years. The low salinity of the polynya water in 2004,
despite significant ice production (second largest since winter 1998), is a result of dense
ice conditions in the region in the previous winter. During summer, a relatively thick melt
water surface layer forms. In the following freezing period, although the ice production
can be substantial, polynya-derived water cannot reach high salinity (Skogseth et al.,
2008). A drawback in our data set is the lack of near-bottom salinity measurements at
the sill (only available in 2006). Our methods will detect overflow as long as the nearbottom temperature is low and there is sufficient density difference across the sill which
leads to a pressure gradient supporting outflow. Nonetheless, consistent with Skogseth
et al. (2008), the annual average volume flux in 2004 is the minimum of our 2004-2006
observations, suggesting weak overflow. However, a later onset of the overflow in 2006 is
observed compared to 2004 (section 4) despite the better preconditioning in 2006.
The variability of the current on a time scale of 1 to 2 weeks can, for large parts of
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the record, be attributed to wind forcing. This is evidenced by the significant rotary
coherence between current and wind (Figure 9) and the covariation between southward
flow across the Storfjorden sill and wind from northeasterly directions (Figure 11). Wind
anomalies of about 5 m s−1 correspond to cross-sill current anomalies of about 5 cm s−1 .
The suggested mechanism is the surface Ekman transport into the fjord caused by the
northeasterly winds. This is balanced by a flow at depth at the Storfjorden sill, if the
exchange through the narrow straits close to the northern end of Storfjorden and across
the ridge which forms the south-western boundary of the Storfjorden basin (Figure 1) is
neglected. The Ekman flux into the fjord is FE = τ l/ρW f , with the along-wind length
of the southern fjord opening l, density of sea water ρW = 1027 kg m−3 and the Coriolis
parameter f = 1.42 · 10−4 s−1 . Wind stress τ = cD ρA U10 2 is calculated from the wind
speed at 10 m height U10 using a drag coefficient cD = 2.7 · 10−3, a typical value for the
marginal ice zone (Guest et al., 1995), and the density of air ρA = 1.25 kg m−3 . The
Ekman flux into the fjord is calculated from ERA Interim reanalysis wind data (Uppala
et al., 2008) using a section from 18◦ E to 21◦ E at 76.5◦ N, across a fjord opening of
l = 117 km. The easterly wind component is integrated separately to obtain the in-fjord
(northward) FE .
Comparison with the overflow measurements at the Storfjorden sill shows that the
surface Ekman transport and the overflow are connected not only at the time-scale of
1-2 weeks but also on longer time scales. The northward Ekman flux scales well with
the intra-seasonal development of the overflow volume transport (Figure 12c). Somewhat
higher Ekman fluxes than overflow volume transports are expected, as some of the surface
transport can escape through the shallow straits between Spitsbergen and the adjacent
islands in the northern part of the fjord.
On an interannual time-scale both the surface Ekman transport and the ice conditions
in the Barents Sea influence the strength and salinity of the Storfjorden overflow. While
it is not known how much the volume transport varies during the years prior to our observations, the brine production in the Storfjorden and hence the salinity of the Storfjorden
overflow are variable (Skogseth et al., 2005a). The Barents Sea ice index is an indicator
for the areal extent of sea ice, calculated as the ice-free area north of 79◦ N in summer and
as the ice-covered area south of 76◦ N in winter (Ådlandsvik and Loeng, 1991). Severe ice
conditions appear as negative anomalies. After 2005, the index is no more applicable due
to the strong recent retreat of the ice cover in the Barents Sea (Randi Ingvaldsen, 2009,
personal communication). So far, two incidents have been reported when polynya water
from Storfjorden has reached the Fram Strait in 1986 (Quadfasel et al., 1988) and 2002
(Rudels et al., 2005). Both years are marked by arrows in Figure 12. The Storfjorden
overflow signature in the Fram Strait was not systematically surveyed and, due to lack of
observations, we cannot exclude the possibility of deep reaching overflow in other years.
The Barents sea ice index documents an ice deficit in the respective year before and
consistently several years back (Figure 12a). This relates to a favorable preconditioning
for the production of brine-enriched shelf water as there will be less surface melt water
present in the region around Storfjorden. Furthermore the northward integrated Ekman
flux influences the overflow activity. For example the weak summer Ekman flux into
the fjord in 2001 (Figure 12b) will transport less melt water from the surroundings into
Storfjorden, which again preconditions for the production of relatively saline BSW. In the
winter of 2002, there is a significant inflowing Ekman flux, which by continuity can boost
30

Ice Index

2000

↓

a

↓

Ice Deficit

0
Ice Surplus

−2000
1980
FE, Q (Sv)

0.12

1985

1990

1995

2000

↓

b

0.1

2005

↓

0.08
0.06

Winter
Summer

0.04

FE, Q (Sv)

1980
0.3

1985

1990

1995

2000

2005

c
0.2
0.1
0
2004

2005

2006

2007

Time (year)

Figure 12: Time series of a) Barents Sea ice index b) northward surface Ekman
flux FE , averaged for winter (first 6 months, black) and summer (last six months,
gray) c) two-weekly northward Ekman flux FE (black line) compared with the
overflow volume flux Q at the sill (squares). The arrows in a) mark years 1986 and
2002 when Storfjorden-origin water was observed in deep Fram Strait. The white
circles denote the estimates of the baroclinic component in the coastal current in
Storfjorden (Skogseth et al., 2005b). The Barents Sea ice index is an indicator for
the areal extent of sea ice, negative values indicate severe ice conditions whereas
positive values indicate less ice than average (Ådlandsvik and Loeng, 1991).

the outflow and help explain the strong overflow observed in that year. An example of a
relatively weak overflow year is 2004. The preceding summer in 2003, following a winter
with ice surplus (Figure 12a) will lead to increased surface melt water. Summer Ekman
transport into the fjord in 2003 is also significant (Figure 12b), accumulating surface melt
water towards the polynya region. These factors will lead to preconditioning of the fjord
unfavorable for the production of BSW.

6

Conclusions

The dense overflow season at the Storfjorden sill lasts about 180 days on average. The
annual mean overflow volume transport is 0.026 Sv. The overflow starts up strongly with
high volume transports early in the overflow season and then gradually diminishes, becoming increasingly intermittent during the last third of the overflow season. The comparison
of four consecutive overflow seasons shows annual variability within 0.01 Sv whereas the
seasonal variability can be as large as 0.05 Sv. The relatively small interannual variability
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is consistent with nearly constant yearly production rates of brine-enriched shelf water
(BSW) at the Storfjorden polynya reported by Skogseth et al. (2005a). There are however considerable variations in the onset date and the intra-seasonal distribution of the
overflow flux. These variations are especially prominent when comparing specific months
of different years. Variability of the cross-sill flow on the shorter scale of 1-2 weeks is
strongly connected to wind forcing throughout, as evidenced by the significant rotary
coherence of current and wind. The suggested physical mechanism is surface Ekman
transport into and out of the fjord caused by, respectively, northeasterly and southwesterly winds. On an interannual time-scale the surface Ekman transport and the Barents
Sea ice index can be used as indicators on the strength of the Storfjorden overflow. Low
summer Ekman transports and an ice deficit in the Barents Sea in the preceding year
relate to a favorable preconditioning for BSW production in Storfjorden and thus to a
more saline and deep-reaching overflow.
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Abstract
The freezing and overflow season 1999-2000 in Storfjorden, Svalbard, were simulated using the regional ocean model system (ROMS). The model setup, which
includes a fully coupled dynamic and thermodynamic sea-ice model represents the
most realistic model effort for dense water production and circulation in the Storfjorden region. The mean overflow transport for the overflow season is 0.07 Sv
(1 Sv ≡ 106 m3 s−1 ). The connections of the dense overflow at the Storfjorden sill
to the dense water production at the Storfjorden polynya and the local wind forcing
are investigated. Both the overflow at the sill and the Storfjorden polynya are very
sensitive to wind forcing. While the wind forcing dominates the overflow response
at the sill, the density signal from the polynya is diluted in the Storfjorden basin
and leads to a gradual build-up of dense water behind the sill. Overflow width and
height at the sill can be tracked and compared to estimates used for the interpretation of field data. The overflow width varies considerably, however, for volume
transport estimates the common assumption of a constant overflow width of 15
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km was found valid. Overflow height estimates from field data in the absence of
temperature profiles are tested to be reasonably accurate for the most active part
of the overflow season, but might lead to the overestimation of transports late in
the overflow season.

1

Introduction

The continental shelves of the Arctic Ocean are the widest shelf areas in the world oceans
and the main site for water mass transformations and dense-water formation in the Arctic
Ocean (Aagaard et al., 1985; Bauch et al., 1995). Wind forcing is crucial for dense-water
production on the Arctic shelves and for shelf-basin interactions. Prevailing offshore winds
can maintain open ice-free areas in wintertime (coastal polynyas). Strong heat exchange
in coastal polynyas leads to ice freezing, brine-drainage and formation of dense brineenriched shelf water (BSW), which contributes to the cold halocline in the Arctic Ocean
(Aagaard et al., 1981; Winsor and Björk, 2000) and significantly influences the overall
heat and salt budget of the deep basins (Aagaard et al., 1985; Schauer, 1995). Wind
forcing might also play an important role in flushing dense water produced in polynyas
from partly enclosed basins and influence the spreading on the shallow Arctic shelf areas.
In addition, summertime forcing influences the preconditioning of the following freezing
period: upwelling of saline water onto the shelves can lead to denser BSW; accumulation
of surface melt water can hinder enhanced salinity regardless of significant ice production.
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Figure 1: Map of Storfjorden and the Svalbard archipelago. The ROMS model
domain covers the filled area with a resolution of 2km, the smaller frame shows
the extent of the model results presented in this manuscript.
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In Storfjorden in the Svalbard Archipelago (Figure 1) an active polynya recurs annually and produces BSW that fills the fjord to the sill level (115 m) and initiates a gravity
driven dense overflow (Schauer, 1995; Fer et al., 2003, 2004; Skogseth et al., 2005a). The
overflow is dense enough to penetrate below the Atlantic Water in the region. Water
originating from the Storfjorden polynya has been observed in the deep Fram Strait
(Quadfasel et al., 1988) and contributes to the ventilation of the Arctic Ocean (Schauer
and Fahrbach, 1999). According to the estimate by Quadfasel et al. (1988), Storfjorden
supplies 5-10% of the dense waters formed in the Arctic Ocean. The reader is referred to
Skogseth et al. (2005b) for hydrographic characteristics and water mass transformations
in Storfjorden, to Skogseth et al. (2007) for the meso-scale surface circulation in Storfjorden and to Skogseth et al. (2008) for recent observations of the polynya processes and
the polynya-overflow link.
Early model efforts for the Storfjorden region employed a hydrostatic, reduced gravity
plume model with stagnant ambient water (”1 1/2 layer model”) and a local Richardson
dependent entrainment parametrization (Jungclaus et al., 1995). Fer and Ådlandsvik
(2008) conducted an idealized model study of the descent and mixing of the overflow
plume. They forced the model by a typical annual cycle of dense water production,
which is artificially introduced in the basin north of the Storfjorden sill, and used an
idealized ambient stratification. Skogseth et al. (2008) conducted another idealized 3D numerical simulation using a σ-layer ocean model (BOM), with focus on the fate
of the polynya derived water within the Storfjorden basin. The regional ocean model
experiment of the study presented here, which includes a fully coupled dynamic and
thermodynamic sea-ice model, is the most realistic model effort for dense water production
and circulation in the Storfjorden region to date. Results focussing on sea-ice production
in the Storfjorden polynya were published by Smedsrud et al. (2006). The present article
focusses on the structure of the overflow at the Storfjorden sill and possible links between
overflow strength, wind forcing and the Storfjorden polynya. It connects to and is an
extension of the work done on a four-year time series of current profiles at the Storfjorden
sill (Geyer et al., 2009).
The model used in this study and by Smedsrud et al. (2006) is summarized in Section 2.
The mean picture of the overflow at the sill and the spatial structures connected to the
overflow variability are presented in Section 3. Subsequently the results are discussed in
Section 4 followed by conclusions in Section 5.

2

Methods

Our study uses the Regional Ocean Modeling System (ROMS, Shchepetkin and Williams,
2005) complemented by a fully coupled dynamic and thermodynamic sea-ice sub-model
as described in Smedsrud et al. (2006) . The ROMS model is based on the primitive
Boussinesq equations, and employs a terrain-following coordinate system in the vertical
(Song and Haidvogel, 1994) and general orthogonal curvilinear coordinates in the horizontal. As a turbulence closure the generic length scale (GLS) scheme (Warner et al.,
2005) was used for subgrid-scale mixing of mass and momentum, with the two-equation
k-kl model parameters. The k-kl model is a modified form of the Mellor-Yamada 2.5
closure (Mellor and Yamada, 1982). This scheme had performed well in an ice-ocean
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interaction process study in the Barents Sea using ROMS and the coupled ice model
(Budgell, 2005). The sea-ice model uses elastic-viscous-plastic ice dynamics (Hunke and
Dukowicz, 1997; Hunke, 2001) and two ice layers and one snow layer for thermodynamic
calculations following Mellor and Kantha (1989) and Häkkinen and Mellor (1992). The
model is split-mode explicit and the time-step is 200 s, with an external mode time-step
of 5 s.
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of the Storfjorden basin. The black thick line is the Storfjorden sill. Station 3
is positioned at the site where the main overflow occurs across the sill. Isobaths
are drawn at 25 m intervals. The center of the polynya area close to Edgeøya is
indicated.

The ROMS model is used in a three-stage one-way nesting configuration. A basinscale model for the North Atlantic and Arctic Ocean gives initial and boundary conditions
for an intermediate-scale model with an average grid size of 9.3 km covering the Barents
and Kara Seas (Budgell, 2005). This intermediate model provides initial and boundary
conditions for the 2×2 km model for the Storfjorden area presented here. The nesting
steps are performed using an open boundary flow relaxation scheme (Engedahl, 1995) for
both ocean and ice variables. Tides are not included in the present simulation.
The fine-scale, 2 km resolution, domain is shown in Figure 1, the analysis in this
study concentrates on the area shown in Figure 2. The model domain is obtained by
a rotated polar stereographic map projection. The bathymetry is interpolated from the
2’ global dataset of the US National Geophysical Data Center (2001 version; http://
www.ngdc.noaa.gov/mgg/fliers/06mgg01.html). The land mask is modified manually to
fit the global self-consistent, hierarchical, high-resolution shoreline database (GSHHS)
coastline (Wessel and Smith, 1996). The bathymetry is smoothed by a Shapiro filter, in
order to minimize pressure gradient errors associated with abrupt topography changes.
30 vertical levels are used, with a finer resolution near the surface and the bottom. Daily
values of wind stress, sensitive- and latent-heat fluxes, solar and longwave radiation, and
precipitation were obtained from the US National Centers for Environmental Prediction
(NCEP)/US National Center for Atmospheric Research (NCAR) re-analysis (Kalnay et
al., 1996) to drive the model for a 1 year cycle of ice growth and decay in Storfjorden,
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starting from ice-free conditions in August 1999, through July 2000.
For the analysis of the model results, net surface Ekman fluxes into and out of the
fjord were calculated from the surface wind stress τ as the surface Ekman flux
FE,x =

τx
τy
; FE,y = −
f ρW
f ρW

(1)

integrated across the boundaries of Storfjorden as indicated in Figure 2. Hereby f =
1.42 · 10−4 s−1 is the Coriolis parameter and ρW = 1027 kg m−3 is the density of sea water.

3
3.1

Results
Annual cycle of ice formation and polynya events

The modeled one-year cycle of ice growth and decay in Storfjorden in this study started
with open water conditions in August 1999, and also ended with open water at the end
of July 2000 (Smedsrud et al., 2006). Daily NCEP forcing, consisting of wind stress,
sensible- and latent-heat fluxes, solar and longwave radiation, and precipitation generally
are in good agreement with existing estimates from the Storfjorden area (Smedsrud et al.,
2006; Skogseth et al., 2009). The wind direction is likely biased westward as the coarse
scale NCEP forcing (250 km) does not resolve the Svalbard archipelago well (Skogseth
et al., 2007). This predominant wind direction leads to the Storfjorden polynya opening
westward away from Edgeøya during strong wind episodes during most polynya events,
while the existing satellite images indicate that the polynya also opens in a southward
direction (Skogseth et al., 2005a).
In mid-November, bands of ice form along Edgeøya, and sea surface temperatures
fall below 0 ◦C in Storfjorden. During December the ice cover spreads over the fjord,
reaching an ice concentration of around 70%. South of Storfjorden, sea ice enters into
the model domain from the Barents Sea. This ice accumulates partly on the western
side of Storfjorden, and contributes to high sea-ice concentrations there, the rest flows
around the southern tip of Spitsbergen and melts in the warmer surface waters of the
West Spitsbergen Current (Smedsrud et al., 2006).
During the winter (January-April), sea-ice concentration in Storfjorden changes quite
rapidly in response to wind forcing. During several events the sea-ice velocity is directed
away from land, opening a large polynya. We use the polynya criterion of a a mean ice
thickness <0.3 m from Smedsrud et al. (2006) that also matches the transition between
young and first-year ice (WMO, 1970). The December through April mean polynya area
is 2145 km2 , covering 16.5% of the Storfjorden area. It should be kept in mind that, in
reality, polynya activity will also be influenced by tides, which are not represented in this
simulation, especially close to Freemansundet north of Edgeøya.
The flux of brine from the ice freezing produces the BSW, and is directly proportional
to the sea-ice growth. For the BSW downflow, the polynya events set the location and
timing of the strongest brine release. The largest polynya areas occur during the general
freeze-up, during the early winter ice formation in December and January. In these
months the salt release occurs over most of the northern fjord. During the polynya
events in February - April the brine release occurs within 10-20 km offshore of Edgeøya
(area indicated in Figure 2). Main polynya events after the general freeze up occur on
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6-9 and 25-27 February and 22-24 March in this simulation. Some shorter polynya events
also occur during April, but in May ice formation and salt release has ended.

3.2

Overflow at the Storfjorden sill

The present analysis of the ROMS model results of Storfjorden concentrates on the description of the overflow at the Storfjorden sill and its connection to wind forcing. In
addition the connection between the dense water source at the Storfjorden polynya and
the overflow at the sill is explored. This analysis can to a large degree be compared to
and is an extension of the recent observation-based analysis of current profile data from
the Storfjorden sill (Geyer et al., 2009).
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The magnitude and seasonal cycle of the overflow for the modeled year 1999-2000
(Figure 3) at the point corresponding to the mooring position in 2003-2007 (station 3,
Figure 2) are comparable to the observations reported in Geyer et al. (2009): Strong
and persistent cross-sill flow directed out of the fjord corresponds to cold bottom temperatures, while the flow is intermittent at higher temperatures. The overflow season is
defined as the period between the first and last instance of brine-enriched shelf water
(BSW) flowing across the Storfjorden sill. The standard specifications for BSW are used
here, i.e. T < −1.5 ◦ C and S > 34.8 (Loeng, 1991). The modeled overflow season lasted
from 25 December 1999 to 26 July 2000.
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During the periods of relatively warmer bottom temperatures before the onset of the
overflow season, variations in temperature and cross-sill current coincide, reflecting the
south-north horizontal temperature gradient in the vicinity of the sill, that Skogseth et
al. (2005b) described as the ”exchange zone” between Storfjorden and Storfjordrenna.
The strongest out-fjord current is observed early in the overflow season, a phenomenon
also observed in the mean seasonal overflow cycle established from 4 years of observations
in Geyer et al. (2009).
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Figure 4: a) Average current for the cross-sill component of the velocity
grouped according to the bottom current in 5 cm s−1 increments. Black
(gray) traces mark outflow (inflow). b) Histogram of northward bottom
current (vertical bars) and the corresponding average bottom temperature
for each velocity bin (circles).

The correspondence between bottom temperatures and cross-sill current is illustrated
in Figure 4. For the strongest bottom flow directed out of the fjord, bottom temperatures
are close to the freezing point, while for inflow temperatures are above 1 ◦C on average.
The most frequent bottom speeds are between 5 and 15 cm s−1 and directed out of the
fjord. While the currents are intensified towards the bottom for flow directed out of the
fjord, the current is on average directed out of the fjord over the whole water column,
pointing to a background flow directed out of the fjord at the western part of the sill. A
reversion of the surface current with respect to the bottom current is observed only for
the strongest inflow events.
The model data gives the opportunity to explore the spatial structure of the overflow
at the Storfjorden sill. After identifying the overflow season, the average extent of the
BSW, which forms the cold overflow from Storfjorden, for the section along the Storfjorden
sill can be determined (Figure 5). BSW is concentrated mainly on the western side of
the sill where it hugs the western slope and forms a 15 − 20 m thick layer on average.
Along the bottom a thinner layer of about 5 m thickness also stretches further east. Flow
directed out of the fjord is concentrated on the western half of the sill, and while the
flow is intensified close to the bottom, it extents beyond the layer of BSW all the way to
the surface. Large parts of the inflow over the eastern part of the sill are connected to
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Figure 5: Along-sill section of mean temperature (color-coded) and crosssill velocity (white contours) for the overflow season. Contour lines are
drawn in 2.5 cm s−1 increments. Solid lines denote flow directed out of the
fjord, dashed lines denote flow into the fjord. Thick black lines delimit the
average extent of brine-enriched shelf water (BSW) and modified atlantic
water (MAW).

modified Atlantic water. The extent of the BSW is mainly controlled by temperature, not
salinity, as most of the water present during the overflow season has salinities S > 34.8.

3.3

Circulation in Storfjorden

The mean surface circulation is similar to its descriptions from observations and model
studies by Skogseth et al. (2005b, 2007). The dominating feature is a cyclonic surface
circulation in the Storfjorden basin (Figure 6), with the main inflow occurring over the
eastern half of the Storfjorden sill section and across Storfjordbanken, the shallow bank
between the sill and Edgeøya. Inflow also occurs through narrow Freemansundet north
of Edgeøya. Surface outflow from the Storfjorden basin is located across the westernmost part of the Storfjorden sill and the adjacent submarine ridge stretching northwards
towards Spitsbergen.
Deviations from the mean surface circulation and the flow across the sill were evaluated
for strong overflow cases. The strongest overflow with bottom cross-sill velocities uout >
20 cm s−1 (directed out of the fjord) corresponds on average to the following flow changes:
The outflow on the western half of the sill is strengthened, with an intensification towards
the bottom (Figure 7). At the same time the inflow strengthens, both in the middle of the
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Figure 7: Left panel: Difference from mean cross-sill velocity for cases of
strong outflow (cross-sill velocity uout > 20 cm s−1 ). Contour lines are drawn
in 2.5 cm s−1 increments. Solid lines denote flow directed out of the fjord
and zero flow, dotted lines denote flow into the fjord. Right panel: Difference from mean surface circulation in Storfjorden for cases of strong outflow.
Contour lines are 50m-equidistant bathymetry. Thick lines delimit the extent of the Storfjorden basin. The thick black line is the Storfjorden sill.
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sill and on towards the eastern end. The strengthening of the inflow is most intense in the
surface layer (upper 20-30 m). The strengthened surface inflow actually extents all the
way across Storfjordbanken east of the Storfjorden sill (Figure 7). Increased inflow also
occurs through Freemansundet between Edgeøya and Barentsøya. The increased surface
inflow is only partially balanced by increased surface outflow over the ridge northwest of
the sill.

4
4.1

Discussion
Wind forcing of the overflow

Geyer et al. (2009) observed significant coherency between wind forcing and the dense
overflow at the Storfjorden sill for periods longer than 4 days and postulated a wind-driven
surface flow into the fjord and a return flow at depth as the connecting mechanism.
Model data shows enhanced surface flow into the fjord occurring both for wind from
east-northeast (45-90 ◦T, Figure 8) and wind from east-southeast (90-135 ◦T, Figure 9).
The pattern caused by the different wind directions varies insofar, as wind from eastsoutheast pushes water into the fjord all across its southern boundary (Figure 9), while
wind from east-northeast mainly leads to an increased inflow across the plateau east of the
Storfjorden sill (Figure 8). East-northeasterly winds also open the Storfjorden polynya
west of Edgeøya (compare Fig. 2 in Smedsrud et al. (2006)). The connections of polynya
events and overflow are discussed in section 4.2.
It is mainly the situation with east-northeasterly winds, which leads to increased
dense overflow across the Storfjorden sill (Figure 8). While there is also a deeper return
flow for east-southeasterly winds, it is mainly occurring at intermediate depths (Figure
9) and as a weakening of the inflow across the eastern part of sill. The reason is that
winds from east-northeast push the surface water in Storfjorden westward against the
east coast of Spitsbergen. The resulting pileup of water against the coast is the driving
force for a southward return flow at depth. It is also noteworthy how the flow distribution
for this case matches the flow distribution for the strongest overflow incidences at the
Storfjorden sill (Section 3; Figure 7). Therefore the net surface Ekman flux into the fjord,
while giving a good indication to the overflow volume flux, is not directly equivalent to
it (Figure 10).
The overflow flux is strongest early in the overflow season and then declines gradually.
The mean seasonal overflow flux of 0.07 Sv is comparable to the observations (Geyer et al.,
2009). This corresponds to a mean annual overflow flux of 0.04 Sv. Using sea ice statistics
from remote sensing Winsor and Björk (2000) estimate the total dense water production
from polynyas in the Arctic as 0.7-1.2 Sv. This would correspond to Storfjorden supplying
3-6% of this total dense water production. This is not too far from the older estimate by
Quadfasel et al. (1988), which put the contribution from Storfjorden to 5-10%.

4.2

Polynya events and the overflow

The two main influences on the Storfjorden overflow on time scales longer than the tidal
frequencies are the dense water source at the Storfjorden polynya and the wind forcing
in and around Storfjorden. Skogseth et al. (2008) estimate a direct polynya-overflow link
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Figure 8: Left panel: Difference from mean cross-sill velocity for times of
east-northeasterly winds (45-90 ◦T, 86 of 365 days). Contour lines are drawn
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Figure 9: Left panel: Difference from mean cross-sill velocity for times of
east-southeasterly winds (90-135 ◦T, 64 of 365 days). Contour lines are
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47

0.25

Q (Sv)

0.2

0.15

0.1
0.07
0.05

0
Jan

Apr

Jul

Oct

Jan
Apr
Time (month)

Jul

Oct

Jan

Figure 10: Time series of weekly net surface Ekman flux FE into the fjord
(black line) in 1999-2000 compared with the overflow volume flux Q at the
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with 1-3 days time delay from a significant polynya event to an overflow pulse at the sill
provided that the basin first is filled with dense water to the sill level. The ROMS model
data does not support this estimate. It is instead dominated by an immediate overflow
response (less than one day delay) to surface winds from east to northeast directions
(Figure 11g).
Figure 11 gives an overview of the wind influence on the polynya activity, the progression of the resulting temperature and salinity signals into the Storfjorden basin and
to the sill and the direct wind influence on the overflow at the sill: While the polynya
immediately reacts to wind forcing (Figure 11b), the salinity signal of polynya events gets
diluted in the Storfjorden basin (Figure 11c-e).
The reaction of the polynya to wind from favorable directions is strong. All seven
major polynya events during the freezing season in 2000 can be connected to strong
easterly wind events (Figure 11b). The closing of the polynya occurs a few days to two
weeks after the wind forcing ceases. Once the polynya has reached freezing temperature,
all polynya events lead to ice formation and brine rejection visible as local salinity maxima
in the central polynya area (Figure 11c). While the salinity events still are clearly visible
at the slope between the central polynya area and the Storfjorden basin (station 1, Figure
11d), the signal of the events is dampened out in the center of the basin (station 2, Figure
11e). The result is a gradual increase in salinity and density in the basin. Salinities at
the sill closely follow those in the basin, with somewhat greater variability (Figure 11f).
A possible explanation for the greater salinity variability at the sill compared to the
upstream basin, at sill level, might be that strong wind-induced overflow events also
transport water from below the sill level across the sill. Some signal propagation from
the polynya can of course not be excluded, but the salinity variations at the sill adhere
much closer to the wind-driven velocity variations at the sill than to salinity variations
upstream (station 1-2). Salinity variations as a cause for the velocity variations at the
sill can in any case be excluded as the salinity maxima at the sill are occurring with 1-2
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days time lag to the overflow transport maxima.
The ability of the wind forcing to drive out dense water from behind the sill, visible
from strong overflow events not connected to salinity maxima at the sill (Figure 11f-g)
and the dampening of high salinity events in the Storfjorden basin suggests that the dense
water production at the polynya acts rather as a background mechanism: The gradual
salinity increase in the Storfjorden basin provides the brine-enriched shelf water, which
fills up the basin to the sill level and is then flowing over the sill, mainly in the form of
wind-driven pulses.
Considering this analysis of the polynya-overflow link also the possibility of excessive
mixing in the model has to be taken into account, which could dampen the salinity
signal from the polynya too strongly. The mixing scheme used in this study is state-ofthe-art, but Mellow-Yamada schemes and their derivatives have been known to tend to
overly strong mixing. Also the horizontal resolution used in this model run is 2 km, while
Skogseth et al. (2008) recommend the use of fine-grid bathymetric data with resolution of
0.5-1 km for a proper resolution of the dense flow from the polynya area to the Storfjorden
basin, due to the complex bathymetry in the region.

4.3

Overflow width and height at the sill, and their influence
on transport estimates from measurements

The regional ocean model results for the Storfjorden area can also be used to test assumptions commonly made when interpreting field data from the area. The width of the
Storfjorden overflow is a source of great uncertainty for the estimation of volume transports for the Storfjorden overflow (Schauer, 1995; Schauer and Fahrbach, 1999; Geyer et
al., 2009). The model results show that the Storfjorden overflow width can vary substantially reaching more than 40 km during the overflow maximum in February and early
March, thus covering two thirds of the width of the Storfjorden sill and the adjacent slopes
(Figure 12). This agrees with the observation of overflow water along the easternmost
part of the ridge by Skogseth et al. (2008). However, if we look at the corresponding
width wcorr needed to arrive at the correct overflow volume transport
Z z=0
Q = wcorr
uout dz
(2)
z=−H

from profiles of outflow velocity of BSW uout at the location corresponding to the sill
mooring (station 3), the variability is considerably smaller. Except for a few spikes
occurring when the overflow misses the station, the corresponding overflow width is about
15 km throughout the overflow season (Figure 12), in agreement with the width assumed
in Geyer et al. (2009) and earlier publications (Schauer, 1995; Schauer and Fahrbach,
1999). Thus the use of a constant overflow width for overflow transport estimates is
found justified, but it should be kept it mind that this width is not necessarily identical
with the actual overflow width at the sill.
As already explained in section 3, the extent of the brine-enriched shelf water follows
mainly the temperature distribution at the sill, but differs from the velocity distribution.
Due the lack of temperature profiles at the sill, Geyer et al. (2009) estimated the vertical
extent of the overflow from velocity profiles. Our model results allow us to assess any
systematic errors in the overflow flux calculations. Figure 13 compares the overflow height
50

60

50

Width [km]

40

30

20

10

0

Jan

Feb

Mar

Apr
May
Time [month]

Jun

Jul

Figure 12: Time series of overflow width w (grey) and corresponding overflow width wcorr (black) with respect to station profiles at the sill. The
horizontal line denotes the constant overflow width used in Geyer et al.
(2009).

at station 3 calculated directly from water-mass characteristics and velocity profiles to
that calculated by velocity profiles alone using the method laid out in Geyer et al. (2009).
For the main active overflow period from January to April the indirectly-determined
height estimates fit reasonably well the actual height, so that the method captures the
vertical extent of the overflow correctly. For the later and weaker part of the overflow
season from May to July, however, the overflow height is substantially overestimated.
The overestimation is neither connected to bottom velocities or temperatures, but rather
caused by the existence of a warmer outflow at intermediate layers.
The effects of the width and height estimates on the calculated overflow transport
(Geyer et al., 2009) can be seen in Figure 13. Estimates of overflow volume transport
from velocity and hydrographic profiles at station 3 are surprisingly accurate as long as
the hydrographically correct overflow height at station 3 is used. Using overflow height
estimates from velocity profiles at station 3 alone, the overflow estimates are still largely
correct for a large part of the overflow season. Especially for the intermittent overflow
in May to July, however, volume transports are seriously overestimated. As the overestimation is not connected to variables traceable from the current instrumentation at the
Storfjorden sill (bottom-mounted acoustic Doppler current profiler) such as bottom temperature and velocities, no easy remedy can be suggested to solve the problem. A change
of velocity cut-off parameters used to determine the overflow height for the last part of
the overflow season would give more correct transport estimates. However, intermittent
overflow and the occurrence of overflow height overestimations are not exact equivalents
as Figure 13 illustrates, as gaps in the overflow are already occurring in March, when
the overflow height is still correctly estimated, and in early May the overflow height is
overestimated in spite of relatively steady transports. Therefore such an approach would
imply a certain level of arbitrariness and is not recommended.
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Conclusions

The regional ocean model system (ROMS) data presented here realistically reproduces
one freezing and overflow season in Storfjorden. The overflow volume transport of brineenriched shelf water (BSW) at the sill is strongly connected to wind forcing. Wind from
east-northeast causes increased surface inflow into Storfjorden across Storfjordbanken
between the sill and Edgeøya and a return flow at depth in the western part of the
sill, which strengthens the dense overflow. While the Storfjorden polynya also reacts
strongly to easterly winds causing ice formation and BSW production, the locally strong
signal gets dampened when the newly formed dense water flows into the Storfjorden
basin, where it produces a gradual increase in local salinity and density. Thus, while the
brine-enriched shelf water production at the Storfjorden polynya is absolutely essential to
the overflow, the overflow variability seems to be rather wind driven than controlled by
specific polynya events. The overflow width at the sill varies widely reaching more than
52

40 km at maximum. However, the common constant width assumption used to estimate
volume transports from point measurements seems to hold rather well. Overflow height
estimates from current profiles at the sill are reasonably accurate during the most active
part of the overflow season, but can lead to transport overestimates especially late in the
overflow season.
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Abstract
Observations were made of oceanic currents, hydrography and microstructure
in the southern Yermak Plateau (YP) during weak atmospheric forcing in summer
2007. The location is in the Marginal Ice Zone, at the Arctic Front northwest of
Svalbard where the warm West Spitsbergen Current (WSC) flows into the Arctic
Ocean. Time series of approximately one-day duration from five stations (upper 500
m) and 8-day duration from a mooring are analyzed to describe the characteristics
of internal waves and turbulent mixing. The spectral composition of internal wave
field is 0.1-0.3 times the mid-latitude levels and compares with the most energetic
levels in the central Arctic, but is significantly lower than that on the northern YP.
Dissipation rate and eddy diffusivity below the pycnocline increase from the noise
level on the cold side of the front by up to one order of magnitude on the warm side
where 100-m thick layers with average diffusivity of 5×10−5 m2 s−1 lead to heat loss
from the Atlantic Water of 2-4 W m−2 . Dissipation in the upper 150 m, covering
the pycnocline, is well above the noise level at all stations, but strong stratification
at the cold side of the front prohibits mixing across the pycnocline. Close to the
shelf, at the core of the Svalbard branch of WSC, diffusivity increases by another

59

factor of 3 to 6. Here, near-bottom mixing removes 15 W m−2 of heat from the
Atlantic layer. Internal wave activity and mixing are found to be spatially highly
variable. The cooling and freshening of the Atlantic inflow will thus be affected by
the path it follows. When generalized to the Arctic Ocean, internal-wave mixing
away from abyssal plains can be significant for the heat budget. Around YP, on the
other hand, diapycnal mixing is unlikely to have regional significance, although it
can be important locally and influence the heat anomaly pulses entering the Arctic
Ocean.

1

Introduction

The oceanic heat transport to the Arctic constitutes a potentially important term in
the delicate energy balance of the Arctic Ocean (Morison, 1991). Warm and saline Atlantic Water (AW) carried northward with the West Spitsbergen Current (WSC) is the
principal contribution of salt and oceanic heat to the Arctic Ocean (Aagaard et al., 1987;
Schauer et al., 2008). On its northward path, the WSC cools and freshens through several
processes. At the surface, heat is lost directly to atmosphere and to melt ice (Aagaard
et al., 1987; Boyd and D’Asaro, 1994; Saloranta and Haugan, 2004; Cokelet et al., 2008;
Sirevaag and Fer, 2009). Subsurface heat loss is comparable and is attributed to eddies
diffusing heat along steeply sloping isopycnal surfaces (Boyd and D’Asaro, 1994), crossshelf exchange with colder water (Saloranta and Haugan, 2004; Nilsen et al., 2006; Cottier
et al., 2005, 2007), and to turbulent mixing induced by currents and internal waves over
topography (Padman and Dillon, 1991; Sirevaag and Fer, 2009).
The final passage of the WSC to the Arctic is over the Yermak Plateau (YP), a
bathymetric feature northwest of Svalbard. YP is identified as a region of enhanced
tidal variability for both diurnal (Hunkins, 1986; Padman and Dillon, 1991; Padman
et al., 1992) and semidiurnal tides (Gammelsrød and Rudels, 1983; D’Asaro and Morison,
1992). Earlier measurements typically obtained from buoys or ice stations drifting over
the outer northern or central part of the plateau characterized YP as enhanced internal
wave activity and mixing (e.g., Padman and Dillon, 1991; Wijesekera et al., 1993).
The diverging isobaths south of YP splits the WSC and distributes the AW in three
main branches (Quadfasel et al., 1987; Manley et al., 1992); the Svalbard branch (Aagaard
et al., 1987; Manley et al., 1992; Saloranta and Haugan, 2001; Cokelet et al., 2008) along
the upper continental slope inshore of the plateau, the Yermak branch (Manley et al.,
1992; Manley, 1995) along the northwestern slope of YP, and the recirculating branch
in the Fram Strait between 78–80◦N flowing south with the Return Atlantic Current.
According to the estimates of Manley (1995) only about 55% of AW enters the Arctic
Ocean (about 35% in the Svalbard branch and 20% in the Yermak branch). The fate of
the Yermak branch, i.e. the path and partitioning between the recirculation in the Fram
Strait and the Arctic inflow around or over the YP, is relatively uncertain (Perkin and
Lewis, 1984; Bourke et al., 1988; Muench et al., 1992; Manley, 1995; Gascard et al., 1995).
In this study, we present data from the southern YP contrasting previous observations
of enhanced mixing from the northern flanks. Profoundly different mixing rates between
the northern and southern flanks of the plateau suggest that the cooling and freshening
of the WSC will depend on the path it follows over or around the plateau.
Current measurements from a drifting buoy showed that energy increased threefold
60

from its level in the Nansen Basin as the buoy passed over the YP (Plueddemann, 1992),
dominated by peaks at diurnal and near-inertial (semidiurnal) period motions. Energetic
bursts of near-inertial internal wave packets were inferred to propagate upwards, presumably generated by interaction of tide with the bottom. Similarly, D’Asaro and Morison
(1992) identified upward propagating near-inertial waves and enhanced eddy diffusivity
over the central plateau. Average ocean-to-ice heat flux of 22 W m−2 was inferred from
an automated buoy as it drifted over the northern YP (McPhee et al., 2003). Similar
elevated mixing and heat fluxes were observed over the shelves north of Svalbard (Sirevaag and Fer, 2009). Diapycnal mixing over topography and shelves north of Svalbard
undoubtedly play a significant role in cooling of the Yermak and Svalbard branches. However, the mixing processes and energetics are highly variable around YP and particularly
energetic regions are not representative of the entire plateau.
The aim of this study is to investigate the role of tides, internal waves and topography
in mixing near the Yermak Plateau. To this extend, we use daily time series of finescale
and microstructure measurements at stations near the ice edge over southern YP. Present
work has implications, broader than the study site, for the Arctic Ocean in general.
Although peripheral regions such as YP are home to anomalously large tidal velocities
(30-40 cm s−1 , Padman et al., 1992; Padman and Erofeeva, 2004), the maximum tidal
velocities over most of the central Arctic Ocean are sufficient (5–10 cm s−1 , Kowalik and
Proshutinsky, 1993) to generate internal waves over suitable topography such as midbasin ridges and the continental shelf break. Furthermore, studies in the Marginal Ice
Zone (MIZ) can aid understanding how the decreasing trend in Arctic ice cover (Giles
et al., 2008) will affect the vertical mixing. Presently, the Arctic Ocean is a remarkably
quiescent environment (Rainville and Winsor, 2008; Fer, 2009). Maintenance of this
weak turbulent mixing in the interior Arctic Ocean is crucial for the cold halocline layer
(Fer, 2009), hence the ice cover, and the AW layer circulation (Zhang and Steele, 2007).
However, recent finding shows that large inertial waves, enhanced shear and mixing are
tightly related to the absence of sea-ice (Rainville and Woodgate, 2009). Projected into
the prospect of seasonally ice-free Arctic, increase in vertical mixing will have potential
impacts on the heat content in the upper layer circulation, nutrients and the ecosystem.
The site and the data set are described in Section 2, followed by the environmental
forcing and the oceanographic context (Section 3). Subsequently, the methods are detailed in Section 4, followed by our results. Implications for the regional scale and the
Arctic Ocean heat budget are discussed in Section 11 followed by a summary.

2

Location and Sampling

We use a sub-set of data collected aboard the R.V. Håkon Mosby near the YP and the
eastern Fram Strait in summer 2007. R.V. Håkon Mosby is an open-water vessel, so our
sampling was limited by the ice edge which was located over the southern YP during
the cruise (Fig. 1). In this study, we analyze dedicated microstructure and finestructure
profiles from five stations with each approximately one-day occupation, and data from
a 8-day long mooring close to the ice edge (Fig. 1), in the Arctic Front. Details of the
instrumentation and sampling are summarized below.
A total of 185 CTD (conductivity, temperature, depth) full-depth profiles were col61
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Figure 1: a) Location map of the study area with the Yermak Plateau
(YP) enlarged in b). Isobaths are drawn at 1000 m intervals in a), and
at 250 m intervals to 1000 m followed by 1000 m intervals in b). Stations 1 to 5 are marked. Station 5 is co-located with the short-term
mooring (rectangle). The ice-edge digitized from high-resolution ice charts
(http://polarview.org/services/hric.htm) provided by the Norwegian Meteorological Institute are shown for 23 (dashed black) and 25 July 2007
(green). For reference, approximate (digitized manually) drifts of earlier ice
stations are marked: FRAM-III and FRAM-IV (Hunkins, 1986), MIZEX83
(D’Asaro and Morison, 1992), MIZEX84 (Eckert and Foster, 1990), Polarstern ARK-IV/3 (D’Asaro and Morison, 1992), CEAREX-O (Padman
and Dillon, 1991), and AEDB (Plueddemann, 1992). The circle toward the
southern end of the FRAM-III drift is the location where the 5-day duration
thermistor chain data reported in Levine et al. (1985) were collected.
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lected using a SeaBird Electronics SBE911plus system. In order to correct the CTDderived salinity, one salinity sample per cast was drawn and analyzed with a Guildline
Portasal 8410 salinometer. The CTD sensor accuracies provided by the manufacturer
are 1 dbar, 1 × 10−3 ◦ C, and 3 × 10−4 S m−1 for pressure, temperature and conductivity,
respectively. Downcast CTD data, sampled at 24 Hz, were processed in 1 dbar (∼ 1 m)
vertical averages following standard post-processing routines.
Microstructure profiles were collected in the upper 520 m, or down to about 10 m above
bottom for shallower depth, using a loosely-tethered free-fall profiler (model MSS90L,
MSS hereinafter) manufactured by ISW Wassermesstechnik, Germany. The profiler was
ballasted to fall at a rate of about 0.6 m s−1 . MSS was equipped with two airfoil shear
probes, fast response conductivity and temperature, an acceleration sensor and conventional CTD sensors, all sampling at 1024 Hz. In total, 222 casts were made while the
vessel was drifting with the engines and thrusters switched off. Post-processing follows
Fer (2006). MSS-derived CTD profiles were averaged to 10-cm vertical resolution and
corrected against the SBE-CTD from 86 joint casts separated by less than 1.5 hours. Profiles of dissipation rate of turbulent kinetic energy (TKE) per unit mass, ǫ , are obtained
as 1 dbar vertical averages assuming isotropy. Diapycnal eddy diffusivity, Kρ = ΓǫN −2 ,
is calculated assuming a balance between the production of TKE, its dissipation, ǫ, and
the diapycnal buoyancy flux, Γǫ (Osborn, 1980). We use the common value of Γ = 0.2
(Moum, 1996), corresponding to 17% mixing efficiency, and obtain the buoyancy frequency N = − [(g/ρ) (dρ/dz)]−1/2 from sorted σθ profiles smoothed over 4-m vertically.
The noise level in ǫ measurements is 3–5×10−10 W kg−1 .
A vessel-mounted RDI Narrowband 150 kHz acoustic Doppler current profiler (VMADCP) continuously collected 5-minute averaged current profiles in the upper 360 m in 4m bins. Additionally, current measurements were made by eXpendable Current Profilers
(XCP, Lockheed Martin Sippican, Inc.) (Sanford et al., 1993). The XCP samples relative
horizontal velocity, compass, and temperature to a depth of 1500 m. Depth is inferred
from time using a known fall rate at a vertical resolution of about 0.4 m.
Table 1: Summary of station position and sampling duration. ∆x is the
mean ± one standard deviation (SD) horizontal displacement from the mean
station position. Echo depth is the mean ± one SD over the station duration. 5-M is the mooring located near Station 5.
Station
1
2
3
4
5
5-M
a

Latitude
(N)
80◦ 7.95′
80◦ 25.14′
80◦ 34.0′
80◦ 0.57′
80◦ 0.1′
79◦ 59.78′

Longitude
(E)
4◦ 18.10′
6◦ 55.24′
9◦ 46.73′
9◦ 59.25′
5◦ 58.10′
5◦ 55.95′

∆x
Duration (h)
(km)
MSS/ADCP
2.0 ± 1.3
24.1 / 24.3
0.9 ± 0.6
23.1 / 24.7
1.5 ± 1.4
22.7 / 8.8
1.7 ± 1.2
24.4 / 18.8
2.2 ± 1.2
24.2 / 4.6
–
195.5 / 15.1 a

Echo Depth
(m)
1253 ± 57
637 ± 9
1000 ± 86
484 ± 4
879 ± 29
889

Duration of Microcat sampling / Duration of Longranger sampling.

During the cruise, five day-long stations were occupied (Fig. 1 and Table 2) when
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microstructure profiles were collected approximately every 30-60 minutes with concurrent
continuous VM-ADCP sampling. Depending on the drift, the ship was repositioned
typically 5 to 7 times during each station. VM-ADCP pings during maneuvering the ship
and when maintaining the position by dynamical positioning during a CTD cast were
excluded, leaving gaps in the time series. Six XCP probes were successfully deployed at
Station 1 at approximately 4 hours interval. Only two out of seven XCPs dropped at
Station 3 returned usable data.
Shipboard measurements were supplemented by a short-term mooring at 79◦ 59.78′
N, 5◦ 55.95′ E (co-located with Station 5) at a depth of 889 m. The mooring was
deployed on 23 July 2007 1039 UTC and retrieved on 31 July 2007 1424 UTC. The
mooring consisted of 19 SBE37 Microcats distributed between 99 – 873 m, a RDI 75-kHz
Longranger ADCP at ∼ 2 m above the bottom looking upward, and an Aanderaa RCM
Seaguard at 23 m depth in the pycnocline where N = 7.8 cph. Microcats were set to
average 10 samples every minute. The vertical distribution of the Microcats are marked
on Fig. 11, introduced later. The Seaguard pinged continuously and averaged 300 pings
at 1 minute intervals. The Longranger sampled 1 minute averages of 27 pings in 8-m
size depth cells, but returned only 15.1 h of data early in the deployment, due to a leak
through its pressure sensor. During this period, data of high quality are obtained between
296 – 864 m depth (576 m vertical range), using both three and four beam solutions with
percent good better than 70% and error velocity less than 5 cm s−1 .

3

Environmental Conditions

Meteorological data recorded by the ship’s mast, and the tidal elevation for the duration
of the cruise show the different conditions during the occupation of the stations (Fig. 2).
Tidal surface elevation is inferred from the 5-km resolution Arctic Ocean Tidal Inverse
Model (AOTIM-5, Padman and Erofeeva, 2004) for the position of Station 5 (co-located
with the mooring). This location is chosen to allow for comparison with the near-bottom
pressure recorded by the deepest Microcat (gray trace in Fig. 2a). Keeping in mind that
the Microcat is about 15 m above the sea bed (i.e., total pressure at the bottom is not
resolved), the pressure anomaly compares well with the AOTIM-5 tidal elevation both in
amplitude and phase, and lends confidence for the model results. The first two stations
were worked during neap tides, followed by Stations 3 to 5 during transition to spring
tides. Among all stations, Station 5 had the largest tidal range, comparable to the spring
tides. The mooring was deployed prior to Station 1 and recovered after Station 5.
Wind speeds during the cruise were moderate to low, especially calm during the later
stations, and exceeded 10 m s−1 only for short stretches of time. Air temperatures were
near or below zero near the ice edge at Stations 1, 2, and 5, and between 3 ◦ C and 6
◦
C elsewhere over the YP. Marked differences between air and sea-surface temperatures
during Stations 1 to 3 correspond to non-radiative heat fluxes (sum of sensible and latent
heat flux using Fairall et al., 1996) of 25 W m−2 (Station 1) and -50 to -20 W m−2
(Stations 2 and 3) where positive heat flux is directed into the ocean.
Tidal ellipses derived from AOTIM-5 at the position of each station show comparably
strong semidiurnal (M2 ) and diurnal (K1 ) currents (Fig. 3). Tidal forcing is discussed
further in Section 5.
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Figure 2: Environmental conditions during the cruise. Time of occupation
of Stations 1 to 5 is marked. a) (black) Surface elevation due to tides
inferred from AOTIM-5 model results for 8 tidal constituents at the position
of Station 5. The pressure anomaly recorded by the bottom-most SBE
Microcat at 15 m above the seabed is also shown (gray). Time series of b)
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Figure 3: Tidal ellipses at the station locations for the K1 and M2 constituents derived using AOTIM-5 data. Direction of rotation is clockwise
for all ellipses. Scale indicated is valid for both constituents.

The main hydrographic feature interacting with the topography of the YP is the
northern tongue of the WSC, which submerges under the surface melt water surrounding
the summer pack ice north of Svalbard (Aagaard et al., 1987; Cokelet et al., 2008). Its
temperature signal can be seen in Fig. 4. The WSC, identified by water temperature
above 3 ◦ C, follows the shelf break west of Svalbard and then partly crosses the plateau
northwest of Svalbard. Surface temperatures rapidly decline toward the ice edge, while
subsurface temperatures suggest submerging of the warm current under the colder melt
water close to the ice edge.

4

Methods

In order to characterize the internal wave field and energetics during the cruise, the
data set is used to infer semidiurnal baroclinic energy fluxes and obtain frequency and
vertical wavenumber spectral descriptions of horizontal current and vertical isopycnal
displacement. These are then compared to internal wave models representative of the
ocean interior. The methods involved are summarized below. The description is rather
technical and the non-specialist reader can proceed to Section 5.

4.1

Energy and Energy Flux

The calculation of the baroclinic energetics for a sinusoidal wave requires perturbation
profiles of velocity and pressure isolated at the corresponding frequency band, over the
whole water column and for an integer number of wave period. We apply harmonic
analysis to determine the amplitude and phase of the semidiurnal wave, generate full66
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Figure 4: Temperature fields at a) 3 m and b) 100 m depth derived using
all CTD and MSS stations (dots). Day-long station positions (open circles)
and the ice edge on 25 July 2007 (dashed white/magenta line) are shown for
reference. Contours are drawn using objective analysis with a de-correlation
scale of 0.7◦ in meridional and 1.5◦ in zonal direction.

period times series and project them onto flat-bottom vertical modal shapes obtained
using the average stratification profile for each station. Subsequent sections detail the
methods involved in each step. In the following, h·it , h·iz and h·iφ indicate averaging over
time, depth and (semidiurnal) wave period, respectively. At all stations, density profiles
are available for nearly two semidiurnal cycles (day-long time series). Comparably long
time series are obtained from VM-ADCP at stations 1, 2 and 4 (Table 2). Stations 3 and
5 however, have too short VM-ADCP sampling duration to resolvethe semidiurnal wave
and are excluded from the analysis. Near full-depth, between 23 – 864 m, 15.1 hour-long
current profiles recorded by the moored instruments (the Seaguard and the Longranger)
allow for energy flux calculations at the mooring location (Station 5).
4.1.1

Baroclinic perturbation calculations

Barotropic velocity is approximated by depth averaging uBT (t) = hu(z, t)iz . This approximation is valid because the shear in the surface and bottom boundary layers are not
resolved by the moored instruments and the VM-ADCP. Baroclinic velocity is calculated
at each time by removing the barotropic contribution, uBC (z, t) = u(z, t) − uBT (t).
Baroclinic perturbation fields of velocity, u′ , vertical displacement, ξ, and reduced
pressure, p′ , (pressure anomaly divided by the mean density ρ0 ) are calculated similar
to the methods described in Kunze et al. (2002) and Nash et al. (2005). Baroclinic
perturbation velocity is u′ (z, t) = uBC (z, t) − hu(z, t)it . Vertical isopycnal displacement
profiles, ξ(z, t), are constructed by interpolating to depth from displacements of isopycnals
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from their station time-mean depth, ξ(σθ , t) = z(σθ , t)−hz(σθ , t)it . For the mooring data,
displacements are calculated relative to 24-h moving average density profiles.
Barotropic flow over a sloping bottom will induce (barotropic) vertical displacement
which increases linearly with depth (Baines, 1982). Following Kunze et al. (2002), we
remove this barotropic contribution, estimated by fitting a line with zero intercept to
each vertical displacement profile. Pressure anomalies are inferred from ξ assuming a
hydrostatic balance (valid for semidiurnal frequency, ω ≪ N), integrating with depth
and removing the full-depth average (second term on the rhs of Eq. 1) in order to satisfy
baroclinicity (i.e., depth-averaged pressure perturbation must vanish). Reduced pressure
anomaly in units of J kg−1 is
′

p (z, t) =

Z0

2

hN (z, t)it ξ(z, t)dz − h

z

4.1.2

Z0

hN 2 (z, t)it ξ(z, t)dziz=−H

(1)

z

Semidiurnal fits

In order to infer the baroclinic semidiurnal energy flux, we isolate the semidiurnal band
in the perturbation time series. The semidiurnal frequency ωM 2 = 1.405 × 10−4 s−1
∼ 0.0804 cph (cycles per hour) is sub-inertial at 80◦ N where the inertial frequency is
f = 1.44 × 10−4 s−1 ∼ 0.0825 cph ∼ 1.025ωM 2, and they cannot be distinguished due to
short record length. Therefore semidiurnal must be understood as the near-inertial band
throughout the paper. The semidiurnal fluctuation x̃M 2 of a perturbation variable x′ is
estimated using harmonic analysis:
x̃M 2 (z, t) = hx′ it + xM 2 (z) + cos (ωM 2 t − φxM 2 (z))
by minimizing the residual R(z) in a least-square sense to determine the coefficients in
x′ (z, t) = A(z) cos (ωM 2 t) + B(z) sin (ωM 2 t) + R(z),
1/2

where the amplitude profile is xM 2 (z) = (A(z)2 + B(z)2 )
and the phase profile is
φxM 2 (z) = arctan (B(z)/A(z)). The harmonic analysis is applied to u′ , ξ and p′ . High
frequency sampled data (VM-ADCP and mooring data) are hourly averaged prior to harmonic analysis. Semidiurnal fits for the horizontal velocity components explain a major
fraction of the total variance at the stations, whereas semidiurnal vertical displacement
accounts for relatively less of the observed variance. An overview of depth mean, standard deviation and maximum values of the variance explained is given for each station
in Table 4.1.2. For comparison, when the analysis is repeated by including both K1
(ωK1 = 7.292 × 10−5 s−1 ) and M2 constituents, the variance explained by M2 is within
5% of the values in Table 4.1.2. At Stations 1 and 2, where there are long enough VMADCP data to fit both constituents, K1 accounts for 20-25% of the horizontal velocity.
Diurnal vertical displacement accounts for 20-40% at Stations 1 to 4 and dominante with
57% at Station 5. The diurnal component is clearly important at YP, but because it
is significantly sub-inertial, we exclude it from the internal wave energetics discussion.
The semidiurnal internal tides, on the other hand, are marginally sub-intertial and may
propagate in the presence of sufficient cyclonic background relative vorticity, or might
be trapped near their generation site by topography, leading to enhanced near-inertial
currents.
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Table 2: Variance explained by the semidiurnal fits to the horizontal velocity
and vertical displacement, ξ, profiles. Values are given for the depth average,
standard deviation and the maximum value. For Stations 1 to 5 velocity
profiles recorded by the VM-ADCP and ξ inferred from MSS profiles are
used.
Station
1
1-XCP a
2
3
4
5
5-M b

u (%)
mean/std/max
44 / 21 / 87
69 / 27 / 99
53 / 20 / 85
-/-/24 / 17 / 70
-/-/54 / 27 / 94

v (%)
mean/std/max
32 / 18 / 74
63 / 23 / 99
60 / 20 / 93
-/-/35 / 18 / 75
-/-/73 / 19 / 92

ξ (%)
mean/std/max
36 / 18 / 74
37 / 23 / 98
42 / 23 / 83
41 / 20 / 87
20 / 14 / 61
21 / 16 / 68
6 / 4 / 17

a

Velocity profiles recorded by the XCPs, and ξ inferred from XCP temperature profiles are used.
b
Velocity profiles recorded by the moored Longranger and Seaguard and ξ
inferred from the moored Microcats are used.

4.1.3

Vertical modes

Constructed baroclinic semidiurnal time series are used to derive full depth profiles of ũ,
ξ˜ and p̃. At each time, the corresponding vertical profile is projected onto orthogonal
vertical modes with vertical structure G of each mode j governed by (Phillips, 1977)
 2 
N (z)
dG2 (z)
+
G(z) = 0,
2
dz
c2j

(2)

where cj is the eigenspeed. Modal structures for the vertical velocity and displacement
scale with G(z) whereas those for the horizontal velocity are proportional to dG(z)/dz.
Here, Eq. 2 is solved numerically for each station, using the station mean N 2 (z) and the
boundary conditions G(−H) = G(0) = 0, where H is the total depth. Modal amplitudes
are then obtained by weighted least-squares fitting. The full-depth semidiurnal horizontal
velocity perturbation
profile, for example, can then be constructed as the sum over modes
P
as ũ(z, t) =
Uj (t)dGj (z)/dz, where Uj is the amplitude of the horizontal velocity for
mode j. When averaged over each station’s duration, the first three modes account for
practically all the semidiurnal variance. The first mode alone explains 70-96% of the
semidiurnal horizontal velocity at Stations 1, 2 and 4 (with sufficient ADCP duration)
and of 89-100% of the vertical displacement at all stations. For the mooring data, the
first baroclinic mode explains 60% of the horizontal velocity (15.1 h of sampling) and
98% of the isopycnal displacement (8 days of sampling).
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4.1.4

Wentzel-Kramers-Brillouin Scaling

Although the stations are closely spaced, the stratification differs significantly as a result
of lateral gradients in proximity to the ice edge and the Arctic Front. In order to account
for the varying stratification (see Figs. 8 and 9 introduced later), we apply WentzelKramers-Brillouin (WKB) scaling (Leaman and Sanford, 1975) using the survey mean
stratification of N0 = 2.4 × 10−4 s−1 ≡ 1.38 cph as the referenceRbuoyancy frequency. The
0
stretched depth for a given station mean N(z) profile is zwkb = z N(z)/N0 dz. Horizontal
velocity and pressure scale as (N0 /N(z))1/2 , and vertical velocity and displacement scale
as (N(z)/N0 ))1/2 . Table 4.1.4 lists the stretched water depth and the percentage of
the stretched water column covered by the MSS, VM-ADCP and moored instruments.
Although the sampling was limited to the upper 520 m (MSS) and 360 m (VM-ADCP),
64-99% (MSS) and 49-73% (VM-ADCP) of the stretched water column were covered.
Portion of the mooring densely equipped with Microcats covers 75% of the stretched
depth.
Table 3: Water column coverage in WKB-scaled depth (stretched meter,
sm). Range used is 3 – 500 m for MSS and 12 – 360 m for the VM-ADCP.
5-M is the mooring located near Station 5.
Station Water Depth
(sm)
1
1147
2
715
3
828
4
567
5
988
5-M
990
a
b

4.1.5

Coverage (sm)
MSS
11 – 741
7 – 609
8 – 556
6 – 567
40 – 729
–

Coverage (sm)
Coverage (%)
VM-ADCP
MSS/VM-ADCP
61 – 662
64/52
31 – 507
84/67
28 – 440
66/50
23 – 438
99/73
154 – 642
70/49
245 – 987 a
75 b

Range covered by the moored instruments, 23 – 873 m.
Percentage of the stretched depth covered by the moored instruments.

Energy and energy flux calculations

Full-depth and full-period baroclinic semidiurnal fields are constructed as the sum of
the first 10 baroclinic modes. Baroclinic horizontal kinetic energy HKE and available
potential energy APE in units of J m−3 are obtained from
ρ0
hũ(z, t)2 + ṽ(z, t)2 iφ
2
ρ0
APE(z) = hN(z)2 it hξ(z, t)2 iφ .
2

HKE(z) =

(3)

Horizontal baroclinic energy flux is obtained as
FEu (z) = hũ(z, t)p̃(z, t)iφ .
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(4)

We focus only on the vertically integrated baroclinic energy flux because of the ambiguity
in determining the constant of integration to estimate the flux profiles over topography
(Gerkema and van Haren, 2007). In our study, following the common practice, we fix the
constant by the baroclinicity condition for pressure, which is not valid near topographic
features. Nevertheless, the depth integrated fluxes are independent of the integration
constant and can be used with confidence (Gerkema and van Haren, 2007). The calculations, however, suffer from the short sampling duration, and from the uncertainty
propagated from modal fits to vertically gappy sampling. Errors and systematic bias for
a variety of sampling schemes are discussed in Nash et al. (2006) who performed Monte
Carlo simulations with synthetically generated data, representative of the Hawaiian Ridge
(hence, a large signal-to-noise ratio). Full depth profiles sampled by 6 profiles spanning
15 hours lead to estimates of semidiurnal depth-integrated energy flux with 10% error,
unbiased extimates can be computed by 4 profiles over 12 hours. This error is representative of our XCP sampling at Station 1 with 6 casts spanning 20 hours. For the case
of vertically gappy sampling, larger gaps can be tolerated near the bottom after WKB
scaling (as in the case of our MSS and VM-ADCP sampling), but estimates are sensititive
to the data near the surface. This, however, ignores the possible contamination of the
semidiurnal band by the near-inertial frequency non-tidal waves at high latitudes. Our
sampling scheme is imperfect, both vertically and temporally, but has a reasonably good
coverage of the stretched water column with typically 20-26 (MSS and hourly-averaged
VM-ADCP) profiles spanning two semidiurnal cycles. We expect unbiased estimates with
error less than 50% in our semidiurnal depth-integrated energy flux calculation.

4.2

Tidal Fluxes Inferred from AOTIM-5

Tidal currents and topography for the calculation of tidal fluxes are obtained from
AOTIM-5 (Padman and Erofeeva, 2004). Barotropic flux due to surface tide is (Pugh,
1987; Althaus et al., 2003)
FEBT =

ρ0 gHu0η0 cos (Gu − Gη )
,
2

(5)

where H is the water depth, η0 and u0 are the amplitude of the barotropic surface
elevation and velocity, and Gu and Gη are the corresponding phases.
An upper bound on the internal tide energy flux due to barotropic tide topography
interaction is estimated following Nash et al. (2006). Barotropic tidal currents over
topography induce a periodic body force Fb = N 2 wBT ω −1 , where N is the buoyancy
frequency, ω is the angular tidal frequency, and wBT = uBT · ∇H(z/H) is the vertical
velocity induced by the barotropic current uBT at total water depth of H (Baines, 1982).
The rate of work resulting from the interaction of tidal current and topography is Fb wBT .
Neglecting dissipation and assuming that all work is used to generate internal waves, the
depth-integrated energy flux across a section bounded by points x1 and x2 would be

Z x2  Z 0
∆FE =
hFb wBT iφ dz dx,
(6)
x1

−H(x)

Observations at the Hawaiian ridge (Nash et al., 2006) and numerical simulations (Khatiwala, 2003) indicate that ∆FE is an upper bound on internal tide energy flux.
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4.3

Garrett and Munk Spectrum

In the stratified ocean interior, the internal wave continuum is reasonably well represented by the empirical model of Garrett-Munk (GM) (Garrett and Munk, 1972; Cairns
and Williams, 1976). GM spectral description serves as a tool for both comparing different data sets and for inferring an order of magnitude estimate of diapycnal mixing
using finescale parameterizations (Section 10). The GM model has been revised through
the years and earlier observations were compared to various versions. In this paper, to
be consistent in comparing with earlier work, we use three variants of the GM spectra;
GM79 in the form given in Levine et al. (1985), GM75 (Garrett and Munk, 1975), and
GM76 (Cairns and Williams, 1976). We use the frequency spectrum, so-called moored
spectrum, of GM79. We use the vertical wavenumber spectrum, so-called dropped spectrum, of GM75 and GM76 for the horizontal current, shear and strain (vertical derivative of isopycnal displacement). GM spectra are characterized by a prescribed spectral
slope and four model parameters; EGM = 6.3 × 10−5 is the GM non-dimensional energy level, b = 1300 m is the vertical depth scale of exponential stratification profile
N(z) = N0 exp(−z/b) with amplitude N0 = 3 cph, and j⋆ is the non-dimensional vertical
mode number. GM75 and GM76 spectra differ in the slope of the spectrum (2.5 and
2, respectively) and the vertical mode number j⋆ (6 and 3, respectively). In GM79 ,
following Levine et al. (1985), the four GM model parameters can be written in terms of
an energy level, r, and a wavenumber bandwidth parameter, t:
r = EGM b2 N0
t=

j⋆
2N0 b

(7)
(8)

The canonical GM value of the energy level is r = 320 m2 cph (standard mid-latitude
value). The range of r in the Arctic Ocean vary between 3 and 100, according to the data
compiled by Levine et al. (1985). The dimensional GM energy density is rN (N/N0 ) ∼
0.003 (N/N0 ) J kg−1 , where N is the local stratification. The moored frequency spectra
of vertical displacement and horizontal velocity, expressed in cyclic units, can be written
as
1/2
2rf (ω 2 − f 2 )
Φξ (ω) =
, and
(9)
πN
ω3
(ω 2 + f 2 )
ΦV (ω) = 2 × ΦHKE (ω) = 8πrf N
,
(10)
ω 3 (ω 2 − f 2 )1/2
as a function of local values of the inertial frequency, f , and the buoyancy frequency, N.
The coherence between isopycnal displacements at two levels separated vertically by ∆z,
so-called moored vertical coherence (MVC), is
h
1/2 i
MV C (ω) = exp −2πt∆z N 2 − ω 2
.
(11)

This form is after Desaubies (1976), where coherence increases toward the local buoyancy
frequency, i.e., the GM approximation N 2 − ω 2 ≈ N 2 is not made in Eq.11.
In calculating GM76 shear and strain spectra, we follow the appendix in Gregg and
Kunze (1991).
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5

Tidal Forcing

The Yermak Plateau is a region of pronounced diurnal currents (Padman et al., 1992).
Diurnal tide is amplified as a result of topographic shelf waves at diurnal frequencies
generated over sufficiently steep slopes (Padman et al., 1992; Chen et al., 2009). Topographic enhancement of diurnal tidal currents near YP has important consequences for
the regional circulation and ice cover; stress divergence due to tidal current influence ice
deformation, strong cross slope tidal currents lead to high-frequency internal wave packets
and high diapycnal mixing, and tidal rectification can account for mean anti-cyclonic AW
circulation around the plateau (Padman et al., 1992). However, barotropic diurnal shelf
waves cannot propagate freely along the perimeter of the YP, and anomalous currents
are localized.
Maximum velocities during a spring-neap cycle inferred from AOTIM-5 using 8 tidal
constituents exceed 40 cm s−1 in localized regions over the plateau and over the shelf
north of Svalbard close to our Station 4 (Fig. 5c). Large maximum tidal velocity is
near the seamount, over the plateau, where D’Asaro and Morison (1992) inferred eddy
diffusivities greater than 10−4 m2 s−1 from XCP-shear. Over the plateau, close to the
CEAREX-O camp, maximum tidal velocity is more than 5 cm s−1 greater than that at
our stations.
Barotropic tidal fluxes (Section 44.2) from AOTIM-5 are shown in Fig. 5a and 5b.
Semidiurnal tide has a typical poleward flux (Fig. 5a) whereas diurnal tidal flux is diverging over the plateau with near zero values at the top of the plateau. These can be
compared to K1 and M2 tidal fluxes around Svalbard shown in Chen et al. (2009). The
limited region shown in Fig. 5 is zoom into a pattern in which the M2 energy propagates
CW around the Svalbard islands whereas K1 tidal energy is mainly trapped at steep
bottom topography.
An upper limit on the baroclinic tidal flux expected from the barotropic tide - topography interaction is shown in Fig. 6 for two selected transects, N and S, marked in
Fig. 5. Section N is chosen to coincide with Padman et al. (1992)’s Section 1 where
the dispersion curves for shelf waves suggest that both K1 and O1 waves can exist and
propagate freely. It is also near the CEAREX-O camp (drift shown in white in Fig. 5)
where energetic internal waves and enhanced mixing was observed (Padman and Dillon,
1991). Transect S is chosen to be representative of our study site covering the mooring
location and Station 4 with the highest mixing rates. Section N has significantly larger
diurnal flux with depth-integrated values reaching 2 kW m−1 when integrated horizontally over the northwestern flank. Keeping in mind that this value is an upper bound, it is
a significant flux, consistent with energetic internal wave observations at the CEAREX-O
camp. For comparison, depth-integrated semidiurnal energy fluxes over significant topographic features are 1 – 40 kW m−1 near the Hawaiian Ridge (Rudnick et al., 2003), 5 kW
m−1 at the mouth of the Monterey Submarine Canyon (Kunze et al., 2002), 3 kW m−1
near the Aleutian Ridge (Cummins et al., 2001), and 2.4 kW m−1 at the Great Meteor
Seamount (Gerkema and van Haren, 2007). At transect S, near our mooring location, the
depth-integrated energy flux is more than one order of magnitude smaller, but becomes
significant with dominating semidiurnal component, over the shelf inshore of Station 4.
An overview of the semidiurnal amplitudes obtained from the harmonic analysis of
the horizontal current and isopycnal displacements at Stations 1, 2, and 4 is given in
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Figure 5: AOTIM-5 derived barotropic tidal flux (Eq. 5) calculations for a)
M2 and b) K1 constituents, and the magnitude of maximum tidal current
over a spring-neap cycle using 8 tidal constituents. Background shading is
the topography at 500 m intervals. In a) and b) horizontal flux vectors are
drawn at 2◦ and 30′ intervals in zonal and meridional directions, respectively, with scale indicated on top (white arrows). In c) contours are shown
for 25, 30, 35, and 40 cm s−1 . Station positions (open circles), and the
drift of CEAREX-O (Padman and Dillon, 1991) (white line) and MIZEX83
(D’Asaro and Morison, 1992) (thick black line over the plateau) are shown
for reference. Sections S and N (dashed lines) mark the south and north
transects where the rate of work of barotropic tides against topography are
shown in Fig. 6.
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Figure 6: Barotropic tide - topography interaction inferred from AOTIM5 at Sections N (a and c) and S (b and d). The location of the sections
are marked in Fig. 5. The lower panels show the contours of rate of work
of tidal currents against the topography, averaged over the period of the
constituent. The dominant constituents are chosen, K1 at Section N and
M2 at Section S. The upper panels show the depth-integrated energy flux,
integrated horizontally (Eq. 6) starting from the shelf-break (x = 0, chosen
arbitrarily). Curves for both constituents are shown. Relative location of
Stations 4 and 5 (mooring) are marked in b).

Fig. 7. Station 2 has baroclinic semidiurnal amplitudes comparable to the barotropic
tide, whereas at other stations barotropic displacement is larger. Overall the semidiurnal
current amplitudes are weak, typically one order of magnitude smaller than those near
the Hawaiian Ridge (Nash et al., 2006) and about half of those at the Mendocino Escarpment (Althaus et al., 2003). Nevertheless the semidiurnal signal accounts for a significant
percentage of the observed profiles (Table 4.1.2). At Station 1, baroclinic vertical displacement is typically less than the barotropic component. In the upper 150 m of Stations
2 and 4 and between 200 and 300 m at Station 4, baroclinic vertical displacement exceeds
the barotropic contribution. The phase of horizontal current increases nearly linearly with
depth at Station 1, indicating upward energy propagation with a vertical wavelength of
at least 500 m. Phase of the vertical displacement, on the contrary, typically decreases
with depth. This might be a consequence of the sub-inertial semidiurnal waves trapped
along the topography (wave propagating along the slope orientation of about -45◦/135◦
would give phase difference between u and η of -45◦ /135◦ thereby adjusting the phase of
η for a given u phase). At stations 2 and 4 phase profiles show 180◦ jumps suggesting
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vertically standing behavior.
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Figure 7: Profiles of amplitude and phase of u, v, and ξ obtained from the
semidiurnal fits to VM-ADCP and MSS profiles at Stations a) 1, b) 2 and
c) 4. Also shown are the corresponding barotropic amplitude (vertical lines
for u and v, and slanted lines for ξ) and phase (vertical lines), inferred from
identical harmonic analysis of the depth-averaged currents and profile of
barotropic displacement.
Baroclinic energy and energy fluxes inferred from full-depth profiles for the first mode
and the sum of the first ten modes are summarized in Table 5. Estimates from the
XCP data at Station 1 are significantly different than those from the MSS/VM-ADCP
profiles, suggesting that the lack of MSS/VM-ADCP sampling in the deepest ∼50% of
the stretched depth significantly affects the results. Here, the depth-integrated baroclinic
energy flux vector is directed nearly along the isobaths when derived from MSS/VMADCP profiles, but is directed westward, away from the plateau when derived from XCP
profiles (not shown, but listed in Table 5). This is expected if there is M2 internal tide
radiation away from the plateau in the deeper half of the water column that domiates
the depth-integrated flux. The vertical coverage at Stations 2 and 4, and atR the mooring
location is better and we do not expect biased results. The amplitude of FE is 6 and
1.5 W m−1 at Stations 4 and 5, respectively, and can be compared to the upper bound
values from AOTIM-5 data (Fig. 6b) of about 10 and 50 W m−1 , respectively. The ratio
of depth average HKE to APE varies between 6 and 11 for the first mode for all stations
including XCP and mooring data, except for Station 4 where it exceeds 50. The ratio
HKE/APE is equivelant to the shear-strain ratio Rω introduced in Section 10 (Eq. 13).
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The range 6 – 11 is consistent with the values inferred in Section 10 and is within the
range of typical oceanic values.
Table 4: Results of the modal analysis for semidiurnal fits. Values are shown
for mode 1 and sum of the first ten modes.
R
R
R
R
Station
hHKEiz
hAPEiz
HKE
APE
FEu
FEv
(J m−3 )
(J m−3 )
(kJ m−2 )
(kJ m−2 )
(W m−1 )
(W m−1 )
1
0.31 / 0.35 0.05 / 0.14 0.38 / 0.44 0.06 / 0.17 -147 / -153
100/ 106
1-XCP 1.57 / 1.94 0.15 / 0.19 1.9 / 2.4 0.19 / 0.24 -16.5 / -17.3
1.9 / 1.5
2
0.90/ 1.96 0.14 / 0.21 0.6 / 1.2 0.09 / 0.13
42 / 33
11.2 / 9.3
3
-/0.01 / 0.07
-/0.01 / 0.07
-/-/4
1.06 / 1.15 0.02 / 0.05 0.51 / 0.55 0.01 / 0.02
3.3 / 2.8
5.0 / 4.9
5
-/0.01 / 0.07
-/0.02 / 0.06
-/-/5-M
0.35 / 0.54 0.04 / 0.04 0.27 / 0.43 0.02 / 0.02 -0.53 / -1.28 -0.49 / -0.87

6

Hydrography and Mixing

In this section, salient hydrographic features and turbulence measurements are presented
using station-averaged profiles. As a result of internal-wave induced oscillations, the maxima in T and S (signature of the AW core) are smeared out when profiles are time averaged
in depth coordinates. Averaging is therefore done over isopycnal surfaces with mean vertical separation of 2 m and then converted to depth coordinate using the mean density
profile. Profiles averaged with respect to depth differ only slightly from the isopycnal
averages. Each σθ profile is sorted before calculations. Average profiles of temperature,
T , and salinity, S, together with the corresponding T –S diagram are contrasted for all
five stations in Fig. 8. The site of measurements is characterized by the frontal structure
of the Marginal Ice Zone and the Arctic Front. Stations 3 and 4 are in the pathway of
the Svalbard branch of the WSC, with a layer of Atlantic Water (AW, T > 3 ◦ C, S > 35)
capped by a slightly freshened, less than 50 m thick surface layer (Fig. 8). Station 4
with a thick layer of AW is located closest to the core of the Svalbard branch, which
can be identified by the warm temperatures in Fig. 4. At Station 2, AW is submerged
below a clearly defined fresher surface layer. AW is absent at Stations 1 and 5 during
the time of our measurements, suggesting they are between the Svalbard and Yermak
branches, in the cold side of the front. Station 1, close to the ice edge, is the only station
where surface temperatures approach the freezing point. There is a distinct change of
slope in the T –S curves near σθ = 27.95 which contains the T –S maxima of Stations 1
and 5. Above this isopycnal, there is significant temperature gradient along isopycnals
between the cold and warm core of the front and substantial cooling of the AW layer can
be achieved by isopycnal mixing.
Isopycnally-averaged profiles inferred from the microstructure profiler are shown for
the five stations in Fig. 9. In addition to hydrography, the panels show the 8-m gradient Richardson number (ratio of N2 to shear-squared evaluated at 8 m vertical scale),
dissipation, ǫ, eddy diffusivity, Kρ , turbulent heat flux, FH = −ρ0 Cp Kρ hdT /dzi, and
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Figure 8: Station mean profiles of a) temperature, T b) salinity, S sampled
by the MSS and c) the T –S diagram. Profiles are averaged in density bins
and then plotted against depth using the station-mean density profile. For
reference, markers are placed at 50 m depth intervals starting at 25 m. Note
that the salinity scale in c) does not cover the upper layers.

the turbulent activity index, IA = ǫν −1 N −2 . Here Cp is the heat capacity of seawater,
hdT /dzi is the average temperature gradient, and ν is the viscosity. In a stratified flow,
turbulence cannot overcome the stratification to produce significant diapycnal buoyancy
flux (i.e., mixing) for IA ≤ 20, although the threshold is uncertain (Thorpe, 2005).
The cold side of the front (Stations 1 and 5) in relatively deeper water and close to
the ice edge, is quiescent below about 150 m depth, where both ǫ and the diapycnal eddy
diffusivity, Kρ , are close to the instrumental noise level. Despite the elevated ǫ in the
upper layers, Stations 1 and 5 are the only stations where strong stratification prohibit
mixing across the pycnocline (IA < 20 between 25-80 m and 17-34 m at Stations 1 and 5,
respectively). Note that Stations 1 and 5 are closely located with a separation of about
35 km, but are occupied in contrasting tidal forcing; Station 1 during neap tides and
Station 5 approaching spring tides. The similarity of dissipation rate profiles and the
lack of energetic turbulence suggest that tidal forcing is not significant in stirring the
deep layers in southwestern YP, keeping in mind that depth below 520 m is not sampled.
Enhanced dissipation in the upper layer at Station 1 is due to 2-3 times stronger wind
(Fig.2b). All casts at Station 1 show a clear warming toward the surface, corresponding
to a downward heat flux of about 5 W m−2 . This is comparable to the estimated surface
heat flux of 25 W m−2 directed into the ocean (Section 3). The convergence of heat flux
downward from the surface and upward in the thermocline (note the upward FH between
50-120 m in Fig. 9a) leads to warming of the surface layer and consequent melting of ice,
which in turn enhances the stratification in the upper layer (N reaches 15 cph). Deeper
in the water column, the weak turbulent mixing is reflected in the weak heat flux profiles
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within ± 2 W m−2 for both Stations 1 and 5.
Station 2 has significantly higher turbulent dissipation rates, likely linked to the shallower water depth and stronger tidal currents (see the ellipses in Fig. 3). Stations 2 to 4
all have ǫ and Kρ above the noise level, and IA sufficiently large to allow for turbulent
mixing at all depths. The largest measured dissipation rates are at Station 4. Inshore of
Station 4, we expect significant barotropic tide-topography interaction (Fig. 6d) with an
upper limit on depth-integrated baroclinic energy flux for M2 close to 1 kW m−1 (Fig. 6b),
which rapidly decreases to about 10 W m−1 near Station 4. Energy flux inferred from
measurements at this location is 6 W m−1 . At Station 4, microstructure profiles were
conducted down to the seabed and near bottom values are exceptionally large, leading
to strong mixing of cold near bottom water with the core of the Svalbard branch. Kρ
averaged in the bottom 100 m is 10−4 m2 s−1 yielding an average heat flux of 7.5 W m−2
directed downward. Near bottom values reach 3×10−4 m2 s−1 and the maximum heat
removed from the AW layer is 15 W m−2 . Both Stations 2 and 3 show discernible, large
ǫ between 400 and 500 m depth (i.e., about 150 to 250 m and 500 to 600 m above the
seabed, respectively, for Stations 2 and 3), with average Kρ of 5×10−5 m2 s−1 and FH of
-2.5 W m−2 with maximum cooling of AW of about 4.3 W m−2 . This turbulent mixing
occurs below the AW core and contributes to cooling of the WSC.
Depth-integrated dissipation rates, limited to the upper 500 m, are given in Table 6.
Because the turbulence in the upper layers can be dominated by other processes than
internal wave induced mixing, values integrated between 50 and 500 m depth are also
listed. Among the stations, there is no clear correlation between the depth-integrated dissipation rate and the depth-integrated total energy (HKE+APE) or the depth-integrated
baroclinic energy flux (compare Tables 5 and 6). Especially Station 4 with the largest
integrated dissipation rate has integrated energy less than Station 2. It is possible that
the semidiurnal fits are contaminated by the near-inertial energy input in the upper layers. Furthermore, there may be other processes than internal waves leading to increased
dissipation at Station 4. On the other hand, the baroclinic energy flux convergence can
account for a fraction of the observed dissipation rate. If we use the XCP data for Station
1, depth integrated semidiurnal baroclinic fluxes from Stations 1, 2 and 4 and the mooring location are directed away from the plateau (northeastward on the northern stations
and west/southwestward on the southern stations, Table 5). If all the decrease in the
energy flux between Stations 2 and 4 were accounted for turbulent dissipation over the 74
km separation, we obtain approximately 0.5 mW m−2 depth integrated dissipation rate,
comparable to the values in Table 6.
Our microstructure observations can be compared to the CEAREX-O data collected
on the northwestern flanks, where energetic mixing events with ǫ O(10−7) W kg−1 , Kρ ∼
10−4 m2 s−1 led to heat loss from the AW layer core of about 25 W m−2 (Padman and
Dillon, 1991). Station 4, away from YP but near the Svalbard shelf has Kρ = 10−4
m2 s−1 in the bottom 100 m but the resulting heat flux is about half that observed in
CEAREX-O. In Stations 1 and 5 on the southern flanks of YP, the eddy diffusivity is at
the noise level below the T –S maxima and heat flux is one order of magnitude less than
the northern flanks.
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Table 5: Depth-integrated dissipation rate.
Station

1
2
3
4
5

7

R 500m
0

ρǫdz

mW m−2
3.67
2.34
0.82
1.93
0.92

R 500m
50m

ρǫdz

mW m−2
0.35
0.64
0.46
1.29
0.32

Moored Spectra

Time series spanning 8 days from the moored instruments are used to describe the frequency content of the horizontal currents and the isopycnal displacements. Frequency
spectra of the isopycnal displacement between 100 – 800 m depth (Microcat data) and
the rotary component velocity spectra at 23 m depth (in the pycnocline, sampled by the
Seaguard) are calculated (Figs. 10 and 11).
Total velocity spectrum (twice the HKE density) is dominated by a peak at the
diurnal frequency, followed by a slightly less energetic peak at the semidiurnal frequency
(Fig. 10). HKE in the K1 and M2 frequency bands are 3.6 and 1.1 J m−3 , respectively.
For reference, 2 J m−3 corresponds to a root-mean-square horizontal velocity of about 6
cm s−1 . The slope of the velocity spectrum in the internal wave continuum (frequencies
between f and N) is consistent with GM79, but the energy level obtained by least-squares
fitting spanning frequencies 0.1 - 1 cph is r = 103 m2 cph, 0.32 times that of GM79 (rGM )
using local N and f . Southern YP is thus less energetic than typical mid-latitude open
ocean. The range of r in the central Arctic spans 3 – 100 (Levine et al., 1985), hence the
southern YP is comparable to the most energetic Arctic internal wave field. The rotary
frequency spectra show that the CW-rotating component dominates particularly in the
diurnal, but also in the semidiurnal band. The ratio of clockwise to counterclockwise
variance at the corresponding bands are 37 (K1 ) and 5 (M2 ). This is comparable to the
rotary spectra of the YP section from the AEDB drift (Plueddemann, 1992, his Fig. 13).
Time series of isopycnal depths show relatively smooth curves between 100 – 200 m
and relatively higher frequency displacements between 250 - 450 m (Fig. 11a). Frequency
spectra of isopycnal excursion is similarly less energetic than the GM79 level and approximately follows the GM79 slope (Fig. 11b). In our calculations, we use displacements
inferred from the density profiles, not the temperature records alone, following the observations of Foster and Eckert (1987) that due to intrusive features temperature spectra
cannot be used to determine internal wave activity of the upper ocean in MIZ. Spectra
from three chosen depth ranges, marked in Fig. 11a, are scaled by the local buoyancy
frequency and averaged (Fig. 11b). In agreement with the velocity spectrum, the diurnal band dominates, and there is significant variance contained in the semidiurnal band.
When fitted to the GM79 shape between 0.1 – 1 cph, the spectra are 0.11, 0.17 and 0.12
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Figure 10: Frequency spectra of clockwise (CW, thin black) and counterclockwise (CCW, gray) rotary component and total velocity (CW+CCW =
2HKE, thick black) derived from 8-day long time series recorded at 23 m
depth at Station 5. Spectra are calculated over 4-day windows and the 95%
confidence interval is shown for 4 degrees of freedom (dof). CW and CCW
spectra are offset downward by a factor of 100. GM79 spectrum using local
f and N is fitted to the total velocity spectrum between 0.1 – 1 cph (gray).
The energy level obtained from the fit is 0.32 times the GM79 value.

times GM79. The curve fit to the average spectrum gives r = 42 m2 cph (Fig. 11b).
The frequency spectra for the horizontal current and vertical displacements can be
compared to those obtained from previous drifts. The frequency spectrum of velocity
observed in the pycnocline is reminiscent of those reported by Wijesekera et al. (1993)
for the CEAREX-O drift (their Fig. 2), and Plueddemann (1992) for the AEDB drift
(his Fig. 18), each showing spectral slope consistent with GM79 and prominent diurnal
peaks. Using the HKE frequency spectra over YP, Plueddemann (1992) obtained r =
255 m2 cph, i.e., 0.8rGM . During CEAREX-O, HKE frequency spectra increased from
0.3rGM while the camp was drifting in deep water, to 3rGM over the northern slope of
the YP. The energetics are laterally variable over and around the YP and it is suggested
here that the northern region where CEAREX-O observations were made is particularly
energetic and not representative of the entire plateau. The third set of data with horizontal velocity frequency spectrum is from the MIZEX84 drift, closer to our measurement
site, on the southwest slope of the plateau (Eckert and Foster, 1990). Horizontal velocity
spectra at the pycnocline at about 30 m depth, comparable to our measurement depth,
was ten times less energetic than GM at low frequencies, and equal to or greater than
GM near the local buoyancy frequency (Eckert and Foster, 1990). At the depth of the
MIZEX84 current meter, the buoyancy frequency was 7–9 cph, comparable to N = 7.8
cph at the depth of the Seaguard in this study. Levine et al. (1985) recorded isotherm
displacements for five day duration as the FRAM-III camp drifted on the northern flank
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Figure 11: a) Time series of depth of isopycnals with mean vertical separation of 20 m inferred from the moored Microcats at Station 5. Instrument
depths are marked on the left. Thick horizontal gray bar at the top marks
the duration of the 15.1 hour Longranger sampling. b) Average isopycnal
displacement spectra for the isopycnals with mean depth within the shown
ranges 1 to 3 (marked by vertical lines in the right of a)). Spectra are collapsed after scaling by the local buoyancy frequency, N. White-enveloped
black curve is the GM79 spectrum, fitted to the average displacement spectrum between 0.1-1 cph. The energy level is about 0.13 times the GM.
Corresponding values for the average spectra marked by 1 to 3 are 0.11,
0.17 and 0.12 times the GM, respectively. Conservative 95% confidence interval is shown using dof = 12, representative for all three spectra, assuming
6 independent spectra (6 Microcats records) per chosen range and 2 dof per
spectrum. For clarity, spectra for frequencies higher than M6 are smoothed
using a 5-point Tukey window.
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of YP over about 800 m isobath (marked by the black circle in Fig. 1). Their measurements between 49–149 m covered the thermocline. While the slope of the frequency
spectra of isotherm displacements were comparable to GM79 slope, the energy level was
0.15 to 0.24 times rGM (r = 47 and 75 m2 cph at 67 m and 137 m, respectively). These
observations are in agreement with the spectra reported here. During MIZEX84, close to
our mooring location vertical displacement spectrum (similar to the horizontal velocity
spectrum described above) was about 0.1 times GM79 at low frequency, but increased
to 3 times GM79 at higher frequencies near the average buoyancy frequency (Eckert and
Foster, 1990).

8

Vertical Coherence

For a random, linear internal wave field, coherence reduces with increasing vertical or
horizontal separation. This reduction is proportional to the wavenumber bandwidth such
that in a field with a broad range of wavenumbers, increasing number of waves with
various wavelengths will interact with increasing spatial separation, acting to reduce the
coherent motion of a single wave. We use the isopycnal displacement time series inferred
from the moored Microcats to analyze coherency with increasing vertical separation. We
contrast the structure in the upper and middle layers (1 and 2, respectively, marked in
Fig. 11) with relatively smooth versus rugged displacements. Isopycnals with the mean
depth of 160 m and 300 m are chosen and the coherence spectra are calculated between
deeper isotherms with 20 m mean separation increments. Frequency distribution for the
first three pairs are shown in Fig. 12. There is a broad low-frequency band from the nearinertial frequency to about 0.4 cph, showing high coherence. Coherency at 20 and 40 m
vertical separation in the low frequency band is in remarkable agreement with GM. For
larger separations coherence falls rapidly (suggesting a broad wavenumber bandwidth).
There is increase in coherence near the local N. Deeper in the water column, starting
with the isopycnal at 300 m depth, there is a band of high frequency (corresponding to
about 2 hours period) with high coherence (Fig. 12b). Mean coherence and phase profiles
in the two indicated frequency bands are calculated up to 160 m vertical separation. The
low frequency coherence persists, different than zero at 95% confidence, down to about
120 m, but drops steeper than the GM curve for both depth ranges. High-frequency
band looses coherence at about 60 m scale, and drops steeper than the low-frequency
band average profile. In all cases, the oscillations are in phase at all depths within ±20◦ .
The structure is reminiscent of Levine (1990)’s observations suggesting packet-like waves
over the YP with short vertical range of in-phase coherence, but at much higher frequency
(2.6 cph).
Our results can be compared to AIWEX (Beaufort Sea in the Arctic Ocean) and
CEAREX-O (northern YP). During AIWEX, coherences were found to be very low compared to typical mid-latitude open ocean values (Levine, 1990), implying a factor of 10
higher wavenumber bandwidth than at lower latitudes. The highest coherency was found
near the local buoyancy frequency. The high bandwidth was consistent with independent
estimates from vertical wavenumber spectra of HKE (D’Asaro and Morehead, 1991). The
high coherence in the low-frequency band apperant in our data is in contrast to the central Arctic (AIWEX) data where the coherence in low frequencies were significantly lower
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Figure 12: Vertical coherences among vertical displacements at 20-m vertical separations from the isopycnal with mean depth a) 160 m and b)
300 m. Vertical displacements are inferred from 10-minute averaged 8days long time series of isopycnal depths obtained from Microcat density
profiles. Upper panels show the frequency distribution of the coherencesquared between the vertical displacement of the chosen isopycnal surface
and those 20, 40 and 60 m deeper (decreasing line thickness and decreasing
coherence), together with the GM coherence with corresponding vertical
separation (Eq. 11, gray curves marked 20 to 60). Coherence spectra are
calculated using FFT length of 64 points, giving dof = 36. Two frequency
bands are identified by (1) and (2). Band-averaged coherence-squared and
phase profiles with increasing vertical separation from the start isopycnal
are shown in the lower panels for (1) and (2), together with the corresponding GM curves (solid line for (1) and dashed for (2)). 95% significance (0.16
using dof = 36) is indicated by the gray line in coherence-squared panels.
In the lower panels coherence and phase markers are filled and joined for
coherence significantly different than zero.
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than that near the local buoyancy frequency (Fig. 7 of Levine, 1990). Over the YP, Wijesekera et al. (1993) inferred wavenumber bandwidth about three times the GM value, but
reduced (highest coherence) to the GM level at the most energetic periods. In the next
section, from vertical wavenumber spectra at Station 1 close to the mooring, we estimate
bandwidth about 6 times wider than GM. The southern YP stands out as having both
less energetic (0.3rGM vs. 3rGM in the northern YP) and less coherent internal wave field.

9

Dropped Spectra

Vertical profiles of horizontal velocity and density are used to derive vertical wavenumber
spectrum of shear and strain. Shear spectra are calculated using the 2 m vertical resolution XCP profiles limiting the analysis to Stations 1 and 3. Rotary velocity spectra over
512-m (256 data points) segments are converted to shear spectra by multiplication with
(2πkz )2 , where kz is the cyclic vertical wavenumber. The shear spectra are normalized by
the average buoyancy frequency (N 2 ) in the corresponding depth range. Horizontal velocity spectra for Stations 1 and 3 are shown in Fig. 13 and compared to the levels observed
in STREX (D’Asaro, 1984) and AIWEX (D’Asaro and Morehead, 1991). STREX data
collected during a period of storms in the northeastern Pacific Ocean is representative
of high range of GM levels. AIWEX data collected in the Beaufort Sea is typical of the
quiescent Arctic Ocean. These two curves were used in D’Asaro and Morison (1992) and
serve as a good reference for comparison.
We infer the energy level and the vertical wavenumber bandwidth from dropped spectra following D’Asaro and Morehead (1991). We retain both E and j⋆ as free parameters
and obtain the best fit values to the GM75 curve in the least-squares sense in the range
4 × 10−3 − 0.1 cpm. The resulting values are, j⋆ = 16 and E = 3.4 × 10−6 , about 6 times
wider and 19 times less energetic than GM75 at Station 1, and j⋆ = 7 and E = 1 × 10−5 ,
roughly 1.2 times wider and 6 times less energetic than GM75 at Station 3. For comparison, AIWEX data adheres to j⋆ = 60 and E = 1.57 × 10−6 . These low levels are
consistent with the isopycnal displacement frequency spectra, which is about 7 times less
energetic on the average (Fig. 11b). Clearly, the vertical wavenumber spectral shape
and the bandwidth at the YP are significantly different than the central Arctic Ocean.
D’Asaro and Morison (1992) reported vertical wavenumber spectra inferred from XCP
data deployed during the MIZEX83 drift. MIZEX83 is very close to the drift of AEDB
over the plateau and passes across a 500 m deep seamount (see Fig. 13 of D’Asaro and
Morison, 1992), where measured currents increased markedly. There, D’Asaro and Morison (1992) found that the level of the mean vertical wavenumber spectrum was about one
order of magnitude above the GM level. Our data are less energetic and suggest large
spatial variability over the plateau and that enhanced energy level in MIZEX83 is likely
a localized feature related to the seamount.
Corresponding vertical wavenumber shear spectra are compared to GM76 in Fig. 13b
for the CW and CCW rotating shear. At 512 m scale, the ratio of CW to CCW variance,
rCW −CCW , is 1.1 and 0.6 away from the bottom, at Stations 1 and 3, respectively. Near the
bottom 512 m CCW variance is 3.6 and 2.1 times more energetic, respectively, for Stations
1 and 3, suggesting upward energy propagation. Unfortunately, microstructure profiles
do not penetrate below 520 m and do not resolve the lower 512 m portion of the water
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Figure 13: a) Vertical wavenumber spectra of total horizontal velocity
(ΦV = Φu + Φv ≡ ΦCW + ΦCCW ) in the bottom 512 m (black) and between 128–640 m depth (gray) inferred from XCP profiles at Stations 1 and
3. Spectral levels at kz > 3 × 10−2 cpm are smoothed over 5 data points.
Station 3 is offset downward by three decades. 95% confidence intervals
are shown for dof = 24 and 8 for Stations 1 and 3, respectively (6 and
2 XCP profiles with 2 dof for each velocity component per XCP profile,
respectively). Numbered GM curves are (1) GM75 for STREX (D’Asaro,
1984), (2) GM75 for AIWEX (D’Asaro and Morehead, 1991), (3) best-fit
GM75 to the present data, (4) canonical GM76. b) CW (gray) and CCW
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Spectra below Station 1 128-640 m curves are offset downward by a factor
of 10, 103 and 104 , respectively.
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column with upward energy propagation. We therefore cannot assess the importance
of this feature for mixing in the region. However, the spectra are not elevated above
the GM76 level, and finescale parameterizations (Section 10) would lead to insignificant
dissipation levels accordingly.

10

Finescale Parameterizations

Measuring dissipation by direct means, such as microstructure profiles, is not a widely
used method. In a slowly varying wave field, the rate of energy dissipation due to wave
breaking can be approximated from the net energy transfer toward smaller scales associated with non-linear interactions Gregg (1989). The advantage of relating to internal
wave energy is that ǫ and Kρ can be estimated from relatively simple routine measurements. During the last two decades, this principle has been used for developing finescale
parameterizations for ǫ based on the theoretical GM model, using a quadratic scaling
with finescale shear variance (Gregg, 1989), or strain variance (Wijesekera et al., 1993)
or, more generally applicable, using both shear and strain (Polzin et al., 1995; Gregg
et al., 2003). A convenient formulation of this parameterization for eddy diffusivity (using Kρ = 0.2ǫN −2 ) is
2

Kρ = K0

hVz2 i
h(Rω )L(f, N)
hVz2 i2GM

(12)

where K0 = 5 × 10−6 m2 s−1 , hVz2 i is the observed finescale shear variance and hVz2 iGM
is the corresponding GM value, and
3
Rω + 1
√
h(Rω ) = √
,
2 2 Rω Rω − 1
L(f, N) =

f arccosh( Nf )
f30 arccosh( fN300 )

.

Here, L(f, N) accounts for the latitudinal variation, N is the local buoyancy frequency, f
is the local inertial frequency, N0 = 5.2 × 10−3 s−1 (≡ 3 cph) is the reference stratification
and f30 is the inertial frequency at 30◦ latitude. In Eq. 12 h(Rω ) corrects for the variation
in shear-strain ratio
Rω =

hVz2 i
.
N 2 hξz2i

(13)

The quadratic shear variance ratio in Eq. 12 is equivelant to (0.1/kc)2 where kc is the
high wavenumber cut-off where integrated shear variance is about 0.7N 2 (0.1 cpm is the
GM value for kc ).
VM-ADCP current profiles are not of sufficient quality to integrate the vertical wavenumber spectra to order 10-m vertical scales. XCP sampling at Station 1, on the other hand,
has high resolution in the vertical and resolved the tidal cycle with 6 casts. We therefore use Station 1 XCP-derived shear and MSS-derived isopycnal displacement spectra to
evaluate shear and strain in 128-m length segments. Segments are moved 5-m vertically
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to obtain continuous profiles of shear-to-strain ratio Rω , cut-off wavenumber, kc , and dissipation rate (Fig. 14). Rω evaluated at 10 m scale is 11 ± 4, but is 2.9 in between upper
125-170 m. For comparison GM value is Rω = 3, and Wijesekera et al. (1993) recorded
1.5 in the upper thermocline (between 100-170 m), and on the average 1.5 between 100270 m for the four periods they analyzed, i.e. significantly lower than our data. When
evaluated at kc (i.e., using shear and strain variances integrated to kc instead of 0.1 cpm),
Rω = 4.5. Data from dedicated surveys conducted at mid-latitudes (Polzin et al., 2003)
and high latitudes (Naveira Garabato et al., 2004a,b; Daae et al., 2009) show that Rω
varies between 3 and 14.
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Figure 14: Profiles of a) shear-strain ratio Rω integrated to 0.1 cpm (black)
and to the cut-off wavenumber kc (gray) where normalized shear variance is
0.7, b) cut-off wavenumber, kc , c) observed, station-average dissipation rate
ǫobs (black), and that inferred from finescale parameterization, ǫGM (gray),
and d) ratio of clockwise to counterclockwise rotating shear variance at 128
m wavelength. Vertical dotted lines are the GM cut-off wavenumber of 0.1
cpm in b), a factor of 2 envelope for ǫobs in c) and unity in d) where values
less/greater than unity suggest upward/downward energy propagation as
indicated by the arrows.

The cutoff wavenumber decreases sharply in the upper 170 m and remains fairly homogeneous with an average value of 0.04 cpm. Finescale parameterization gives dissipation
rates comparable to the station averaged profiles, however, the variability in ǫ at this
station is not sufficient to conclude on the skill of the model. The ratio of CW to CCW
variance at 128 m length scale suggests upward energy propagation in the deepest part
of the profile, consistent with the bottom 512-m spectra (Fig. 13b).
D’Asaro and Morison (1992) used XCP-derived 10-m shear over the YP using Gregg
(1989) version of Eq. 12 (i.e., h = 1, L = 1). They inferred Kρ ∼ 10−4 m2 s−1 near the
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seamount close to the passage of MIZEX83 drift marked in Fig. 1. From our data average
shear-strain ratio for 10-m vertical scale is Rω = 11, giving h = 0.37. This is partially
compensated by the latitude dependence giving L = 1.7, leading to a total correction hL
of a factor of 0.6. A revised estimate of the upper range of diffusivity inferred by D’Asaro
and Morison (1992) is then about 6×10−5 m2 s−1 , comparable to the near bottom average
values observed at Stations 2 and 3.

11

Implications for the Regional Scale and the Arctic
Ocean

In this section we update and follow-up on the discussion of D’Asaro and Morison (1992)
on implications of internal-wave induced mixing for the Arctic heat budget. Using
finescale parameterization, D’Asaro and Morison (1992) estimated diapycnal heat fluxes
induced by mixing over topography (away from abyssal plains) in the Arctic Ocean of
6–12 TW. This accounts for a non-negligible fraction of the total loss of 49 TW (upper
limit) required by the large scale heat balance in the Arctic Ocean.
Recent and relatively accurate estimates of the net annual surface heat flux in the
Arctic Ocean reveal a range of 2-8 W m−2 with a typical value of 6 W m−2 (Serreze
et al., 2007). The annual average total loss is then 47 TW using the area 7.8×1012 m2
of the Arctic basins deeper than 200 m and excluding Barents and Kara Seas. Using
Untersteiner (1988)’s ice melt-rate estimate in the Fram Strait and the shelf region north
of Svalbard, Rudels et al. (2008) infer a total heat loss of 14 TW (5 TW to ice and 9 TW
to the atmosphere) at the gateway to the Arctic. Removing this heat sink leaves 33 TW
of heat loss to account for in the Arctic basin.
We argue that the elevated mixing between 400-500 m observed at Stations 2 and
3 are typical of the Arctic rough topography with diapycnal heat flux of 2-4 W m−2 .
This is exactly the same range suggested by D’Asaro and Morison (1992), here supported
by direct measurements. Assuming an area of 3×1012 m2 of the Arctic Basin excluding
abyssal plains but including ridges and continental shelf break regions, 6-12 TW is thus
lost through internal wave induced mixing, i.e., about 18 to 36% of the 33 TW heat loss
required in the Arctic. Because Stations 2 and 3 were occupied during neap tides and in
calm weather, this range is likely a conservative estimate. Both stronger forcing in spring
tides and near-inertial internal waves with enhanced shear following strong winds in the
absence of sea-ice (Rainville and Woodgate, 2009) are expected to elevate the internalwave induced mixing. This is probably compensated for if our arbitrary choice of rough
topograpy area is an overestimate.
On the regional scale, our measurements combined with previous work from the northern YP, show that the total heat loss at YP due to diapycnal mixing range within 2-27 W
m2 . The range mirrors the lateral variability over and around the plateau and corresponds
to the trend in ocean-to-ice heat flux observations by McPhee et al. (2003) showing heat
fluxes ranging from 0 to 110 W m2 . Their buoys drifting from northeastern to western YP
recorded the largest surface heat flux at the northeastern and western flanks, and showed
less activity at the central part of the plateau. The upper limit of 27 W m−2 , typical for
the northern flanks, is indeed comparable to the average surface heat flux of 22 W m−2
inferred by McPhee et al. (2003). If we account for the lateral variability by assuming
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that 30% of the plateau area is characterized by enhanced diapycnal fluxes of 20 W m−2
and the remaining 70% is characterized by more typical 3 W m−2 , the weighted-average is
8 W m−2 . This corresponds to 0.3 TW using an approximate area of 4×1010 m2 (200 km
× 200 km) for YP. When compared to the heat lost to ice and atmosphere in this region
(14 TW in total) 0.3 TW is negligible, suggesting that internal-wave induced mixing is
likely not significant on the regional scale, north of Svalbard. This is less than the heat
loss required to cool 1 Sv (106 m3 s−1 ) of AW by 0.1K. On the other hand, mixing at YP
can likely be of importance for the variability of heat anomalies entering the Arctic Ocean
through the Fram Strait and the storage in the Arctic (i.e., change in heat content of the
AW layer). Deep diapycnal mixing at the Yermak Plateau alone (0.3 TW) constitutes
about 15% of Rudels et al. (2008)’s estimated stroage rate of 2 TW.

12

Summary

Observations over the southern part of the Yermak Plateau (YP) highlight the characteristics of internal waves, tides, dissipation and turbulent mixing during summer 2007. The
plateau northwest of Svalbard is of interest because it is the main topographic obstacle
for the Atlantic inflow to the Arctic via the West Spitsbergen Current (WSC). Measurements were made from five day-long stations and a 8-day duration mooring in neap to
spring tides and during weak atmospheric forcing.
Previous reports on energetic tidal-induced internal waves observed over the northern
YP suggested that diapycnal mixing over YP might play a significant role in cooling of the
WSC in the area north of Svalbard. Here we find that internal-wave mixing away from
abyssal plains in the Arctic Ocean can account for 18 to 36% of the heat loss required by
the Arctic heat budget. Around YP, on the other hand, diapycnal mixing is unlikely to
have regional significance on cooling of the WSC, although it might be important locally.
It is also non-negligible when compared to the heat anomaly pulses entering the Arctic
and the heat storage rate in the Arctic Ocean.
Overall, diapycnal mixing at the study site is less energetic than that in the northern
YP. There are significant differences between stations on either side of the Arctic Front,
where dissipation rate and eddy diffusivity below the pycnocline increase from the noise
level (on the cold side) by up to one order of magnitude (on the warm side). Station 4,
close to the Svalbard shelf inshore of the plateau, reveal elevated diffusivity by another
factor of 3 to 6, but this cannot be linked clearly to the internal waves using the present
data set. Stations 1 and 5 (cold side of the front) occupied on neap and spring tides,
respectively, show no evidence of increased stirring during spring tide, with the caveat
that only the upper half of the ∼ 1200 m water column was sampled. Dissipation at
the pycnocline at these stations is well above the noise level but strong stratification
prohibits mixing across the pycnocline. Stations 2 and 3 (warm side of the front) show
100 m thick deep layers with average diffusivity of 5×10−5 m2 s−1 and heat loss from the
Atlantic Water (AW) layer of 2-4 W m−2 . We suggest these values to be representative
of the mixing in the Arctic over rough topography. Inshore of the plateau, at the core
of the Svalbard branch of WSC near-bottom mixing removes 15 W m−2 of heat from the
Atlantic layer.
Both within this data set, and when compared to observations from the central (Eckert
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and Foster, 1990; D’Asaro and Morison, 1992) and northern (Levine et al., 1985; Hunkins,
1986; Padman and Dillon, 1991) part of the plateau, internal wave activity and mixing
are strongly spatially variable. Considering that the pathway of the Atlantic inflow over
and around YP is highly variable (Bourke et al., 1988; Padman and Dillon, 1991), our
results point that cooling and freshening of the Atlantic inflow will be affected by the
path it follows.
A brief summary of the internal wave characteristics is as follows. Both the horizontal
velocity, u, and vertical displacement, ξ, frequency spectra show significant peaks at the
semidiurnal and diurnal periods. At all stations, except for the actively mixing Station
4 near the shelf, the semidiurnal (near-inertial) signal, explains a major fraction (4070%) of u and relatively less, but significant, fraction (20-40%) of ξ. Even though the
first baroclinic mode explains 60-96 % of the semidiurnal-u variance and 89-100 % of
ξ, the resulting depth-integrated semidiurnal baroclinic energy fluxes are weak, barely
measurable. An upper limit on the baroclinic energy flux induced by body force of
surface tide acting on topography show depth-integrated diurnal flux reaching 2 kW
m−1 , consistent with energetic internal wave observations and mixing on the northern
flanks (Hunkins, 1986; Padman and Dillon, 1991). It decreases by at least one order of
magnitude at our study site. Direction of depth-integrated semidiurnal baroclinic energy
flux derived from full-depth XCP casts suggests propagation away from the southern
slope. The ratio of CW and CCW shear variance in the bottom 512 m at this station
points to upward energy propagation, suggesting that the southern slope possibly radiates
semidiurnal internal tides. We remain inconclusive, however, lacking full depth sampling
at other stations, and due to significant discrepancy between flux calculations from the
full-depth XCPs and VM-ADCP/MSS data in the upper half of the water column of
this station. There is no apparent relation between depth integrated dissipation rate
and the depth integrated energy flux or the depth integrated total baroclinic energy
(HKE+APE). The decrease of energy flux from Station 2 to 4, however, compare roughly
to the typical depth-integrated dissipation rate (ignoring Station 4). The ratio of depthaveraged HKE and APE for the first mode baroclinic semidiurnal wave ranges between
6 and 11 (increases to 50 at Station 4) and is consistent with the shear-strain ratio
integrated from vertical wavenumber spectra to 10 m vertical scale.
Over the southern YP the internal wave field is found to be less energetic than GM.
The frequency spectra of horizontal velocity and vertical displacements are, respectively,
0.32 and 0.13 times the corresponding GM level. This is consistent with previous observations close to our study site (Levine et al., 1985; Eckert and Foster, 1990) and compare
to the higher levels in the central Arctic but much lower than levels typical of midlatitude and the northern flanks of YP (Plueddemann, 1992). Vertical displacements
of isopycnals vertically separated by 20 m show significant coherence at low frequencies consistent with GM up to about 40 m vertical separation. Coherence decreases
with increasing separation, more rapidly than that predicted by GM, suggesting a wider
wavenumber bandwidth. Independent analysis of vertical wavenumber spectra suggests
that the wavenumber bandwidth is indeed 1.2 to 6 times wider than GM.
Finally, an application of the finescale parameterization to infer dissipation rate from
shear and strain field (Gregg et al., 2003) was possible at Station 1 using a combination
of XCP and microstructure profiles. Predicted dissipation rates agreed within a factor
of two of the observed average dissipation profile at the station. We cannot conclude on
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the skill of the parameterization at high latitudes because Station 1 was characterized by
dissipation rates close to the instrumental noise level.
The data set presented here does not resolve the full spring-neap cycle. Dissipation
rates below 520 m depth are not measured and we might be missing bottom-enhanced
mixing on deeper slopes. A more complete data set will help to more accurately characterize the mixing processes around Yermak Plateau and quantify the internal wave
energetics and heat removed from the AW due to diapycnal mixing.
Acknowledgements This study is funded by the Research Council of Norway through
the NORKLIMA Young Investigator grant for IF (178641/S30), the IPY project iAOOS
for RS (176096/S30) and Current measurements north of Svalbard (178919/S30). IF
thanks J. Dunlap, R. Andersen for training on XCP deployment and data processing
and J. Morison for hosting and fruitful discussions. The efforts of the captain and crew
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