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Abstract We use a reduced complexity climate model
with a three-dimensional ocean component and realistic

topography to investigate the effect of stratification-

dependent mixing on the sensitivity of the North Atlantic
subpolar gyre (SPG), and the Atlantic meridional over-

turning circulation (AMOC), to idealized CO2 increase and

peaking scenarios. The vertical diffusivity of the ocean
interior is parameterized as j * N-a, where N is the local

buoyancy frequency. For all parameter values 0 B a B 3,

we find the SPG, and subsequently the AMOC, to weaken
in response to increasing CO2 concentrations. The weak-

ening is significantly stronger for a C acr & 1.5.

Depending on the value of a, two separate model states
develop. These states remain different after the CO2

concentration is stabilized, and in some cases even after the

CO2 concentration has been decreased again to the

pre-industrial level. This behaviour is explained by a
positive feedback between stratification and mixing

anomalies in the Nordic Seas, causing a persistent weak-

ening of the SPG.

Keywords Subpolar gyre ! Global warming !
Ocean mixing ! Atlantic overturning

1 Introduction

The state of the climate system in the North Atlantic

depends on the states of a number of coupled sub-systems,
e.g. the subpolar gyre (SPG), the overflows over the

Greenland–Scotland Ridge (GSR), and the AMOC (Drange

et al. 2005). In particular, the AMOC is thought to con-
tribute to the relatively warm European climate by

transporting *1 PW of heat from the tropics northward

(Hall and Bryden 1982; Ganachaud and Wunsch 2000;
Trenberth and Caron 2001). While the strength of the

AMOC is likely to influence global climate, e.g. by
modulating the El Niño/Southern Oscillation phenomenom

(Timmermann et al. 2005), the position of the Intertropical

Convergence Zone (Vellinga and Wood 2002), and by
changing North Atlantic surface elevation (Levermann

et al. 2005), the strongest effects can be found in the

northern North Atlantic. Changes in the North Atlantic
flow patterns are important factors for the heat transport

into the Nordic region (Hátún et al. 2005), and economi-

cally relevant for fisheries (Hátún et al. 2007). Model
results suggest that the influence of increased greenhouse-

gas concentrations will weaken the future AMOC, by

causing decreased heat loss and increased freshwater input
in the high latitudes, thus lowering the density of the sur-

face water in the northern sinking regions (e.g. Manabe and
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Stouffer 1994; Rahmstorf and Ganopolski 1999; Gregory

et al. 2005).
On long timescales, the AMOC is strongly influenced by

the rate of low latitude vertical diffusion (Munk andWunsch

1998). While some current climate models employ para-
meterizations for vertical diffusion that take into account

bottom roughness and surface conditions (e.g. Gnanadesikan

et al. 2006; Jungclaus et al. 2006b), most models prescribe
diffusivities that are constant in space and/or time in the

ocean interior. The fact that diffusion may be influenced by
stratification (Gargett and Holloway 1984) is thus usually

not taken into account. Nilsson and Walin (2001) and

Nilsson et al. (2003) argued that a reduction of high lati-
tude surface water density will eventually lead to reduced

stratification in a one-hemisphere ocean, which in turn

could lead to increased mixing, and an increased AMOC.
Similar results were found in a box model by Marzeion and

Drange (2006). Saenko (2006) investigated the responce of

the AMOC to the spatial distribution of energy available
for mixing. While all these studies focused on the role of

low latitude mixing for the stability of the AMOC,

Marzeion et al. (2007) showed that high latitude mixing
may be critical in controlling the vertical propagation of

buoyancy anomalies imposed at the surface, and thereby

influence stratification and circulation in the Nordic Seas.
Here, we test the sensitivity of the AMOC to increasing

levels of atmospheric CO2, and to reducing the CO2 level

back to pre-industrial values with varying delay using the
same model as Marzeion et al. (2007), employing stratifi-

cation-dependent vertical diffusivity in the ocean. The

model and two sets of experiments are presented in the
following section. The results for the CO2 increase experi-

ments are shown in Sect. 3, followed by the results of the

CO2 peaking experiments in Sect. 4. Finally, we discuss
the results and conclude in Sect. 5.

2 Model and experiments

2.1 Model description

The global coupled climate model CLIMBER-3a (Montoya

et al. 2005) combines a 3-dimensional ocean general cir-
culation model based on the GFDL MOM-3 code with a

statistical-dynamical atmosphere model (Petoukhov et al.

2000) and a dynamic and thermodynamic sea-ice model
(Fichefet and Maqueda 1997). The oceanic horizontal

resolution is 3.75" 9 3.75", and there are 24 vertical levels.
The advection-diffusion scheme of Prather (1986) is applied
to reduce numerical diffusion (Hofmann and Maqueda

2006).

The atmospheric component has a resolution of 7.5" in
latitude and 22.5" in longitude and is assuming a universial

vertical structure of temperature and humidity. Heat and

freshwater fluxes between ocean and atmosphere are
computed on the ocean grid, without any flux adjustment.

The atmospheric grid is too coarse to be used for the wind

forcing, we therefor use the NCEP/NCAR reanalysis wind
stress climatology for the momentum flux.

2.2 Experimental setup

2.2.1 Paramterization of vertical mixing

For this study, the vertical diffusivity j is parameterized as

j " j0
N

N0

! "#a

where j0 = 0.2 9 10-4 m 2 s-1, N " # g
q0
oq
oz

# $1=2
the local

buoyancy frequency, with g being the gravity acceleration,
q0 being a reference density, and oq

oz being the vertical

density gradient. N0 = 7.3 9 10-3 s -1 is a typical value

of N at pycnocline depth in the model, ensuring compa-
rable values of the diffusivity j at pycnocline depth

independent of the choice of the parameter a.
The diffusivity is thus increasing with decreasing strati-

fication, with the parameter a controlling the sensitivity of

the mixing to changes in stratification (note that a = 2 is a

special case, since it implies that the energy available for
mixing is held constant). Since values of a between 0 and 3

have been identified in measurements in the ocean

(Sarmiento et al. 1976; Hoffert and Broecker 1978; Gargett
and Holloway 1984; Rehmann and Duda 2000), we choose

different values from this range in our experiments.

Depending on the value of a, this parameterization results
in 0:05$10#4m2 s#1 . j.0:3$ 10#4 m2 s#1 in the global

ocean around pycnocline depth in the equilibrium runs. In

the deep ocean, where the stratification is weak, values of j
exceed 1.5 9 10-4 m2 s-1 for a = 3. A more detailed

discussion regarding the mixing parameterization in this
model can be found in Marzeion et al. (2007).

First, equilibrium runs of *2,000 years are integrated

with constant preindustrial CO2 concentration of 280 ppm
for different values of a. The equilibrium states of the

AMOC are very similar for all values of a, except for

a = 1.5 and 2.5, where the AMOC is *1 Sv weaker than
in the other cases (Fig. 1). This is caused by a difference in

the SPG strength, and will be discussed in Sect. 5.

2.2.2 CO2 increase experiments

Starting from equilibrium, the atmospheric CO2 concen-
tration is increased with a rate of 1% year-1 up to

1,120 ppm (= 4 9 280 ppm) where it is stabilized after

140 year of integration (Fig. 1). The model was then
integrated for another*1,000 years for all values of a, and
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for another*2,000 years for a " 0; 0:25; 0:5; 0:75; 1:5; 2:5
(not shown).

2.2.3 CO2 peaking experiments

Additionally, CO2 peaking experiments are conducted for
a = 1 and a = 2 by branching off of the CO2 increase

experiments. In these CO2 peaking experiments, the

atmospheric CO2 concentration is reduced back to pre-
industrial values at a rate of -1% year-1. For a = 2, the

reduction is started every 25 years between 100 and

250 years after the increase was started (i.e. seven experi-
ments for a = 2). For a = 1, only two CO2 peaking

experiments are conducted, starting the CO2 reduction 150
and 250 years after the CO2 increase was started.

This setup implies that in some of the CO2 peaking

experiments, the fourfold pre-industrial values of
1,120 ppm CO2 is not reached before the reduction begins

(see Fig. 2a, red dashed lines). After the pre-industrial

values of CO2 had been reached, the model was inte-
grated for another *1,000 years with fixed CO2

concentrations.

3 Response to CO2 increase

In response to CO2 increase, the AMOC weakens in all
experiments. A recovery sets in around the time of stabili-

zation of the CO2 concentration (between years *150 and

*250 depending on a, see Fig. 1). Two different model
states remain when the AMOC approaches equilibrium

again after *1,000 year. They are separated by a critical

value 1\ acr\ 1.5.

3.1 Effects on subpolar gyre strength

As the CO2 concentration increases, the warming and

strengthened hydrological cycle of the atmosphere lead to

increased heat fluxes into (see Fig. 3), and a freshening of
(contours in Fig. 4) the ocean, which decrease the surface

density of the North Atlantic Ocean.

In the high northern latitudes, the density at the surface
is temporarily decreased further by the freshwater flux

caused by melting sea ice. Figure 4 illustrates that during

the CO2 increase, surface density is much lower in the
supercritical case than in the subcritical case. This situation
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Fig. 1 a Time series of the
maximum of the overturning
stream function in the Atlantic
for the CO2 increase
experiments. The vertical black
dashed lines indicate the
beginning and end of the CO2

increase, the vertical red lines
the times at which the values in
Figs. 4 and 5 are taken.
b Maximum of the overturning
stream function in the Atlantic
during years 900–1,000 as a
function of a
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Fig. 2 a Time series of the maximum of the overturning stream
function in the Atlantic, black a = 1, blue a = 2, thick lines from the
CO2 peaking experiments, thin lines reference from the CO2 increase
experiments (as shown in Fig. 1). Red, dashed line CO2 concentra-
tions. b Maximum of the overturning stream function in the Atlantic

900–1,000 years after the reduction of the CO2 concentration was
initiated, as a function of the year of the onset of the CO2

concentration reduction. Colors as in a. Shaded bars range of the
maximum of the equilibrium overturning stream function during
years -100 to 0, grey a = 1, light blue a = 2

B. Marzeion et al.: Sensitivity of North Atlantic subpolar gyre 663

123



implies higher stratification near the surface, which limits
vertical diffusion. The higher the value of a, the stronger is
the effect on vertical diffusion (Marzeion et al. 2007).

During the CO2 increase, the freshwater is therefore
more confined to the surface in the supercritical a = 2 case

than in the subcritical a = 1 case (Fig. 4). The weaker

downward mixing of freshwater in the supercritical case
leads to saltier and denser subsurface waters (100–300 m

depth) north of and at the latitude of the GSR, i.e. at the

northern rim of the SPG, as seen again in Fig. 4.
The SPG is driven both by the large scale wind pattern

and the local density distribution, circulating cyclonically

around the dense water in its core, close to geostrophic
balance (for a detailed description of the base state of the

SPG in the model compare Born et al. 2009). In the

supercritical case, the dense anomaly north of and at the
latitude of the GSR reduces the meridonal density gradient

across the SPG. The reduced meridional density gradient

leads to a reduction of the SPG strength (Levermann and
Born 2007). This weakening of the SPG is enhanced by the

feedbacks described in Levermann and Born (2007). The

weakened SPG transports less tropical, saline waters into
the subpolar North Atlantic, the center of the SPG freshens,

reducing the meridional density gradient and weakening
the SPG further. Additionally, the lightening of the center

of the SPG implies that fewer isopycnals outcrop in the

center of the gyre. This reduces the isopycnal downward
mixing of heat within the gyre, resulting in a warming of

the SPG, contributing to the light anomaly and weakening

of the SPG. Thus, the weak cross-gyre density gradient, as
well as the resulting weak geostrophic circulation, are

maintained by both temperature and salinity anomalies.

The increasing CO2 concentrations therefore trigger a
separation of the two SPG states that persists after the

stabilization of the CO2 concentration. This separation is

due to the link between stratification and vertical mixing
introduced by the parametrization employed in the model.

The result is a strong warm and fresh anomaly that reduces

the density at the center of the SPG in the supercritical case
compared to the subcritical case (Fig. 5).

As a consequence, dense water formation in the center

of the SPG is more reduced in the supercritical case than in
the subcritical case. Figure 6 shows time series of dense

water production in the Irminger Sea for all values of a.
Towards the end of the CO2 increase, two different regimes
emerge: For small values of a, dense water formation in the

Irminger Sea is reduced, but still active. For large values of

a, hardly any dense water is being formed in the SPG.
This difference remains as the model approaches the

new equilibrium, and corresponds to the difference in the

AMOC that is shown in Fig. 5 (contours).

0 20 40
60

70

80

90

Longitude

La
tit

ud
e

a1

!75 !50 !25 0 25 50 75 100 125 150 175

0 20 40
60

70

80

90

Longitude

La
tit

ud
e

a2

!75 !50 !25 0 25 50 75 100 125 150 175

0 20 40
60

70

80

90

Longitude

La
tit

ud
e

a3

0 500 1000

0

10

20

Time (yr)

" 
he

at
flu

x 
(W

/m
2 ) b

Fig. 3 a Maps of the anomaly of the annual mean net heat flux
(W m-2) into the ocean for a = 1, taken at 50 (a1), 100 (a2), and 500
(a3) years after the start of the CO2 increase. The red dashed line
indicates the largest annual extent of 80% sea ice coverage. b Time
series of the anomaly of the net heat flux (W m-2) into the ocean
averaged over the area shown in a, squares indicate the times of the
snapshots shown in a

Fig. 4 Shading Change in the zonally averaged Atlantic density
deviation from the equilibrium (Dq) caused by an increase of a, i.e.
Dq(a = 2)-Dq(a = 1) in kg m-3, taken at t = 100 year. Contours
Change in the zonally averaged Atlantic salinity deviation from the
equilibrium (DS) caused by an increase of a, i.e. DS(a = 2)-
DS(a = 1) at the same time; dotted is zero contour, dashed is
negative, solid is positive. Contour interval 0.3. The dashed red line
indicates the approximate position of the GSR

Fig. 5 Shading Change in the zonally averaged Atlantic density
deviation from the equilibrium (Dq) caused by an increase of a, i.e.,
Dq(a = 2)-Dq(a = 1) in kg m-3, taken at t = 250 year. Contours
Difference of the AMOC streamfunction caused by an increase in a,
i.e. W(a = 2)-W(a = 1) at the same time; dotted is zero contour,
dashed is negative. Contour interval 1 Sv. The dashed red line
indicates the approximate position of the center of the SPG
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3.2 The role of sea ice in the recovery of the AMOC

After stabilization of the CO2 concentration, a recovery of

the AMOC sets in for all values of a (Fig. 1). Changes in

sea ice cover in the Nordic Seas play an important role for
this recovery.

During the CO2 increase, the high latitude ocean-

atmosphere heat flux is reduced by the warmer atmosphere.
This leads to a decreased surface density flux into the

water, and subsequently decreased dense water formation.

Additionally, melting of sea ice contributes to the weak-
ening of the AMOC by adding freshwater to the surface

layers. At the same time, however, the melting of sea ice

leads to an increase in the area of the ocean surface that is
exposed to the atmosphere (Levermann et al. 2007).

Figure 3a shows snapshots of heat flux anomalies and ice

cover in the Nordic Seas. First, the net heat flux into the
ocean increases as the ocean receives more heat from the

atmosphere in areas that are not insulated from the atmo-

sphere by sea ice. However, it later decreases in those areas
where the sea ice retreats under the influence of the

atmospheric warming, and the insulation from the atmo-

sphere is lost. Due to this compensating effect, the heat flux
anomalies integrated over the Nordic Seas become very

small as the model approaches the new equilibrium under a

higher CO2 concentration (Fig. 3b). As a result, dense
water formation and the AMOC north of the GSR recover.

4 Response to the CO2 peaking scenario

As the atmospheric CO2 concentration is reduced back to
the pre-industrial value, the AMOC recovers (Fig. 2a). As

the model approaches the equilibrium state, the recovery is

complete for a = 1 for both long and short delays of the
CO2 reduction. However, the runs with a = 2 only recover

to the pre-industrial equilibrium when the reduction is

started within 150 years after the increase was started
(Fig. 2b). If the reduction of the CO2 concentration is

delayed by 175 years or more, the strong warm and light

anomaly of the SPG persists. Indeed, the warming of the
SPG is accompanied by a cooling of the Nordic Seas,

together leading to a strong reduction of the meridional

density gradient across the SPG (Fig. 7). The resulting
strong weakening of the SPG is responsible for causing a

southeastward recirculation of the warm and salty sub-
tropical waters reaching the north east Atlantic (blue

arrows, Fig. 8a). While the inflow into the Nordic Seas

only get slightly weaker (Fig. 7), the inflowing water
originates rather from the Irminger Sea than from the

subtropical Atlantic (Fig. 8a). The reduced inflow of heat

into the region leads to reduced heat loss to the atmosphere
(Fig. 8b), weakened overturning in the Nordic Seas

(Fig. 7), increased ice cover (Fig. 8b), and subsequentally

an atmospheric cooling of the northern North Atlantic
region (Fig. 9).

5 Discussion and conclusions

Our results indicate that stratification-dependent mixing
may lead to a reduction of dense water formation in the

SPG that might not be reproduced by ocean models using

constant mixing. The recovery of the AMOC that occurs in
our model when the CO2 concentration is stabilized at the

fourfold pre-industrial value is associated with changes in

sea ice cover in the Nordic Seas.
The warm surface air temperature anomaly due to the

increased CO2 concentration leads to a warming of the

surface ocean. As this warm anomaly is penetrating
the ocean, it increases the stratification at pycnocline depth.

This leads to decreased diffusivities, with the magnitude of
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Fig. 6 Rate of dense water production in Sv in the Irminger Sea, as a
function of a and time. Dense water formation rates are calculated
from annual changes of volume of waters with q C 1,028 kg m-3.
Note that the values are calculated from annual snapshots, and not
averages over each 50 year period. The high rates of dense water
formation occuring during the recovery phase are therefore likely to
be noise

Fig. 7 Shading Change in the zonally averaged Atlantic density
caused by a delay of the CO2 reduction for a = 2, i.e. q(a = 2, reduc.
175)-q(a = 2, reduc. 150), in kg m-3, taken 900 year after the CO2

concentration reduction started. Contours Difference of the AMOC
streamfunction caused by a delay of the CO2 reduction for a = 2, i.e.
W(a = 2, reduc. 175)-W(a = 2, reduc. 150), at the same time; dotted
is zero contour, dashed is negative. Contour interval 1 Sv. The
dashed red line indicates the approximate position of the center of the
SPG
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this effect depending on a. Subsequently, upwelling in low

latitudes is weakened, affecting the strength of the AMOC.
However, this effect is of second order: Following the

estimates of Mignot et al. (2006) for the model used in this

study, the observed decrease in low latitude vertical dif-
fusivity accounts for*0.4 Sv weakening of the AMOC for

a = 1. This value increases to only *0.5 Sv for a = 2.

The weakening and recovery of the AMOC are thus only
weakly affected by changes of the diffusivity in the

pycnocline in low latitudes that are caused by the mixing

parameterization.
Our results further indicate that under stratification-

dependent mixing, two different regimes for the North

Atlantic ocean circulation exist: One with inflow of warm
and saline Atlantic waters into the Nordic Seas, causing a

strong heat loss and overturning within the Nordic Seas, as

it is presently observed. With a weaker SPG, however,
Atlantic waters being advected into the north east Atlantic

might recirculate, leading to strongly reduced heat loss to
the atmosphere, weakened overturning, and cooling of the

Nordic Seas region. While, as in the experiments presented

here, a change from one regime to the other could be
triggered by an episodic increase of the atmospheric CO2

concentration, the recirculation regime also occured spon-

taneously as the equilibrium state in the cases a = 1.5
and 2.5, and it has been shown by Levermann and Born

(2007) that it can also be triggered by changes to the

GSR overflow.
However, our climate model has no atmospheric vari-

ability. Given the importance of wind stress forcing to the

SPG, it is unclear how a fully coupled model would behave
in the experiments presented here. It is nevertheless inter-

esting to note that the modelled SPG undergoes large

changes, especially in the peaking CO2 experiments,
without varying wind stress forcing. The nearly complete

disappearance of the SPG (see arrows in Fig. 8a) illustrates

the importance of the local density distribution for the
circulation pattern.

There is no convective mixing in the Labrador Sea in the

model used for this study. Instead, all convective mixing
occuring south of the GSR is shifted to the Irminger Sea.

Our findings illustrate that the changes in dense water

formation will likely differ strongly between the regions of
deep convection, and might be different if dense water

formation was occuring in the Labrador Sea.

While the model does have both spatial and temporal
variability in vertical diffusion, we did not account for

spatial variability in the energy available for the mixing.

Using a parameterization that is equivalent to our a = 2
case, Saenko (2006) shows that in an idealized basin

setting, the response of the AMOC to increasing CO2 levels

may depend on the spatial distribution of the energy
available for mixing. Further work is necessary to include

this, and to account for power budget considerations (St.

Laurent and Simmons 2006).
The model used for the experiments presented here does

not account for increased meltwater run-off following the

increasing CO2 levels. It has been argued that in experi-
ments lacking this feature, the reduced heat fluxes are the

dominant effect causing the weakening of the AMOC

(Gregory et al. 2005). Also Jungclaus et al. (2006a) sug-
gested that under global warming, the effect of additional

a

b

Fig. 8 a Blue arrows Velocities averaged over the upper 500 m for
a = 2, reduc. 175. Red arrows Velocities averaged over the upper
500 m for a = 2, reduc. 150. The black arrow in the lower right
corner indicates 5 cm s-1. b Shading Anomaly of the annual mean
net heat flux (W m-2) into the ocean caused by a delay of the CO2

reduction for a = 2, taken 900 years after the start of the CO2

increase. Contours Change in the annual mean of percentage sea ice
cover caused by a delay of the CO2 reduction for a = 2; dashed is
zero contour, solid is positive. Contour interval 20%

Fig. 9 Change in the annual mean surface air temperature caused by
a delay of the CO2 reduction for a = 2, i.e. T(a = 2, reduc. 175)-
T(a = 2, reduc. 150), in K, taken 900 year after the CO2 concentra-
tion reduction started
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meltwater input from the Greenland ice sheet is small

compared to the effect of the changed heat fluxes. The
findings presented here however suggest that additional

freshening of the high latitude surface ocean might

enhance the strength of the feedback between stratification
and diffusion, further destabilizing the AMOC, and

Swingedouw et al. (2007) found that the additional fresh-

water input into the North Atlantic caused by increased
meltwater run-off may be large enough to cause a perma-

nent shut down of the AMOC.
The model produces excessive concentrations of sea

ice in the Barents Sea under pre-industrial conditions

(Montoya et al. 2005) which persist at the beginning of the
CO2 increase (Fig. 3a). It is therefore possible that the

model overestimates the change in sea ice cover, which

would imply that also the recovery of the AMOC is
overestimated. Thus, our result that the equilibrium AMOC

may be stronger under high concentration of CO2 needs to

be taken with caution.
The experiments presented here can only be a first step

in exploring the effect that a more physical parameteriza-

tion of vertical diffusivity may have on model behavior,
and its implications for projections of future climate.
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