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Abstract
The surface heat flux feedback is estimated in the Atlantic and the extra-tropical Indo-Pacific,
using monthly heat flux and sea surface temperature anomaly data from control simulations
with five global climate models, and it is compared to estimates derived from COADS and the
NCEP reanalysis. In all data sets, the heat flux feedback is negative nearly everywhere and
damps the sea surface temperature anomalies. At extra-tropical latitudes, it is strongly
dominated by the turbulent fluxes. The radiative feedback can be positive or negative,
depending on location and season, but it remains small, except in some models in the tropical
Atlantic. The negative heat flux feedback is strong in the mid-latitude storm tracks, exceeding
40 W m–2 K–1 at place, but in the Northern Hemisphere it is substantially underestimated in
several models. The negative feedback weakens at high latitudes, although the models do not
reproduce the weak positive feedback found in NCEP in the northern North Atlantic. The
main differences are found in the tropical Atlantic where the heat flux feedback is weakly
negative in some models , as in the observations, and strongly negative in others where it can
exceed 30 W m–2 K–1 at large scales, in part because of a strong contribution of the radiative
fluxes, in particular during spring. A comparison between models with similar atmospheric or
oceanic components suggests that the atmospheric model is primarily responsible for the heat
flux feedback differences at extra-tropical latitudes. In the tropical Atlantic, the ocean
behavior plays an equal role. The differences in heat flux feedback in the tropical Atlantic are
reflected in the sea surface temperature anomaly persistence, which is too small in models
where the heat flux damping is large. A good representation of the heat flux feedback is thus
required to simulate climate variability realistically.

1 Introduction
The surface heat flux plays a dual role in the dynamics of large-scale sea surface temperature
(SST) anomalies: it largely contributes to their generation, but it also affects their evolution
after they have been generated, thereby acting as a feedback (Frankignoul and Hasselmann
1977). The heat flux feedback thus controls in part the persistence and the amplitude of the

SST anomalies. As it also determines the flux of energy exchanged with the atmosphere that
is associated with a SST anomaly of given amplitude, it plays an important role at low
frequency and must be well represented in climate models.
As shown by Frankignoul et al. (1998, hereafter FCL), the heat flux feedback can be
estimated at extra-tropical latitudes from the observations. Because of the short time scale of
the intrinsic variability of the atmosphere, the covariance between atmospheric and SST
anomalies is negligible when SST leads by more than the atmospheric persistence if the SST
anomalies have no influence on the atmosphere. If they have an influence, then the covariance
does not vanish but decays with increasing lead time as the SST anomalies. FCL used this
property to show that the turbulent (latent and sensible) heat flux feedback derived from the
COADS observations was always negative in the central and eastern North Atlantic, thereby
damping the SST anomalies. It averaged about 20 W m–2 K–1, and was stronger during fall
and winter than during summer. The analysis was extended by Frankignoul and Kestenare
(2002, hereafter FK) to the Atlantic and the North Pacific, using both COADS and the NCEP
reanalysis. At extra tropical latitudes, the heat flux feedback was shown to be negative and
dominated by the turbulent fluxes, mostly ranging between 10 and 40 W m–2 K–1. Depending
on season and location, the radiative feedback could be positive or negative, but it was
generally small.
In the tropics, the statistical signature of the air-sea interactions is more difficult to interpret as
the ocean–atmosphere coupling is stronger. In the tropical Pacific, the coupling is so strong
that the oceanic and atmospheric fluctuations mostly have the same time scale, so that FCL s
method cannot be used. Nonetheless, the observations suggest that the heat flux feedback is
negative in the equatorial Pacific (Ramanathan and Collins 1991). In the tropical Atlantic, the
coupling is weaker and the atmospheric fluctuations less persistent. FCL s method can be
thus be used, at least if the influence of the El Niño – Southern Oscillation (ENSO) in the
tropical Pacific can be removed (the ENSO teleconnections bias the heat flux feedback
estimates toward positive feedback, sustained atmospheric forcing being interpreted as an
atmospheric response to the SST anomalies). FK found that the heat flux feedback was weak
but negative (consistent with Czaja et al. 2002). The wind-evaporation-SST (WES) feedback
(Xie and Philander 1994; Chang et al. 1997) is thus not strong enough to sustain the SST
anomaly dipole (although the SST anomalies are largely uncorrelated between either side
of the equator), contrary to what had been suggested by Chang et al. (1997; 2001) based on an
analysis where the ENSO forcing had not been removed.
As reviewed by Frankignoul et al. (1998) and FK, estimates of the heat flux feedback have
been derived from the response of atmospheric general circulation models (GCMs) to
prescribed SST anomalies. However, the results of these sensitivity studies may not apply to a
more realistic setting where the SST anomalies are allowed to vary. Indeed, as the SST
anomalies primarily result from the natural variability of the atmosphere, the feedback should
be weaker at low frequency where the SST has time to adjust to the air temperature
fluctuations, reducing the air–sea contrast (Barsugli and Battisti 1998). Also, if the SST
anomalies result from an oceanic heat flux convergence, they may not be co-located with the
surface heat flux (Sutton and Mathieu 2002). In view of this complexity, GCM validation
should be done in the coupled mode.
Qualitative estimates have been made in a few coupled models: the mid-latitude heat flux
feedback was argued to be positive in the ECHAM3/HOPE coupled model (Latif and Barnett
1994; Grötzner et al. 1998), but found to be negative in ECHAM1/LSG (Zorita and

Frankignoul 1997; Frankignoul et al. 2000) and ECHAM3/LSG (von Storch 2000). In
Frankignoul et al. (2002), the heat flux feedback in the Atlantic was estimated in the
ECHAM4/OPA8 model in exactly the same conditions as when using observations, allowing
for a more quantitative comparison. The model heat flux feedback was found to be realistic at
mid latitudes but much too negative in the tropical Atlantic.
Since the heat flux feedback estimates in FK were generally similar for COADS and NCEP,
they may be used for model validation. In this work, the heat flux feedback is estimated in the
five climate models (Sect. 2) that have been used in the PREDICATE project of the European
Community, and it is compared to the observations. Since the method (Sect. 3) is based on a
separation between atmospheric and SST anomaly time scales, it cannot be used in the
tropical Pacific where the ocean–atmosphere coupling is very strong. The ENSO influence is
strong in the tropical Indian ocean, in particular in the east, and it is thus not considered. The
heat flux feedback is estimated in the other ice-free areas, with emphasis on the Atlantic
where a detailed comparison is conducted (Sect. 4). The influence of the heat flux feedback
on SST anomaly persistence is illustrated in Sect. 5. Discussion and conclusions are given in
Sect. 6.

2 The coupled models
Control simulations from the five global coupled ocean–atmosphere GCMs used in
PREDICATE are considered. These models typically represent very late 1990s or early 2000s
vintage and include sea-ice models that take into account advection. The Bergen Climate
Model (BCM) is described in Furevik et al. (2003), the CERFACS one in Jouzeau et al.
(2003), HADCM3 in Gordon et al. (2000), and the ECHAM5/MPI-OM1 (MPI) model in Latif
et al. (Submitted 2003). The INGV model is the SINTEX model (Guardi et al. 2003), except
that the original relaxation to climatology has been replaced by a coupling with the Louvain
La Neuve dynamic sea-ice model (Fichefet and Morales Maqueda 1997). Table 1 describes
some salient features of their atmosphere and ocean, and gives additional references. The
Bergen model used fixed flux adjustment for heat and freshwater, while the other models
were run without flux correction. All coupled models show the usual biases (e.g., Davey et al.
2002): for instance, the SST is too warm (cold) in the eastern (western) South Atlantic, too
cold in the subtropical gyre of the North Atlantic (except near the too northerly path of the
Gulf Stream), and too warm in the Southeastern Pacific. In the subpolar gyre, the SST can be
too warm (INGV), too cold (CERFACS, Hadley, MPI), or slightly too warm in the west and
too cold in the east (BCM). Note that, because of the flux correction, the SST climatology is
more realistic in BCM, although the equatorial Atlantic is too cold.
Table 1 Model details and additional references
Model
Atmosphere
Ocean

Integration years

BCM

113–233

ARPEGE cycle 15

MICOM

TL 63, L31

0.8–2.4 × 2.4, L24

Déqué et al. (1994)

Bleck et al. (1992)

CERFACS ARPEGE-Climat version 3 OPA 8.1

70–200

T63 (except physics), L31 0.5–2 × 2, L31
HadCM3

Déqué et al. (1994)

Madec et al. (1998)

HadAM3

HadOM3

541–671

Model

INGV

MPI

Atmosphere

Ocean

2.5 × 3.75, L19

1.25 × 1.25, L20

Pope et al. (2000)

Gordon et al. (2000)

ECHAM4

OPA8.1

T42, L19

0.5–2 × 2, L31

Roeckner et al. (1996)

Madec et al. (1998)

ECHAM5

MPI-OM1

T42, L19

About 0.5–2.8 × 2.8, L23

Roeckner et al. (2003)

Marsland et al. (2003)

Integration years

1–95

72–202

Atmosphere: Tn denotes triangular spectral at wave number n, the L-index linear grid, and Ln
n vertical levels. In CERFACS, diabatic and nonlinear terms are calculated on a T42 gaussian
grid. Ocean: latitude x longitude; A–B denotes irregular oceanic resolution ranging between A
and B. Integration years are given after spin-up
In all but one case, we used 131 years of integration in approximate statistically steady state.
We used monthly anomalies from the mean seasonal cycle of SST, turbulent (latent plus
sensible) heat flux, and net (shortwave plus longwave) surface radiation on the atmospheric
model grid (the Gaussian grid for spectral models). To reduce the influence of trends and lowfrequency changes, a third-order polynomial was removed from the monthly data by least
squares fit. Since the estimation of the heat flux feedback requires that the oceanic influence
on the atmosphere be weak and the atmospheric spectra essentially white at low frequency,
the tropical Indo-Pacific between 20°S and 20°N was not considered. Elsewhere we removed
(some of) the ENSO influence by seasonal regression analysis, as described in Sect. 3.
For comparison, we use the feedback that FK similarly estimated using monthly SST and
surface heat flux anomalies from the Comprehensive Ocean-Atmosphere Data Set (COADS)
for 1950–97 (Atlantic) or 1958–97 (North Pacific) on a 5° × 5° grid. We also recomputed for
1958–2001 the heat flux feedback from the monthly SST and surface heat flux anomalies of
the NCEP/NCAR Reanalysis Project (Kalnay et al. 1996) on their 1.9° × 1.9° grid, with
results similar to those obtained by FK for the 1958–98 period, adding for completeness the
southern Indo-Pacific between 20 and 40°S; regions further south were not considered
because of the lack of reliability of the NCEP reanalysis between 1979 and 1992 (Trenberth et
al. 2001). The differences between COADS and NCEP provide an indication of the
uncertainty of the observational estimates. However, note that the COADS data were only
lightly filtered by FK and remained noisy, and that the NCEP turbulent heat flux is biased
high in the North Atlantic, while the shortwave gain tends to be underestimated (see Josey
2001 and references therein). Also, because of sparse data, the heat flux feedback in the
Southern Hemisphere is poorly documented in COADS, and less constrained by observations
in NCEP.
To prevent the heat flux feedback estimates being contaminated by the presence of sea ice,
grid points that had a sea-ice concentration in excess of 20% during at least one winter were
excluded from the analysis (this stringent criterion roughly corresponds to a maximum
climatological sea-ice concentration of 5%). As shown by the blackened areas in the figures
below, the sea-ice extension varies between models. In the Northern Hemisphere, it is realistic

(as compared with NCEP) in INGV, but somewhat larger than observed in CERFACS,
HADCM3, and MPI, and smaller in BCM.

3 Estimation of the heat flux feedback
Let us assume that the anomaly Q in the surface heat flux (positive downward) can be
decomposed into
(1)
where q is independent of the SST anomaly T , – T is the heat flux anomaly induced by T
, and the heat flux feedback (in W m–2 K–1, positive for negative feedback). This assumes
that the heat flux adjustment to a SST anomaly is linear and fast so that the atmospheric
boundary layer reaches a balance quite rapidly compared to the time rate of change of the SST
anomaly. The cross-covariance RTQ( ) at lag between T and Q is then given by
(2)
where RTq is the cross-covariance between T and q , and RTT the auto-covariance of T .
At extra-tropical latitudes, q represents the part of the heat flux anomalies which is solely
controlled by the atmospheric dynamics. As it is well modeled by a short time scale stochastic
process, RTq( ) vanishes when T leads q by more than the atmospheric persistence. The
feedback is thus given at sufficiently large negative lag by
(3)
which can be estimated from observed or model data. When using monthly anomalies, Eq. (3)
holds to a good approximation at all negative lags, although it neglects the small contribution
of RTq that may be associated at lag –1 month with atmospheric persistence. Since Eq. (3)
become too noisy at large lags to provide useful information, will be estimated as in FK by
averaging the values of obtained at lag –1, –2, and –3 (–1 for seasonal estimates) if the
persistence of the SST anomalies is sufficiently large for their auto-correlation to differ from
zero at the 5% level, assuming independent samples. If no lag qualifies, the feedback is set to
zero. In the equatorial Atlantic, q may become persistent, because of changes in the intrinsic
atmospheric variability and stronger ocean–atmosphere coupling. Use of relation (3) then
leads to heat flux feedback estimates that are biased toward positive feedback (see FK).
A similar bias results from global ENSO teleconnections that add a persistent component to
the heat flux anomalies. Assuming linearity, the heat flux can then be written at each grid
point
(4)
where N (t) represents the (slowly varying) ENSO time behavior and measures the heat flux
associated with the ENSO teleconnections. As RTN( ) does not vanish at negative lag, Eq. (3)
would provide an estimate of the heat flux feedback that is biased toward positive feedback.
As shown by FK, unbiased estimates can be obtained, at least within the framework of the
simplified model Eq. (4), by removing the ENSO signal by regression analysis from both the
heat flux and the SST anomaly data. Thus we define corrected anomalies by
and
calculated by least squares fit, and

where and
is an estimate of

–

are

. One then has,
(5)

so that Eq. (3) remains applicable at negative lags for corrected variables. Note that Eq. (4)
neglects the observed non-linearity of the ENSO teleconnections, (Hoerling et al. 1997), but
easily allows for seasonal dependence. Following FK, ENSO was defined in each data set by
the first two principal components of the monthly SST anomalies in the tropical Pacific
between 12.5°N and 12.5°S, which represent 64, 70, 63, 41, and 58% of the variance in BCM,
CERFACS, Hadley, INGV, and MPI, respectively, 46% in COADS, and 78% in NCEP (the
smaller percentage in COADS results from the large amount of noise and gaps in the raw
tropical Pacific data). Seasonally varying regression coefficients were then determined by
least squares fit for each variable and grid point, using successive sets of three months to get
smoothly varying estimates. The March regression was estimated from each February, March,
and April (FMA), the April one from each March, April, and May (MAM),... The amount of
removed variance varies somewhat between models but generally compares well with that
removed from COADS or NCEP: Mostly less than 10% for the heat flux and 15% for SST,
except in the Pacific where it can locally reach about 30% for SST. In the tropical Indian
ocean, the ENSO signal in SST was substantially larger, which led us to exclude it from the
analysis.
It should be noted that the method removes the instantaneous (on monthly time scale) linear
effect of ENSO on Q but not its possible delayed influence. However, Klein et al. (1999)
have shown that the heat flux anomalies in the tropical North Atlantic and the South China
Sea were best correlated with the simultaneous value of their ENSO index. It can thus be
assumed that most of the (linear) ENSO influence on the surface heat flux is removed by our
procedure. That the corresponding SST response to ENSO peaks after four to five months is
irrelevant, since Eq. (3) is based on the relation between heat flux and prior SST anomalies.
The analysis procedure is the same for each model and the two reference data sets. However,
to reduce the contamination by measurement errors, mesoscale eddies, interpolation, and
sampling uncertainties, the anomaly fields in COADS were filtered by empirical orthogonal
function (EOF) analysis in each ocean basin separately, reconstructing the fields from the first
EOFs that accounted for 90% of their variance.

4 Global distribution of the heat flux feedback

4.1 Annual means
Figure 1 shows the net (turbulent plus radiative) heat flux feedback distribution for each
model and the two observed data sets. Models with similar atmospheric (BCM and
CERFACS) or oceanic (CERFACS and INGV) component are represented consecutively,
while MPI follows INGV to stress the differences between ECHAM4 (INGV) and ECHAM5
(MPI). Overall, the net heat flux feedback is nearly everywhere negative. At extra-tropical
latitudes, its geographical dependence is rather similar in the coupled models to that found in
COADS and NCEP. However, the strength of the negative feedback is model dependent, with
the largest values in INGV and the lowest ones in MPI. In both hemispheres, the heat flux
feedback is strongly negative at mid latitudes between about 20 and 40° of latitude, generally
ranging between 15 and 40 W m–2 K–1, with largest values in the storm tracks on the western
half of the ocean basins and in a narrow band tilting slightly northeastward in the North
Pacific. In the North Atlantic, the negative feedback tends to be underestimated in the storm

track in all models but INGV, and the negative feedback maximum around 50°N seen in
NCEP and, to a lesser extent, COADS is not reproduced, except in MPI where there is a weak
maximum. Most models show a weakening of the negative feedback in the northern North
Atlantic, but none of them reproduces the patches of positive feedback seen in NCEP north of
about 60°N (note that the present analysis goes further north than in FK), or the corresponding
tendency toward positive feedback seen at the northernmost COADS grid points (65°N).
However, this area is much more under the influence of ice in several models. In the central
North Pacific, the strong observed negative feedback is underestimated in the models,
although to a lesser extent in CERFACS and INGV. The general underestimation of the
negative feedback at northern mid latitudes could in part be linked to the limited resolution
(T42 or equivalent) of the atmospheric models. Note that the feedback in the Atlantic in
INGV is comparable to that found in a lower resolution version (T30) of the model
(Frankignoul et al. 2002), so that this possible influence may only come into play above a
certain atmospheric resolution.

Fig. 1a, b Heat flux feedback in W m–2 K–1 (positive values indicate negative feedback) in the
five coupled models, NCEP, and COADS. Areas where the monthly sea-ice coverage exceeds
20% during at least one year have been blackened (except in COADS where the gray areas
indicate insufficient data coverage)
On the other hand, between 20 and 40°S, the negative feedback in the western and central
South Pacific and in the Indian oceans tends to be stronger than in NCEP in all models but
MPI. In the eastern South Pacific, a band of strong negative feedback is found in NCEP, and
it is generally well reproduced, except in Hadley and MPI. We found no obvious link between
these features and the surface wind climatologies.
The largest differences occur in the tropical Atlantic, where there is only little (positive or
negative) feedback in COADS and a moderate negative feedback in NCEP. Instead, in all
models but MPI, there is a band of large negative feedback broadly centered on the mean
position of the Intertropical Convergence Zone (ITCZ). This negative feedback is very strong
in CERFACS and INGV, with peaks exceeding 40 W m–2 K–1, but more moderate in BCM
and Hadley. As recalled in Sect. 3, the heat flux feedback estimates in the tropical Atlantic

may be slightly biased toward positive feedback, so that the feedback may even be more
negative than in Fig. 1.
A more synthetic view of the feedback strength is given for the Atlantic in Fig. 2 by
considering anomalies averaged across the basin in 10° latitudinal bands (5° at the equator).
Note that the bands do not exactly correspond between all data sets, due to differences in grid
sizes and sea-ice cover. As discussed in FK, the turbulent heat flux feedback is less negative
at large spatial scales because of the scale dependence of the atmospheric response to diabatic
heating (e.g., Frankignoul 1985) and the efficiency of advection at removing heating
perturbations in the boundary layer (e.g., Kleeman and Power 1995). Hence, the large-scale
feedback in Fig. 2 is typically smaller at extra-tropical latitudes than the average of the
feedback in Fig. 1 over corresponding domains. At mid latitudes, the large-scale negative
feedback in the North Atlantic ranges between 10 and 15 W m–2 K–1 in all coupled models,
except in INGV where it is larger, but still smaller than in COADS and NCEP where the
large-scale negative feedback exceeds 20 W m–2 K–1. North of 40 or 50°N, the negative
feedback is weaker in most data set, of the order of 10 W m–2 K–1. In the northernmost band,
CERFACS and INGV show a further weakening of the negative feedback, but none of the
models has the reversal to positive feedback seen in NCEP. Note however that this domain is
small and model-dependent, because of differences in sea-ice extent and grid size.

Fig. 2a, b Heat flux feedback in W m–2 K–1 for COADS, NCEP, and the five coupled models
for Atlantic anomalies in 10° latitudinal bands (5° at the equator). Positive values indicate
negative feedback. Areas where the monthly sea-ice coverage can exceed 20% during at least
one year have been blackened (except in COADS where the gray areas indicate insufficient
data coverage)

In the tropical Atlantic, the large-scale negative feedback increases from weakly negative in
COADS, moderately negative in MPI, Hadley, NCEP, to strongly negative in BCM,
CERFACS and INGV, reflecting the large discrepancies in Fig. 1. The negative feedback
tends to be stronger along and near the equator, but it also ranges widely from a minimum of
about 8 W m–2 K–1 in COADS and MPI to a maximum of 31 W m–2 K–1 in CERFACS and
INGV, with BCM and Hadley in-between. In the south subtropical Atlantic, the large-scale
heat flux feedbacks are generally comparable, ranging between 12 and 22 W m–2 K–1.
Since BCM and CERFACS have a very similar atmospheric component (ARPEGE), and
CERFACS and INGV an identical oceanic one (OPA), Figs. 1 and 2 suggest that both

components of the coupled models must influence the heat flux feedback in the tropics,
mostly via the SST and the location of the ITCZ, as suggested later. At extra-tropical
latitudes, the greater similarity between BCM and CERFACS than between CERFACS and
INGV suggests that the feedback is primarily controlled by the atmosphere.
As in the observations, the net heat flux feedback in the coupled models is mostly due to the
turbulent fluxes, except in the tropics where the surface radiative feedback also substantially
contributes. In warm convective regions, a negative radiative feedback is expected from the
direct atmospheric response to SST changes, warmer SST favoring deep convection and
leading to more cirrus clouds in the upper troposphere, hence less incoming solar radiation
(Ramanathan and Collins 1991). On the other hand, the radiative feedback should be positive
in regions with strong stratus coverage, because marine stratiform cloudiness is enhanced by
lower SST, thereby decreasing surface insolation (Norris et al. 1998). Note however that
clouds of different height and optical thickness may respond differently to the SST changes,
so that their net impact on the surface radiation may be quite complicated (e.g., Williams et al.
2003). As shown in Fig. 3, the radiative feedback is always small at extra-tropical latitudes,
with a tendency to be positive in the central and eastern subtropics, but negative in the
western subtropics, consistent with the observed amount of low stratiform clouds (Klein and
Hartmann 1993). In the tropical Atlantic, the radiative feedback is weak in COADS (slightly
negative in the west and positive in the east), and everywhere negative in NCEP, in particular
along the equator in the west where it exceeds 10 W m–2 K–1. The coupled models again show
different behaviors: in BCM and Hadley, the radiative feedback is weakly negative in the
western equatorial Atlantic, while it can have either sign further east, consistent with the
observations. In CERFACS, it is everywhere negative but peaks in the Gulf of Guinea,
exceeding 20 W m–2 K–1. The same pattern is seen in INGV, but with values exceeding
30 W m–2 K–1. In MPI the radiative feedback tends to be negative in the east but positive in
the west and along the equator, presumably because the mean zonal SST gradient is inverted
and the SST is minimum over South America (see Fig. 5 and 6 later). A synthetic view of the
radiative feedback is given for zonal bands in the Atlantic in Fig. 4. At large scales, the
radiative feedback remains small outside the tropics, but in the tropical Atlantic it ranges from
very small in Hadley, MPI, COADS, and even NCEP to weakly negative in BCM, and
strongly negative in CERFACS and INGV. It is shown later that these differences in radiative
feedback are linked to the SST and, presumably, the cloud distribution.

Fig. 3a, b As in Fig. 1 but for the radiative heat flux feedback

Fig. 4a, b As in Fig. 2 but for the radiative heat flux feedback

4.2 Seasonal variations
The seasonal cycle of the heat flux feedback in COADS and NCEP has been discussed in FK
and, outside the tropical Atlantic, it is similar in the models. The turbulent heat flux feedback
(and thus the net one) is more negative in the winter hemisphere and less negative in the
summer one, consistent with the wind dependence of the bulk formulae for the turbulent
fluxes. It is worth noting that the weak positive heat flux feedback seen in NCEP in the
northern North Atlantic (Figs. 1 and 2) primarily comes from the turbulent heat flux feedback
in winter and spring, and that only CERFACS has similar seasonal variations (not shown). At
mid latitudes, the radiative feedback tends to be weakly positive in the summer hemisphere,
consistent with observations in the North Pacific (Norris et al. 1998), and weakly negative
(less positive for MPI) in the winter one (see FK).

The seasonal variations of the heat flux feedback in the tropical Atlantic should be discussed,
however, as they strongly differ between data sets. The position of the ITCZ and the SST
maximum varies seasonally, being furthest south between February and April and north in
August-September (Hastenrath 1991). Most coupled models have difficulty in reproducing
these seasonal variations, and indeed the ITCZ lies too far north in BCM, INGV, and MPI,
and too far south in CERFACS and MPI, while the seasonal migration is realistic in Hadley.
Some features of the SST climatology are illustrated in Figs. 5 and 6 (contours) for the two
seasons that have the most contrasting heat flux feedback, focusing on the 15°S–15°N
domain. Spring is defined by FMAM for SST and MAMJ for the heat flux, and summer by
MJJA for SST and JJAS for the heat flux. As shown by the mean position of the 26, 27, and
28 °C isotherms contours (the other ones are not represented) in COADS and NCEP, spring
corresponds to a southerly position of the ITCZ and summer to a northerly one.

Fig. 5 Turbulent heat flux feedback in the tropical Atlantic (color scale, in W m–2 K–1) and
mean position of the 26 °C (dashed line), 27 °C (heavy continuous line), and 28 °C (thin
continuous line) in spring (left) and summer (right) in the five coupled models, NCEP and
COADS. Positive values indicate negative feedback

Fig. 6 As in Fig. 5 but for the radiative heat flux feedback

As noted before, in all models the SST is much too warm in the southeastern Atlantic (less in
BCM because of the heat flux correction), even though it is not striking in Figs. 5 and 6
because the colder isotherms are not shown. In spring, the SST climatology is otherwise
rather realistic (differences less than 1 °C) in BCM, Hadley, except that it is too warm in the
west, and INGV, except that it is too cold in the east and the Gulf of Guinea. The largest
discrepancies with the observations are found in CERFACS, which is generally too cold (by
up to 2 °C near the equator), and MPI, which is much too cold in the west and too warm in the
east, so that SST increases eastward. In summer, the model-observations differences tend to
be larger. BCM is too cold near the equator, except in the Gulf of Guinea, while Hadley is
realistic, except in the Gulf of Guinea where it is too warm. The other models are too cold in
the west and in the northeastern part of the domain, and too warm in the Gulf of Guinea.
The turbulent heat flux feedback is shown in Fig. 5 (color). Although the feedback estimated
from Eq. (3) is less reliable since it is derived from a more limited sample and based on lag –1
only, COADS and NCEP are mostly in reasonable agreement, showing a stronger negative
feedback (but still weak) in summer (right) than in spring (left), when there are more patches
of positive feedback in both data sets, albeit at different locations. By contrast, in the coupled
models the turbulent heat flux feedback tends to be more negative in spring than in summer.
In spring (Fig. 5, left), the negative turbulent heat flux feedback is large in all the models but
MPI, reaching 25 W m–2 K–1 over a substantial area of warm SST, with values exceeding
40 W m–2 K–1 along and to the north of the ITCZ in CERFACS, and along the equator in the
Gulf of Guinea in INGV. BCM and Hadley have both an elongated patch of positive feedback
in the west, south of the equator, with some limited correspondence with the (noisy) estimates
in COADS or NCEP. In summer (Fig. 5, right), the turbulent heat flux feedback is too strong
north of the equator in all models but MPI, in particular in BCM, CERFACS, and INGV.
Note however that there is a band of weak positive feedback in CERFACS along 10°N that
corresponds well to a band of negligible feedback in COADS and NCEP, but is not found in
the other models. For brevity, the estimates in other seasons are not shown, but the agreement
with COADS and NCEP remains limited in fall (except for INGV) and winter (except for
Hadley).
The radiative feedback is shown for the same two seasons in Fig. 6. Again, although the
estimates are noisy, there is some agreement between the main features in COADS and
NCEP, with broad domains where the radiative feedback is either weakly positive or weakly
negative. However, in spring COADS has areas with more substantial negative (near 5°S) or
positive (near 5°N) feedback along the South American coast than NCEP. Except for the
latter, a positive radiative feedback is mainly found where the mean SST is less than about
26 °C (dashed contour), presumably because the low-level static stability of the atmosphere is
large and clouds are confined to the boundary layer. In spring, the feedback is only
substantially negative when the SST exceeds 27 °C, but note that in NCEP (but not always in
COADS) the negative feedback is weaker when the SST is above 28 °C, possibly because it is
in the transition region between little and much convection that the SST anomalies have the
largest impact. Whether this reflects reality or the representation of clouds in the NCEP model
will not be speculated upon, but recall that the observations are sparse in these regions. In any
case, in summer the correspondence is less clear, and the maximum negative feedback in
NCEP is found in the central equatorial Atlantic over waters ranging between 26 and 27 °C.

In both seasons, the Hadley model has a rather realistic behavior, with mostly positive
feedback above SST colder than about 26 °C, and negative feedback over warmer water. In
BCM, there is a bias toward too strong negative feedback in spring and over warm northern
waters in summer, but otherwise the geographic distribution of the radiative feedback is
realistic. In both seasons, the most extreme behavior is found in CERFACS and INGV, with
generally very strong negative feedback over SSTs larger than 26 °C, in particular in spring
where it exceeds 40 W m–2 K–1 over large areas. In MPI, the radiative feedback in spring is
positive (negative) over waters colder (warmer) than about 26 °C, as in the observations, but
the geographic distribution of the feedback is not realistic because of the poor SST
climatology. In summer the radiative feedback is generally small, not unlike that in NCEP.
Again, fall and winter are not shown. In the observations as well as in the models, the
radiative feedback in fall is similar to that in summer, and in winter it closely resembles the
radiative feedback in spring, but often with weaker negative feedbacks.
It should be stressed that the discrepancies with the observations may not reflect an incorrect
representation of the radiative impacts of clouds, but rather inadequacies in the cloud structure
simulated by the models. The cloud response of the models should thus be evaluated, as in
Williams at al. (2003), but this goes beyond the goals of the present study.

5 Influence on the persistence of SST anomalies
Since the heat flux feedback may substantially differ between models and the observations, in
particular in the tropical Atlantic, it is of interest to determine whether it correspondingly
leads to different SST anomaly time scale. FCL have suggested that the heat flux feedback
contributes to about half the SST anomaly damping in the North Atlantic at mid latitudes
away from large currents, where the simple stochastic climate model of Frankignoul and
Hasselmann (1977) is applicable to a good approximation and the SST anomaly e-folding
time set by the strength of the feedback processes. In the slab oceanic mixed layer model, the
SST anomalies are well-represented by a first-order Markov process on time scales much
longer than that of the atmospheric forcing, and their decay rate (or feedback factor ) can be
estimated from the SST anomaly autocovariance function RTT( ) that decays as exp(–
) for
0. As discussed in FCL and Frankignoul et al. (2002), the feedback factor can be
decomposed into an oceanic contribution o and an atmospheric one ( = o + a), where
the latter is related to the heat flux feedback in Eq. (1) by
(6)
where
is the mean heat capacity of the oceanic surface mixed layer. If the heat flux
feedback plays a significant role in determining the SST anomaly persistence, one expects
to be linearly related to a. Hence, a coupled model with a stronger negative heat flux
feedback should have shorter time scale SST anomalies, although some scatter is expected
from the differences in mixed layer depth.
Although the heat flux feedback estimates remain valid in the presence of large mean
currents, as pointed out by FK, their contribution to the SST anomaly decay rate is obscured
at a fixed location by the effect of advection, which leads to an underestimation of the SST
anomaly persistence (de Coëtlogon and Frankignoul 2003). Also, in regions of substantial
large-scale geostrophic variability as near the Gulf Stream, the SST anomaly time scale may

in addition be primarily set by the geostrophic fluctuations (e.g. Halliwell 1998), not by
feedback processes. Hence, we only investigate the relation between heat flux feedback and
SST anomaly persistence south of the Gulf Stream and in large boxes by considering
anomalies for latitudinal bands of 15° width, which reduces the influence of advection. As the
model applies when the atmospheric forcing that generates the SST anomalies is essentially
white at low frequencies, the SST anomaly persistence is estimated after (linear) removal of
the ENSO signal, as in Sect. 3. The equatorial region is not considered since ocean dynamics
have a strong influence on the SST anomalies and a stochastically forced slab model would be
a poor approximation.
The parameter has been estimated from monthly SST anomalies, using FCL relation (A3)
that takes into account the use of monthly averages, and the nonlinear fitting procedure of
Levenberg and Marquardt (1994) at lag 3 months. To treat the models in the same way as
COADS and NCEP, and to document the uncertainty of the calculation, the first and last
45 years of each simulation were considered separately, a third order polynomial estimated by
least squares fit being removed from each anomaly time series.
A scatter plot of the estimated persistence versus the negative heat flux feedback is given for
three domains in Fig. 7. Each model is represented by two dots that correspond to the two 45year segments. There is a marked tendency for these independent estimates to cluster by
model, suggesting the reliability of our calculation, with an accuracy of about 5 W m–2 K–1 for
and 0.1 month–1 for . However, the SST anomaly persistence is smaller in COADS than
NCEP, although they nearly correspond to the same time period. This is primarily due to the
limited filtering applied to the COADS data (Sect. 2) that are more affected by irregular
sampling, small-scale fluctuations, and data noise than the smoothed SSTs used in NCEP. The
contamination should be larger in the tropics, where ship reports are sparse, leading to an
underestimation of the SST persistence in COADS (an overestimation of ). No bias is
expected for the heat flux feedback, however, as the heat fluxes in COADS are calculated
from the same individual ship observations as the SST.

Fig. 7 Scatter plot of the feedback factor (in month–1) of monthly SST anomalies versus heat
flux feedback (in W m–2 K–1) in COADS, NCEP and the five coupled models in three
latitudinal domains. For each model, the estimates for the first and last 45 years are plotted

In the subtropical North Atlantic (Fig. 7, top), there is much scatter and only a hint of an
increase in with the strength of the negative feedback, presumably because other processes
such as subduction also play a role in controlling the SST anomaly persistence (de Coëtlogon
and Frankignoul 2003). In the tropical Atlantic, however, there is a general increase of the
inverse SST anomaly persistence with increasing negative heat flux feedback both north and
south of the equator, except that the SST damping in the South Atlantic is stronger in MPI
than in the other models. Note that NCEP is consistent with the linear dependency suggested
by the coupled models, and that the weaker COADS feedback would also roughly be if the
SST anomaly persistence had been taken from NCEP.
In the two tropical Atlantic boxes, the approximate alignment of the points in Fig. 7 can be
extrapolated to zero heat flux feedback, yielding
0.1. Using this value as representative of
the oceanic contribution to the SST anomaly damping, an admittedly crude step, suggests that
the heat flux feedback a might generally account for about half of the damping of the
observed SST anomalies, but up to 3/4 in coupled models like INGV or BCM. This should
explain why the atmospherically driven SST anomalies are too short-lived in these models.

6 Discussion and conclusions
At extra-tropical latitudes, the general features of the surface heat flux feedback are similar in
the coupled models and the observed data sets. In particular, the net heat flux feedback is
dominated by the turbulent fluxes, is nearly everywhere negative on an annual basis, and is
strongest around the mid-latitude storm tracks. In North Atlantic, the negative feedback
exceeds 40 W m–2 K–1 over substantial areas in COADS and NCEP (20 W m–2 K–1 for 10°
latitudinal bands), but all models but INGV underestimate this maximum, sometimes by a
factor of two. Comparing models with a very similar atmospheric (BCM and CERFACS) or
oceanic (CERFACS and INGV) component suggests that the heat flux feedback differences
between the coupled models primarily arise at mid latitudes from their atmospheric
component. In the northern North Atlantic, the negative heat flux feedback strongly decreases
in the observations and even becomes slightly positive at the northern edge, primarily because
of the turbulent fluxes in winter and spring. This feature, which should enhance the SST
variability near deep water formation regions, is only hinted upon in CERFACS.
The largest differences were found in the tropical Atlantic, where the observed feedback is
weak, while it ranges between rather realistic (albeit slightly too negative) in Hadley and
much too negative in INGV and, along the equator, CERFACS, where it exceeds 30 W m–
2 –1
K at large scales. This occurs in part because the radiative fluxes strongly contributes to
the negative feedback, in particular during spring. In the tropics, the heat flux feedback
difference between the coupled models seems to be strongly linked to their SST climatology,
hence the oceanic component plays a role as well. For instance, an inverted zonal SST
gradient along the equator explains why the heat flux feedback is not realistic in MPI, even
though it has the correct order of magnitude. Linking these results with the simulated
atmospheric boundary layer and cloud structure should provide important information that
may ultimately lead to improved model parametrizations, but this will be attempted
elsewhere.
When summarizing the heat flux feedback intercomparison between the five coupled models,
it should be kept in mind that the performance of a model may differ at mid latitudes and in

the tropics, hence that the ranking of the models may depend on the particular focus. Because
it has the most realistic behavior in the tropical Atlantic and compares reasonably well with
the observations elsewhere, Hadley shows the best overall behavior. BCM and CERFACS
also seem fairly realistic, except for a too strong negative heat flux feedback in the tropical
Atlantic, while MPI underestimates the negative feedback at mid latitudes. In INGV, the
negative feedback is much too strong in the Atlantic, but elsewhere it also behaves reasonably
well. In any case, there are biases in all of the models and there is thus room for improvement.
The differences in the heat flux feedback were shown to have a substantial impact on the
characteristic SST anomaly time scale in the tropical Atlantic, so that models with a too
strong negative heat flux feedback like INGV and BCM have too short-lived SST anomalies.
A crude estimation suggests that, outside the equatorial waveguide, the heat flux feedback
approximately accounts for about half of the damping of the observed SST anomalies, but up
to 3/4 in coupled models like INGV or BCM. Note that the influence of the heat flux feedback
is hardly seen in the subtropical North Atlantic, presumably because other processes such as
subduction play an important role (de Coëtlogon and Frankignoul 2003), or near the equator
where the SST changes are primarily set by ocean dynamics. It would be of interest to
establish if the heat flux feedback behaves similarly in the tropical Indo-Pacific, but the
ENSO influence and the air-sea coupling are too strong for the present estimation method to
be applicable.
Since the atmospheric adjustment to SST changes takes place rapidly, estimates of the heat
flux feedback based on monthly data should remain applicable to all time scales. Coupled
models with too strong negative heat flux feedback should underestimate the amplitude of the
atmospherically driven SST anomalies but exaggerate the influence of the SST anomalies on
climate when the SST changes are of oceanic origin. Increasing evidence (e.g., Latif et al.
2003) suggests that, on centenial time scales, changes in the mean overturning circulation
create substantial interhemispheric SST changes. Our analysis suggests that the latter should
be damped by the negative heat flux feedback. Latif et al. (2003) found that the centennial
SST in the MPI run were indeed damped by the surface heat exchanges. This is reproduced in
Fig. 8 which compares the time evolution of the low-frequency anomalies in SST and net
surface heat flux in the North Atlantic domain 40–60°N, 50–10°W in the 500-year MPI run
(here the heat flux is positive upward to facilitate the comparison). Although there is some
scatter, as expected from spatial non-homogeneity, the two fields have a similar behavior
(correlation of 0.77) that is consistent with a negative heat flux feedback of about 10 W m–
2 –1
K . Our estimate of the negative heat flux feedback from the monthly MPI data (years 72 to
202 of the 500-year run) is also 10 W m–2 K–1 for the same North Atlantic domain, which
strongly confirms the relevance of the present calculation to climate variability on all time
scales. Note that the corresponding feedback in COADS and NCEP is 8 and 22 W m–2 K–1,
respectively, in broad agreement with the MPI values if one recalls the high bias of the NCEP
turbulent fluxes in the North Atlantic (Josey 2001). That a model with a too weak or too
strong heat flux feedback would underestimate or overestimate the impact of such SST
anomalies stresses that a good representation of the heat flux feedback is required for a
realistic simulation of the climate variability, whether natural or forced. It is fortunate that this
can be easily established from relatively short model simulations.

Fig. 8 Time behavior of the yearly anomalies in SST (continuous) and net surface heat flux
(positive upward, green) in the 40–60°N, 50–10°W domain in the simulation with the MPI
model. The data have been low-passed filtered using a 5-year running mean
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