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Preface
My thesis consists of an introductory section, and a collection of papers, presented in partial
fulfillment of the requirements for the degree of Philosophiae Doctor in Chemical Oceanography at
the Geophysical Institute, University of Bergen, Norway.
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1. Introduction
“… [H]uman beings are now carrying out a large scale geophysical experiment … [which] … if
adequately documented, may yield a far reaching insight into the processes determining weather
and climate. It therefore becomes of prime importance to attempt to determine the way in which
carbon dioxide is partitioned between the atmosphere, the oceans, the biosphere and the
lithosphere”.
The above statement written by Revelle and Suess in 1957 about the changes in the Earth’s climate
due to mankind’s emission of fossil fuels still holds true today and represents a major challenge
with regards to understanding the oceanic carbon cycle, and ocean biogeochemistry. After the
lithosphere the ocean is the largest global carbon reservoir, containing approximately 50 times the
amount of carbon in dissolved form, as in the atmosphere (Sundquist 1985, cited by Takahashi et al.
1993). Subduction of surface waters into the deep ocean removes carbon from the atmosphere on a
time scale of centuries to a few millennia, and the sinking of planktonic debris to the sediments
allows the return of carbon to the lithosphere. Presently, atmospheric carbon dioxide (CO2)
concentrations have exceeded levels not seen for at least 650 000 years (Siegenthaler et al. 2005),
principally caused by the combination of fossil fuel combustion, cement production, and land use
changes. Oceanic CO2 uptake has significantly dampened the atmospheric CO2 increase, the ocean
having taken up nearly half of the CO2 emitted since the onset of the industrial revolution
(e.g. Sabine et al. 2004). The uptake of anthropogenic CO2 (Cant) has caused a lowering of the
average surface ocean pH of 0.1 units, equivalent to a 30% increase in the concentration of
hydrogen ions (H+). This may have adverse effects on marine life (e.g. Raven et al. 2005). In
parallel, oceanic dissolved oxygen (O2) concentrations are declining (e.g. Keeling et al. 2010, and
references therein); mostly due to CO2 induced global warming, and reduced ventilation. This may
exert additional stress on marine life living in vulnerable areas (e.g. Stramma et al. 2008). The
combined effect of decreasing pH and O2 will impact marine systems through modifications of the
respiration index (Brewer and Peltzer 2009, Hofmann and Schnellenhuber 2009).

1.1 Factors regulating oceanic carbon uptake and distribution
Air-sea carbon fluxes, and the distribution of carbon within the world oceans, are largely controlled
by three conceptual carbon pumps (fig. 1); (i) the solubility pump, (ii) the organic carbon pump (or
soft tissue pump), and (iii) the carbonate counter pump (Volk and Hoffert 1985, Heinze et al. 1991;
fig. 1).
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The solubility pump
The solubility of CO2 in seawater is a function of temperature and salinity (Weiss 1974), where cold
water with relatively low salinity can hold more carbon compared to warmer and more saline water.
Thus changes in the surface heat and/or freshwater content impacts the air-sea exchange of CO2
through the solubility pump, as depicted in figure 1. The same argument is also valid for O2 (Weiss
1970).

The organic carbon pump
Living organisms on our planet are chiefly made up of five primary chemical elements, hydrogen
(H), carbon (C), nitrogen (N), oxygen (O), and phosphorus (P), in addition to several secondary
elements and micro constituents (trace elements; see e.g. Williams 1997). At the time of Revelle
and Suess, Redfield (1958) identified a tight connection between the oceanic carbon cycle and the
marine biogeochemical cycling of nutrients through marine biology.

Fig. 1. Diagram showing the three oceanic carbon pumps; (i) the solubility pump, (ii) the organic carbon pump (or soft
tissue pump), and (iii) carbonate counter pump. From Heinze et al. (1991).

Redfield et al. (1963) found that in the marine environment phytoplankton, through photosynthesis,
take up the major elements in a relatively constant stoichiometric ratio. This can be illustrated
through the following photosynthetic reaction:
106CO2 + 16NO3- + H3PO4 + 122H2O ⇔ (CH2O)106 (NH3)16 (H3PO4) + 138O2

(1)
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The classical “Redfield ratio” can be thus identified as C : N : P : O2 = 106 : 16 : 1 : -138, implying
that in order to produce organic soft tissue, and drive their metabolism, phytoplankton take up 106,
16, and 1 mole(s) of C, N, P, respectively, while at the same time 138 moles of O2 are released.
This represents the surface part of the organic carbon pump (fig. 1), where phytoplankton growth
drives a flux of carbon from the atmosphere to the ocean. Equation (1) has been refined since the
time of Redfield (e. g. Anderson and Sarmiento 1994), and is now commonly written as:
106CO2 + 16NO3- + H3PO4 + 78H2O ⇔ C106H175O42N16P + 150O2,

(2)

expressing the “updated” Redfield ratio of C : N : P : O2 = 106 : 16 : 1 : -150.

While mostly recycled within the upper layers, the remains of planktonic organisms sink out of the
surface, into the intermediate and deep waters (fig. 1) thus depleting the surface of nutrients and
carbon. Only a small part of the sinking organic material is buried in the deep ocean sediments,
while most of it is remineralised through respiration (Ducklow 1995, del Giorgio and Duarte 2002).
Respiration is described by the following equation:
C106H175O42N16P + 150O2 ⇔ 106CO2 + 16NO3- + H3PO4 + 78H2O

(3)

It is evident from (3) that through respiration O2 is utilized and CO2 is released. This part of the
biological carbon pump causes vertical carbon gradients, with higher values at depth, and lower
values in the surface. In order for biological production to be maintained in the world oceans, there
has to be a return path of nutrients from the intermediate and deep ocean. This has classically been
explained as taking place through upwelling driven by vertical mixing in the thermocline (fig. 1).
Estimates of vertical mixing (Ledwell et al. 1993), and combined modeling and observations of
radiocarbon (Toggweiler and Samuels 1993), do not support this view. A more likely return path of
nutrients to the surface ocean has been identified as through the upwelling of old deep waters in the
Southern Ocean that then return to lower latitudes at a shallower depth as mode and intermediate
waters (Sarmiento et al. 2004, Williams et al. 2006). When the old, carbon-rich water masses come
in contact with the atmosphere, this will favor a flux of CO2 from the ocean to the atmosphere.
The carbonate counter pump
Apart from the, previously mentioned, metabolism and formation of soft tissue (through eq. 2),
different planctonic species also produce hard parts (i.e. shells or skeletons), using silicate or
calcareous material. Production through silicate (SiO4), by diatoms, does not directly influence the
cycling of carbon (Heinze et al. 1991). Calcifying organisms (mainly coccolithophorids,
foraminifera, and pteropods), on the other hand, build their shells or skeletons from calcium
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carbonate (CaCO3), a process releasing CO2 (e.g. Frankignoulle and Canon 1994). This can be
described by the following equation:
Ca2+ + 2HCO3- ⇔ CaCO3 + CO2 + H2O

(4)

The described mechanism represents the upper right-hand side of the carbonate counter pump,
shown in figure 1 (Heinze et al. 1991), also called the alkalinity pump (Riebesell et al. 2009). As for
soft tissue, a portion of the planktonic hard parts sink to depth, representing a CaCO3 flux from the
surface to the deep ocean (fig. 1). In the deep layers, CaCO3 re-dissolves, causing an alkalinity
increase in the respective water mass. When this water comes in contact with the atmosphere it has
a greater potential to take up CO2. However this process operates over longer time scales (Boyle
1988, Heinze et al. 1991).

1.2 Inorganic carbon chemistry

When CO2, in gas phase (CO2 (g)), dissolves in seawater it first hydrates to form aqueous CO2 (CO2
(aq)) before reacting with water (H2O) to form carbonic acid (H2CO3):
CO2 (g) ⇒ CO2 (aq)

(5)

CO2 (aq) + H2O (l) ⇔ H2CO3 (aq)

(6)

The concentrations of CO2 (aq) and H2CO3 (aq) are commonly joined together into the hypothetical
species H2CO3*, as they are very difficult to discern analytically (DOE 1994). The dissolution of
CO2 in seawater can then be represented by the following chemical reactions:
⇔

H2CO3* (aq)

H2CO3* (aq)

⇔

H+ (aq) + HCO3- (aq)

-

⇔

CO2 (g) + H2O (l)

HCO3 (aq)

+

(7)
2-

H (aq) + CO3 (aq)

(8)
(9)

The relative proportions of the main chemical compounds (H2CO3*), bicarbonate (HCO3-), and
carbonate ion (CO32-) in seawater can be described by a so-called Bjerrum plot (fig. 2). Under
current ocean conditions bicarbonate is the most abundant form of CO2 in seawater (~91%),
followed by carbonate (~8%) and H2CO3* (~1%).
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The seawater carbonate system is fully described by the four parameters dissolved inorganic carbon
(Ct), Total alkalinity (At), fugacity of CO2 (fCO2), and pH.

Ct represents the sum of the three major carbon compounds in seawater:
Ct = [H2CO3*] + [HCO3-] + [CO32-]

(10)

Fig. 2. Plot showing concentrations of H2CO3*, here labeled CO2 (blue), HCO3- (red), and CO32- (purple), as functions
of pH. The green arrow indicates the range of pH likely to be found in the oceans now and in the future.
From Raven et al. (2005).

At is a measure of the excess of proton acceptors (bases) over proton donors (acids) (Dickson
1981), and can be described by the following equation (DOE 1994):
At = [HCO3-] + 2[CO32-] + [B(OH)3-] + [OH-] +2 [PO42-] + [SiO(OH)3-] + [NH3] + [HS-] + …
– [H+] – [HSO4-] – [HF] – [H3PO4] - …

(11)

where acid or base species having small influence on the alkalinity have been neglected.
fCO2 is determined by the concentration of H2CO3* through the following relationship:

fCO2 =

[H CO ]
2

K0

*
3

(12)
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where K0 represents the solubility of CO2 in seawater (Weiss 1974). If the non-ideality of CO2 is
neglected the term partial pressure of CO2 (pCO2) is used.
pH is a dimensionless measure of the acidity of a solution (e.g. Raven et al. 2005), defined as the
negative logarithm of the concentration of hydrogen ions (H+):
pH = -log10[H+]

(13)

Depending on the definition of the total H+ concentration ([H+]), oceanic pH is reported on different
scales (Dickson 1984).

The knowledge of any combination of two out of the four carbon system variables enables the
calculation of the remaining two, by means of thermodynamic equations (e. g. Lewis and Wallace
1998).
It is evident from (7) – (9) that when dissolving CO2 in seawater, the H+ concentration is increasing,
thus through (13) the pH is decreasing, a process termed “ocean acidification”. This term does not
mean that the ocean will become acidic, however it represents a shift towards lower pH. As seen
from (7) – (9) combined with (10), perhaps the term dissolved inorganic carbon enrichment is more
descriptive (Hutchins et al. 2009).

Seawater is able to act as a buffer for CO2, a process described by the following equation:
CO2 (aq) + H2O + CO32- ⇔ 2HCO3-

(14)

It is thus evident that dissolving CO2 represents a shift in the seawater carbonate chemistry, towards
less carbonate. This influences the ability of calcifying organism to build their shells or skeletons,
through lowering the saturation state for CaCO3 (Gattuso et al. 1998, Langdon et al. 2000, Riebesell
et al. 2000, Feely et al. 2004).

1.2.1 Anthropogenic CO2
The concept of anthropogenic CO2 (Cant) is used extensively in this thesis and thus warrants a brief
introduction.

In preindustrial times, the air-sea flux of CO2 was driven by biology and meridional water mass
transport. Since the onset of the industrial revolution, an additional CO2 load has been added to the
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atmosphere by human activities. This is often referred to as anthropogenic CO2, or Cant. The
anthropogenic CO2 flux is driven by this atmospheric CO2 increase which has perturbed the natural
exchange of CO2 between the ocean and the atmosphere. While the ocean is believed to have been a
source of carbon of 0.4±0.2 Pg C yr-1 preindustrially, it takes up 2.0±1.0 Pg C yr-1 of anthropogenic
CO2 in a reference year 2000 (Takahashi et al. 2009). Cant is not a directly measurable quantity,
however the oceanic Cant uptake can be diagnosed by two different approaches (Wallace 1995):
(i) repeat biogeochemical surveys in order to investigate Ct changes over time, and (ii) using backcalculation techniques to separate Cant from the large natural background (e.g. Gruber et al. 1996).

1.3 Physical drivers
As pointed out by Heinze et al. (1991), the above-described carbon cycle pumps are tightly
intertwined with the redistribution of carbon, nutrients, oxygen, temperature, and salinity within the
global overturning circulation (fig. 3). The Atlantic Ocean plays a key role in this circulation
system, and thus for global climate (Broecker 1997, Ganaschaud and Wunch 2003, Knorr and
Lohmann 2003, Toggweiler and Russel 2008). North Atlantic Deep Water (NADW) is formed in
the high latitude North Atlantic (fig.3; e.g. Killworth 1983), preconditioned by watermasses
entering the South Atlantic (Gordon et al. 1992, Gordon 1996, Iudicone et al. 2008) through a
combination of the “cold-water path” through Drake Passage (Rintoul 1992), and the “warm water
path” through the Agulhas Current (Gordon 1986, Knorr and Lohmann 2003, Biastoch et al. 2008).
This deep water formation process plays an important role in the uptake, and sequestration of Cant,
together with mode and intermediate water formation in the south Atlantic and Southern Ocean
(Sabine et al. 2004, Khatiwala et al. 2009, Ito et al. 2010; fig. 4). Subantarctic Mode Water
(SAMW) is a layer of nearly uniform density, thought to originate in a relatively uniform manner
from the thick wintertime mixed layers encircling the Southern Ocean (McCartney 1977). However,
recent work (Sallée et al. 2010) suggests a more localized formation in areas of intense subduction.

SAMW has classically been identified as the precursor for Antarctic Intermediate Water (AAIW), a
water mass found in the layer immediately below SAMW (McCartney 1977).

In situ float

observations in the Southeast Pacific (Schneider and Bravo 2006) question this hypothesis, and
AAIW was recently proposed to form from winter water originating from the Bellingshausen Sea
(Garabato et al. 2009).
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Fig. 3 Schematic illustration of the global overturning circulation, centered on the Atlantic Ocean. From Kuhlbrodt et
al. 2007.

Fig. 4 Column inventory of anthropogenic CO2 in the ocean (mol m-2). High inventories are associated with deep water
formation in the North Atlantic and mode and intermediate water formation in the Southern Ocean. From Sabine et al.
(2004).
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1.4 Focus areas
The topic of this thesis is to investigate the impact of surface ocean processes on biogeochemistry
in the high and mid latitude Atlantic, thus focusing on the northern North Atlantic, and the Nordic
Seas, and the Southern Ocean sector of the South Atlantic.

1.4.1 Northern North Atlantic and the Nordic Seas
The Nordic Seas (Drange et al. 2005; marked by N in fig. 3), located in the northernmost North
Atlantic, consists of the Greenland, Iceland, and Norwegian Seas. This area contains a significant
part of the northern limb of the overturning circulation; with its near surface circulation dominated
by northward flow of warm and saline Atlantic Water, and a southward flow of relatively fresh and
cold polar water from the Arctic Ocean (fig. 5). On its way north, the Atlantic surface water
experiences cooling, thus gains density, permitting mixing to greater depths. Additionally, through
the solubility pump, this enables carbon uptake from the atmosphere (Skjelvan et al. 2005). Model
studies have identified a large Cant sink in the northern North Atlantic and Nordic Seas (Orr et al.
2001, Wetzel et al. 2005), however other studies suggest that the largest uptake occurs further
south, so that the waters entering the respective area have already equilibrated with the atmospheric
CO2 concentration en route, thus having little potential for further CO2 uptake (Álvarez et al. 2003,
Macdonald et al. 2003, Roson et al. 2003).

Fig. 5 Surface circulation in the Nordic Seas. The warm and salty Atlantic Water is shown in red while the cold and
fresh Arctic water is shown in blue. M represents the location of ocean weather ship station M. Courtesy Svein
Østerhus, Geophysical Institute, University of Bergen.
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The surface decrease in pH caused by the invasion of atmospheric CO2 has been estimated to about
0.1 units since 1750 (Wallace 2001, Skjelvan et al. 2005), with projected levels at the end of this
century up to 0.35 units lower than present (Wallace 2001, Bellerby et al. 2005).

1.4.2 South Atlantic Ocean
The South Atlantic Ocean (e.g. Wefer et al. 1996) serves as a medium through which NADW is
transported southwards, and introduced to the other ocean basins (e.g. Rintoul 1991). This
circulation suggests that water must return northward in order to balance the flow. The general
upper ocean circulation features of the South Atlantic, together with its connections with the
Pacific, Indian, and Southern Oceans, are shown in fig. 6. It is evident that the return flow stems
from water of Pacific -, Indian -, as well as Southern Ocean origin, the main water masses of the
return flow being mode and intermediate waters, and Antarctic Bottom Water (Iudicone et al.
2008).

Fig. 6 The arrows indicate the mean surface and intermediate circulation in the Atlantic and Indian Oceans. The blue X
represents the “cold water path” through Drake Passage (Rintoul 1991) while the red X represents the “warm water
path” (Gordon 1986, Gordon et al. 1992) via Agulhas Leakage. The cross-hatched areas are areas of strong mixing and
eddy activity, the Brazil-Malvinas Confluence Zone shown to the left and the Agulhas Retroflection to the right. The
circulation scheme was inspired by Gordon et al. (1992), Gordon (1986,2003), Stramma and Peterson (1990), Williams
et al. (2006), Hanawa and Talley (2001) and Lutjeharms (2007).

In addition to serving a important conduits of Cant from the atmosphere to the interior ocean (Ito et
al. 2010), the Southern Ocean intermediate waters are sensitive indicators of climate change and
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variability (Banks et al. 2000). They distribute nutrients to the World Ocean and influence global
ocean productivity (Sarmiento et al. 2004, Williams et al. 2006), and oxygenate the intermediate
ocean countering the oxygen utilization of marine microbial processes. These water masses have
experienced a significant warming (Gille 2002), increasing Cant (Sabine et al. 2004, Khatiwala et al.
2009), and regionally diminishing dissolved oxygen concentrations (Matear et al. 2000) presumably
in response to climate change.

2. Approach
In order to improve the knowledge regarding the impact of surface ocean processes on
biogeochemistry, this thesis focuses on three approaches. (i) developing, and testing, methods for
obtaining high quality in situ measurements, (ii) understanding the influence of ocean circulation on
the dispersion of surface biogeochemical signals, and (iii) the potential biological feedbacks to
changing biogeochemical settings. These three points will be discussed in detail below.

2.1 Measurements of surface biogeochemical properties
In order to improve the current knowledge of surface ocean biogeochemistry, it is of prime
importance to increase the number of measurements, either for stand-alone use, or to be used to
constrain biogeochemical models. In Paper 1 we investigate the potential of using measurements
from Voluntary Observing Ships (VOS; fCO2, sea surface temperature SST, sea surface salinity
SSS) to obtain an accurate description of the full surface carbon system. VOS lines are well
established in the North Atlantic, and have provided a wealth of insight regarding air-sea exchange
of CO2 in the region (e.g. Watson et al. 2009). We employ a high-density carbon system database
for the surface northern North Atlantic to develop new relationships between At and SSS, and Ct,
SSS, SST and nitrate. The optimal method for obtaining a full description of the CO2 system was
determined to be the prediction of surface At using SSS, and combine this with in situ fCO2 to
calculate the surface Ct distribution. Evaluation using independent datasets shows that surface Ct
may be calculated with a mean bias of -1.0 μmol kg-1 and a standard error of calculation of
7.4μmol kg-1. The described method, combined with remotely sensed SSS and SST, has the
potential to provide estimates of northern North Atlantic acidification, and Cant uptake, from space.
Paper 2 utilizes 2.5 years of surface temperature, salinity, and O2 measurements obtained by two
Navigating European Marine Observer floats (NEMO) profiling floats (appendix I). Combined with
atmospheric data (sea level pressure and 10m wind speed) from Kanamitsu et al. (2002), the O2
measurements enable direct calculations of the air-sea exchange of O2 along the float drift tracks.
By employing the LDEO surface pCO2 database (Takahashi et al. 2010) we identify seasonal
(summer and winter) relationships between surface pCO2 normalised to 5°C and the nominal year
2008, and SST, SSS, lon, and lat. These relationships were validated against an independent dataset
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(Boutin 2008), and enable the estimation of surface pCO2 using float SST, SSS, and position.
Together with atmospheric data this enables evaluation of the air-sea flux of CO2 for 2008.
Combining the O2 and CO2 fluxes, we are able to calculate fluxes of atmospheric potential oxygen
(APO; Stephens et al. 1998) across the float drift tracks, an important variable for improving
atmospheric inversion studies (e.g Rödenbeck et al. 2008). If increasing the number of APO
measurements, this parameter my also offer a valuable means for evaluating ocean biogeochemical
models (Naegler et al. 2007). Although this paper demonstrates the versatility of profiling floats
equipped with O2 sensors, it promotes the parallel use of CARIOCA buoys with O2 sensors. The
optimal approach would be floats equipped with both CO2 and O2 sensors, as this would provide
knowledge about the mixed layer dynamics as well, compared to the purely surface measurements
of CARIOCA.

2.2 Impact of ocean circulation on biogeochemistry
Ocean circulation has been identified as vital in the redistribution of carbon, nutrients, oxygen,
temperature, and salinity in the global ocean. Paper 3 investigates potential biogeochemical
changes to the properties of Antarctic Intermediate Water in the South Atlantic Ocean. We utilize
high quality measurements of oceanic dissolved oxygen (O2) from 2008, obtained by means of two
NEMO floats (appendix I), which are compared to O2 measurements obtained in 1988 during the
South Atlantic Ventilation Experiment (SAVE). The comparison revealed the fastest decrease in the
oxygen content of Southern Hemisphere intermediate waters observed to date (6.5μmol kg-1 per
decade over the past two decades). A model experiment using a state-of-the-art ocean circulation –
carbon cycle model over the same time period shows that this oxygen reduction extends throughout
the Southeastern Pacific and South Atlantic. The main circulation feature of the Southern Ocean is
the Antarctic Circumpolar Current (ACC) flowing in an eastward manner around Antarctica,
primarily driven by the westerly winds (e.g. Toggweiler and Russel 2008). The westerly winds have
strengthened and shifted southward over the past 50 years, potentially due the combined effect of
CO2 induced warming and stratospheric ozone loss (Toggweiler 2009, and references therein). The
westerlies are now located more squarely over the ACC, thus able to do more work in driving the
current (Saenko et al. 2005, Toggweiler and Russel 2008). As a response to the shifting westerlies,
the model displays increased northward water mass transport in the near surface layers, leading to
enhanced upwelling south of 50°S. This is enhancing the supply of Circumpolar Deep Water from
the ocean interior. Combined with a reduction in wintertime convection, the model simulates
formation of AAIW with more pristine CDW characteristics, hence lower O2, higher Ct, and more
nutrients (here represented by silicate). This signal will potentially be transported to the global
oceans through the AAIW circulation.
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In Paper 4, carbon system measurements from an extensive survey of the northern North Atlantic
in 2002/2003 are compared to measurements from data obtained during the Transient Tracers in the
Ocean, North Atlantic Study (TTO-NAS) in 1981, by means of an extended multilinear regression
approach. The paper provides new knowledge regarding pathways of anthropogenic carbon into the
Nordic Seas. Polar Water entering the Nordic Seas from the Arctic Ocean is undersaturated with
respect to anthropogenic CO2, thus promoting uptake of CO2 from the atmosphere, while Atlantic
Water entering from the south appears to be equilibrated.

2.3 Biological sensitivity to surface modifications
Compared to the total biological CO2 uptake, marine phytoplankton is responsible for nearly 50%
of the uptake (Field et al. 1998). Understanding the potential effects of inorganic carbon
enrichment, and concomitant ocean acidification, on the biological carbon pump is therefore of
significant importance. Papers 5 and 6 are based on measurements obtained from a mesocosm
carbon enrichment study conducted in Raunefjorden (60.3°N, 5.2°E) outside of Bergen, Norway in
2005. The carbon system in nine plastic enclosures (~27m3), called mesocosms, was manipulated,
by CO2 aeration, to obtain triplicates of three CO2 concentrations, 350 μatm (1xCO2), 700 μatm
(2xCO2), and 1050 μatm (3xCO2). After adding nutrients to the system, the development, and
subsequent decline, of a phytoplankton bloom was monitored over a 24-day period. The papers
present results showing that the community consumed 27% and 39% more dissolved inorganic
carbon at increased CO2, compared to present levels, whereas nutrient uptake remained unchanged.
The elemental ratio of C and N increased from 6.0 at low CO2 to 8.0 at high CO2, thus exceeding
the Redfield ratio of 6.6 (106:16) in today’s ocean. Paper 6 also include the study of potential
acidification effects on diatom silification, an effect very rarely studied (Hutchins et al. 2009).
Although the formation of opaline material by diatoms does not directly influence the carbon cycle
(Heinze et al. 1991), such organisms are responsible for about one-fifth of the photosynthesis on
earth (Nelson et al. 1995), and generate most of the organic matter serving as food for marine life
(e. g. Armbrust 2009). Silicate drawdown was virtually identical across CO2 treatments, suggesting
that the silicate cycle was not affected by the carbon enrichment (and subsequent acidification).
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2.4 Conclusions
Through this thesis, various aspects of the high and mid latitude Atlantic Ocean biogeochemistry
have been investigated. The main conclusions from the papers can be summarized as:
•

We have shown that measurements of fCO2 and sea surface salinity on Voluntary
Observing Ships can provide an accurate description of the full CO2 system.

•

The versatility of using autonomous profiling floats for in situ ocean observing has
been highlighted. We have shown that such platforms can provide flux estimations of
O2 (through direct measurements), CO2 (through empirical relationships), and that
this combination provides flux estimates of APO.

•

The fastest decrease in the oxygen content of Southern Hemisphere intermediate
waters, to date, has been identified (6.5μ
μ mol kg-1 per decade over the past two
decades). The cause of the reduction has, by means of a biogeochemical model, been
traced to changing ocean circulation as a response to changing westerly winds.

•

Polar Water, entering the Nordic Seas from the north was found to be undersaturated
with respect to atmospheric Cant, promoting local uptake of Cant within the Nordic
Seas. On the other hand, Atlantic Water entering from the south appeared to be
equilibrated. This suggested that there is no room for further uptake of Cant in the
parts of the Nordic Seas, which is dominated by Atlantic Water.

•

Increased carbon uptake relative to nitrogen, as a response to Ct enrichment (ocean
acidification), was documented in a natural plankton community for the first time. The
silification process in diatoms did not seem to be affected by the changing carbon
chemistry.

2.5 Epilogue
The results, and conclusions, from the papers presented in this thesis are relevant to our
understanding of climate. Fuelled by the “climategate” and “glaciergate” incidents we discuss, in
Paper 7, two conceptual models describing the relationship, and interface, between science and
policy with special focus on climate science. In this paper it is suggested that in order for climate
science to recover from the present legitimacy crisis, climate science should go through

a

democratization, guided by the philosophy of Post Normal Science (Funtowicz and Ravetz 1990).
We also point at examples of how the scientific community is already developing this methodology.
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3. Future work
Several aspects of the datasets, and results, presented in this thesis deserves to be further
investigated.

3.1 Remineralisation in the South Atlantic twilight zone
A significant part of the remineralisation occurs in the “twilight zone”: the layer underlying the
euphotic zone and extending down to about 1000m (e.g. Buesseler and Boyd 2009). Traditionally,
most of this was thought to take place in the upper mixed layer, with modest contribution of
intermediate waters (e. g. Suess 1980, del Giorgio and Duarte 2002). However the intermediate
waters are now thought to play a much more pronounced role in the remineralisation of organic
matter (Moriarty and O’Donohue 1995, Vidal et al. 1999, del Giorgio and Duarte 2002). Recent
work demonstrate the versatility of using autonomous floats for quantifying oceanic metabolism
(Martz et al. 2008), and furthermore the floats used in Papers 2 and 3 were shown to capture the
evolution of AAIW across the South Atlantic, a water mass in which a large fraction of the
remineralisation in the Australian sector of the Southern Ocean is suggested to occur (Moriarty and
O’Donohue 1995).

3.2 Regional variability of O2, CO2, and APO fluxes in the South Atlantic
The manuscript outlined in Paper 2 utilizes the climatological frontal locations of Orsi et al. (1995)
for the major South Atlantic Ocean fronts. Compared to Boutin et al. (2008) this is likely not
representative for the situation as described by the NEMO floats (their fig. 1). Detailed frontal
locations should thus be identified, following the methods of Boutin et al. (2008), in order to
accurately separate the NEMO measurements obtained in the subantarctic zone (SAZ) and the polar
zone (PZ). In addition, the use of satellite derived wind products like QuickScat
(http://cersat.ifremer.fr/data/discovery/by_parameter/ocean_wind/mwf_quikscat), might improve
the surface wind field compared to reanalysis products. This also deserves future investigation.

3.3 Evaluating the biological response to increasing CO2 in ecosystem models
A recent paper by Oschlies et al. (2008) investigated the effect of enhanced carbon-to-nitrogen
drawdown as identified in Papers 5 and 6, on global biogeochemical cycles. They employed a
relatively simple marine ecosystem model having two major nutrients (nitrate and phosphate) and
two phytoplankton functional groups. Increased C : N drawdown has recently been included in the
European Regional Seas Ecosystem Model (ERSEM; e. g. Blackford et al. 2004) through the EU 7th
framework programme Marine Ecosystem Evolution in a Changing Environment (MEECE;
Bellerby et al. 2010). ERSEM is a mature plankton functional type model related to the NPZD type
models. It represents the key processes of temperate shelf ecosystems; plankton community
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complexity, the microbial loop, variable nutrient stoichiometry, variable carbon : chlorophyll ratios,
and

a

comprehensive

description

of

benthic

biochemical

and

ecological

processes

(http://web.pml.ac.uk/meece/library/ersem.html). The units of currency of ERSEM are Carbon,
Nitrogen, Phosphorus, Silicon and O2. ERSEM has been coupled to the 1D General Ocean
Turbulence Model (GOTM; http://www.gotm.net/), providing information on Temperature (T),
Salinity (S), and mixing. The effect of enhanced C : N could therefore be tested, through the
describe model pairing, on the extensive hydrographical and biogeochemical timeseries from ocean
weather station M (66°N, 2°E; marked by M in fig. 5).
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4. Appendix I Autonomous profiling floats
In Papers 2 and 3 we utilize measurements obtained from autonomous profiling floats. As this
technology is only mentioned briefly in the papers, this appendix provides a more thorough
description.

4.1 Float technology
The use of autonomous profiling floats for oceanic research started in the 1950’s, with the
introduction of the “Swallow float” (Swallow 1955, Davis et al. 2001). Having varied in complexity
from simple floats passively drifting with the ocean currents enabling measurements of current
speed, the state-of-the-art floats are able to profile the water column (typically down to 1000 or
2000m) for up to 4 years. The Navigating European Marine Observer (NEMO) profiling float,
manufactured

by

Optimare

Sensorsysteme

AG

(http://www.optimare.de/cms/en/divisions/mms/mms-products/nemo.html) was employed in this
work. The floats were programmed to drift at 650 m depth for ten days before descending to 1000m
and subsequently rise to the surface while measuring T, S, and O2. At the surface they determine
their position by onboard GPS, before transmitting data through Iridium satellite communication
(fig. 7).

Fig. 7 Schematic showing a typical ten-day cycle for a NEMO float. Inspired by http://www.argo.ucsd.edu/pnp.html.

The GPS – Iridium pairing enables more data to be transmitted at a shorter period, limiting float
surface exposure. Additionally, it provides a more accurate determination of the float location,
compared to the majority of the floats, using the ARGOS system (http://www.argos-system.org/)
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for both communication and localization. The NEMO floats move up and down in the water column
by changing their volume, utilizing the principle of neutral buoyancy. This is achieved by pumping
mineral oil from an internal reservoir into an external bladder. NEMO is highly suitable for polar
applications by the inclusion of an ice detection algorithm. On the ascent, the float computes the
median temperature of the seven near surface measurements (≥ 20 dbar). If the median is less than,
or equal to, -1.79°C, the surface is likely to be ice covered and the float aborts the ascent, storing
the data internally until next possible transmission. This prevents the float hitting the underside of
the potential ice, damaging the antenna, and sensors, mounted on its top cap.

4.2 Sensor description
Temperature, salinity, as well as pressure measurements were performed by means of a Seabird
Electronics Inc. (SBE) 41 Microcat Conductivity Temperature Depth (CTD) sensor, specifically
designed for the use on profiling floats (http://www.seabird.com/alace.htm). This sensor enables
measurements with the following accuracies: T – 0.002°C; S – 0.002; and pressure – 2 dbar. O2 was
measured by means of the Aanderaa Data Instruments (AADI) Oxygen Optode model 3830
(Tengberg et al. 2006). It has been proven suitable for aquatic use (Tengberg et al. 2006), as well as
for use on autonomous floats (Körtzinger et al. 2004, 2005). Increasing pressure causes the O2
measurements to drop by 3.2 % per 1000 dbar, however this effect is linear, and fully reversible
(Uchida et al. 2008). In addition, a salinity correction is required as the optode reports values as if
submerged in fresh water (S=0). The correction to in situ salinity is performed through an equation
including both in situ temperature and salinity.

4.3 Extended optode calibration
The oxygen optodes are delivered having a nominal accuracy of 8 μmol kg-1 or 5% whichever is
greater, as obtained through a batch calibration by the manufacturer. Field studies however indicate
that this accuracy can be improved (i.e. Körtzinger et al. 2005, Tengberg et al. 2006). We thus
performed an extended optode O2 calibration prior to float integration. This was done using water
from Byfjorden outside of Bergen, Norway, manipulated to temperatures, and O2 concentrations,
which the floats were expected to encounter in the specific study area. As the extended calibration
was performed using temperature measurements from the integrated temperature sensors on the
optodes, this promotes the use of optode temperaturte when adjusting to in situ salinity. NEMO60
initially measured O2 with a mean offset of -2.2 μmol kg-1, and an rms deviation of 4.0 μmol kg-1,
while NEMO47 measured with an initial mean offset of -1.2 μmol kg-1, and an rms deviation of 4.1
μmol kg-1. To correct for the offset linear equations were fitted to the data, with the best equations
of the form:
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O2NEMO60 = 0.969*O2in situ + 11.432, r2 = 0.9992

(A1)

O2NEMO47 = 0.957*O2in situ + 13.919, r2 = 0.9994

(A2)

After the individual corrections, NEMO60 measured O2 with a mean offset of -0.007 μmol kg-1 and
an rms error of 2.2 μmol kg-1, while NEMO47 with 0.002 μmol kg-1, and 1.8 μmol kg-1
respectively.
In order to ensure high quality O2 measurements following float deployment, comparison to
in situ measurements from independent datasets is required. Profile 36 of NEMO60 warranted
comparison with profile 91_1 from the R/V Polarstern ANT24 cruise in late 2007/early 2008, as
these stations overlapped. Ideally such comparison should be performed on the deep-water masses
(>2000m), however the floats only enveloped the top 1000m. The comparison was thus performed
on data from 700-1000m, identified as Antarctic Intermediate Water (Nondal et al. manuscript to be
submitted). In order to account for internal-wave movements, the density referenced to 3000m was
calculated, and a second order polynomial was fitted to the data (e.g. Lamb et al. 2002; not shown)
before performing the comparison. This analysis showed that NEMO60 was measuring O2 with
amean bias of -1.9 μmol kg-1, and an rms error of 1.9 μmol kg-1, suggesting negligible sensor drift
over, at least, one year.
As no independent dataset for evaluating the performance of NEMO47 was identified, we
compared its measurements to the corresponding (spatial and temporal) measurements from
NEMO60. Three locations suitable for such crossover analysis were identified, corresponding to
profiles number 1 (15.01.08), 2 (25.01.08), and 6 (05.03.08) respectively. The analysis was
performed as described above, with the results shown in table A1.
Table A1. Results from inter-float comparison.

Location

Mean bias

σrms

1

4.6

4.9

2

2.2

2.4

6

1.1

1.9

Average

2.6

3.1

Assuming negligible water mass differences at the respective locations, NEMO47 was able to
measure O2 with an average mean bias of 2.6 μmol kg-1, and an average rms deviation (σrms) of
3.1μmol kg-1, when compared to NEMO60 Although higher mean bias, and σrms compared to
NEMO60, no correction was applied to the NEMO47 O2. This will possibly be done when a
suitable shipborne comparison has been performed.
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Abstract
This work evaluates whether an accurate calculation of the entire CO2 system in the northern North Atlantic
can be carried out using a combination of in situ fugacity of CO2 (fCO2) and ancillary data often measured on
Voluntary Observing Ships (VOS), i.e., sea surface temperature (SST) and sea surface salinity (SSS), as well as
nitrate (NO3–). Two approaches are tested: (I) determination of At from SSS and then calculating Ct from measured fCO2 and estimated At; and (II) determination of Ct from SSS, SST, and NO3– and then calculating At from
measured fCO2 and estimated Ct. The optimal approach was found to be determination of At from SSS and then
calculating Ct from measured fCO2 and estimated At. This allowed At to be determined with a mean bias of –1.8
μmol kg–1 and root mean square (rms) deviation 6.2 μmol kg–1 and then Ct to be calculated with a mean bias of
–1.0 μmol kg–1 and standard error of calculation of 7.4 μmol kg–1, as validated using independent data sets.

Introduction

number of carbon system measurements available in the
region, and as pointed out by Olsen et al. (2008), until
recently, there have not been enough measurements from the
North Atlantic Ocean to describe a full annual cycle. This situation has been alleviated by autonomous systems that measure sea surface CO2 fugacity (fCO2) that have been installed
on board Voluntary Observing Ships (VOS) by several institutions, as summarized in the report from the Surface Ocean
CO2 Variability and Vulnerabilities (SOCOVV) meeting (available through http://www.ioccp.org/). Knowledge of two of the
four carbon system variables: inorganic carbon (Ct), total alkalinity (At), pH, and fCO2 is required for the calculation of the
remaining CO2 system variables through thermodynamic
equations (Dickson et al. 2007). One of the key challenges in
using autonomous systems is to be able to make the systems
as reliable and cost efficient as possible, while at the same time
producing a set of high quality data that can be used to obtain
a complete description of the surface ocean carbon chemistry.
In practice, this requires development of reliable autonomous
instruments for determination of At, Ct, or pH, which are not
currently available on the market.
As a first step to overcome this, one can employ the relationships that exist between various CO2 system variables and
nutrient and hydrographic variables (Brewer et al. 1995;

The northern North Atlantic Ocean is considered to be an
important uptake area for atmospheric carbon dioxide and
observations indicate substantial variations on interannual
timescales (Lefevre et al. 2004; Olsen et al. 2006; Omar and
Olsen 2006; Corbiére et al. 2007; Schuster and Watson 2007).
Unfortunately our understanding is presently limited by the
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Standard error in Ct calculated from At and fCO2—Assuming
that the measurement errors in At (σAt) and Ct (σCt) are independent and random (Taylor 1982), the following formula
gives the standard error in fCO2 calculated from At and Ct
(Lueker et al. 2000; Omar 2003).

Millero et al. 1998; Tait et al. 2000; Lee et al. 2000; Olsen et al.
2003; Lefevre et al. 2004; Lee et al. 2006). This study determines relationships that allow for the estimation of surface At
and Ct, using a larger dataset than previous studies in the area.
Two approaches were tested: (I) determination of At from SSS
and then calculating Ct from measured fCO2 and estimated At;
and (II) determination of Ct from SST, SSS, and NO3– and then
calculating At from measured fCO2 and estimated Ct. The calculations are then compared to measured data.

⎛⎛
⎞
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Using Eq. A1 for Ct calculated from At and fCO2 gives

Materials and procedures
The focus area for this study is the northern North Atlantic,
including the Nordic Seas (Greenland, Norwegian, and Iceland Seas). The southern boundary of the study area was set to
45°N. The eastern boundary was set to 10°W up to 50°N; from
there it follows the continental shelf edge northwards to
about 83°N. The western boundary was set at the east Greenland coast or the ice edge when it had a more eastward extension. South of Cape Farewell (the southern cape of Greenland), the western boundary was set to 45°W.
Field measurements—The measurements used in this study were
obtained from the European Sub Polar Ocean Program (ESOP-2),
the tracer and circulation in the Nordic Seas region (TRACTOR)
project (http://www.ices.dk/ocean/project/tractor/), the Marine
Research Institute in Reykjavik (MRI), the University of Bergen
(UoB), the Bjerknes Centre for Climate Research (BCCR), and
the Global Ocean Data Analysis Project (GLODAP, Key et al.
2004). The locations of the measurements are shown in Fig. 1.
Data analysis—The empirical relationships presented in this
paper were determined using the software Sigmaplot 8.0. The
CO2 system calculations were performed using an inorganic
carbon speciation model (Lewis and Wallace 1998), with the
following settings: CO2 dissociation constants from Mehrbach
et al. (1973) as refitted by Dickson and Millero (1987); total pH
scale; and dissociation constants for KSO4– from Dickson
(1990). The refitted Mehrbach et al. (1973) constants were
used because they have been shown to enable the most accurate CO2 system calculations (Wanninkhof et al.1999; Nondal
2004), possibly because they were determined using real seawater (Mojica-Prieto and Millero 2002). As underway measurements of silicate and phosphate were not available, the
effect of these nutrient concentrations in the calculations has
been neglected. This will not change the results significantly
as the error from this is smaller than the precision of the in
situ measurements (not shown).
Error analysis for over-determination—Based on studies having employed parts of the in situ measurements also used in
this work (Chierici et al. 1999; Skjelvan et al. 1999), the following accuracies have been assumed: At ± 5.0 μmol kg–1, Ct ±
5.0 μmol kg–1, and fCO2 ± 3.0 μatm. The procedure outlined in
the next section is applied for determining the standard errors
of calculation ( σ Ct ( At , fCO2 ) , and σ At (Ct , fCO2 ) ) when carbon system
variables are calculated from a combination of other carbon
system variables.
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Starting with the following expressions (Takahashi et al.
1993):
∂fCO2 fCO2
=
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Combining Eqs. A6 and A 7:
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Using Eq. A2 with the constants from Eqs. A5 and A8 gives
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Standard error in At calculated from Ct and fCO2—Using Eq. A1
for At calculated from Ct and f CO2
2
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Fig. 1. Maps showing the locations of the measurements used in this study. (a) Measurements used to derive the regression relationship between At
and SSS for Atlantic-influenced water, as well as ice melt water (Eq. 6), are shown in black. The I/B Oden measurements used to obtain the At and SSS
relationship for Arctic-influenced water (Eq. 7) with S < 34.5 are shown in red. (b) Measurements used to derive the regression relationship between Ct
and SSS, SST, and nitrate. Black dots show measurements used to obtain Eq. 8, and red dots the measurements used to obtain Eq. 9. (c) R/V G. O. Sars
2003 cruise (58GS20030922), (d) dataset used for overdetermination when testing the At (SSS) relationship in Eq. 6. The red dots indicate stations with
At measurements, (e) GLODAP data from 1995 used to validate the Ct(SSS,SST,NO3–) relationship (Eq. 8), and (f) dataset used for overdetermination
when testing Eq. 8.
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∂At
At
(A4) ⇒
=
∂fCO2 fCO2 ∗ TAF

(A11)

∂At
A ∗ RF
= t
∂Ct Ct ∗ TAF

(A8) ⇒

(R 2) is the percentage of the variability in the in situ measurements that can be accounted for by the calculations (Allen
et al. 2007).

Assessment

(A12)

Approach I, determination of the CO2 system from measured
fCO2 and total alkalinity derived from salinity—Total alkalinity in
the ocean is affected by several processes: fresh water addition
(e.g., river runoff, ice melting, precipitation); fresh water
removal (sea-ice formation, evaporation); nutrient cycling;
and by the oceanic carbonate cycling (formation and dissolution of carbonate minerals). In the open ocean, the distribution of surface alkalinity is mainly controlled by the same factors that govern salinity (Broecker and Peng 1982), and
therefore surface alkalinity is frequently estimated from surface salinity data. For instance, Millero et al. (1998) identified
a linear relationship between At and sea surface salinity (SSS)
for the Atlantic Ocean:

Using Eq. A10 with the constants from Eqs. A11 and A12 gives
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The RF value of 11.4, representative for the high latitude
North Atlantic, and a TAF value of –9.4 (Takahashi et al. 1993)
were used for estimating the uncertainties in calculated variables via the formulas given above. The results of estimated
and calculated variables are given as the mean of the residuals
between measured and estimated/calculated variables ± the
root mean square (rms) error or standard error of calculation.
Assessing model performance—To objectively evaluate the
performance of the various approaches in this study, three criteria will be employed, as motivated by Allen et al. (2007): (i)
The Nash Sutcliffe Model Efficiency (ME, Nash and Sutcliffe,
1970), given by the following formula:

At = 51.24 × SSS + 520.1 (σ = 9 μmol kg–1, n = 427)

To better account for the effect of nutrient cycling on At,
Lee et al. (2006) extended the work of Millero et al. (1998) and
identified an optimal polynomial relationship between At, SSS
and sea surface temperature (SST) in the North Atlantic of the
form:

N

ME = 1 −

∑ (I

n

− En ) 2

n =1
N

At = 2305 + 53.97(SSS-35) + 2.74(SSS-35)2 –1.16(SST-20)
– 0.040(SST-20)2 (σ = 6.3 μmol kg–1, n = 326)

(1)

∑ (I

n

− I )2

where In is the in situ measurements, En is the calculated variables, the overbar indicates the mean of the in situ variable, N
is the total number of measurements, and n is the nth value.
The ME is a measure of the ratio of the model error to the variability of the data, and the performance is rated as follows: <
0.2 poor, 0.2-0.5 good, 0.5-0.65 very good, and > 0.65 excellent, according to Maréchal (2004) (Allen et al. 2007).
(ii) A Cost Function χ (Holt et al. 2005), given as:
1 N
∑ ( En − I n ) 2
nσ I2 n=1

(2)

where E are calculated variables, I are in situ variables, σI is the
standard deviation of the in situ data, and N is the number of
measurements. The Cost Function (CF) enables a comparison
of the accuracy of the estimated variables and lower values of
CF indicate better performance.
(iii) The correlation coefficient (R) defined as:

R=

∑

N
n =1

( I n − I n )( En − En )

∑ (I

n

− I n ) ( En − En )

At = 49.35 × SSS + 582.00
(r 2 = 0.86, σ = 9.7 μmol kg–1, n = 2478) (S > 34.5)

(6)

At = 15.29 × SSS + 1751.73
(r 2 = 0.63, σ = 8.8 μmol kg–1, n = 455) (S < 34.5)

(7)

(3)

N

2

(5)

The Arctic Ocean and western Nordic Seas are influenced
by run-off water from Arctic rivers, which are known to contain high concentrations of At, typically above 1000 μmol
kg–1(Olsson and Anderson 1997). This leads to a high intercept
between At and SSS for water influenced by Arctic river runoff,
negating the use of a single relationship between At and SSS as
suggested by Millero et al. (1998). In this study, following
Bellerby et al. (2005), two different relationships were identified using data from the top 150 m: one relationship for
Atlantic-influenced water and water influenced by ice melt
(Eq. 6); and one for Polar-influenced water (Eq. 7). The
Atlantic- and Polar-influenced water masses were defined to be
separated by a salinity of 34.5 (Fig. 2), also following Bellerby
et al. (2005).

n =1

χ2 =

(4)

2

The locations of the measurements used for obtaining these
relationships are shown in Fig. 1a.
It is evident from Fig. 2 that a portion of the measurements
having salinity lower than 34.5 follow the mixing line of the

n =1

where E is calculated variables and I is in situ variables as
before, and the overbar denotes mean values. The square of R
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Table 1. Model performance for the relationships identified by
Millero et al. (1998), Lee et al. (2006), and Corbiére et al. (2007)
compared with the relationships identified in this study
Relationship

ME*

CF*

R 2*

Millero et al. (1998), Eq. 4

0.67

0.57

0.81

Lee et al. (2006), Eq. 5
Corbiére et al. (2007)

0.72
0.73

0.53
0.52

0.82
0.81

Eqs. 6 and 7

0.90

0.32

0.90

Relationship identified in this study

0.85

0.39

0.85

of the form of Lee et al. (2006).
*High values for ME, and R 2, and low values for CF indicate the best correspondence between measured and estimated variables.

September-October 2003 [58GS20030922, Olsen et al. (2006)]
(see Fig. 1c). It was assumed that no significant amount of
water affected by Arctic river runoff influenced the data as no
measurements were made in, or close to, the EGC during this
cruise, and Eq. 6 was therefore used when estimating the surface At. A plot of the residuals is shown in Fig. 3.
Alkalinity was estimated with a mean bias of –1.8 μmol kg–1
and an rms deviation of 6.2 μmol kg–1.
Determining Ct from estimated At—In this approach, Ct was
determined from the measured fCO2 data and At derived
from salinity using the equations derived above. From the
in situ alkalinity data available from the overdetermination
dataset (stations having alkalinity are shown with red dots
in Fig. 1d), there appeared to be no influence of high alkalinity river-runoff water. Therefore only Eq. 6 was employed.
Following this approach, it was possible to calculate the surface Ct with a mean bias of –1.0 μmol kg–1 and a mean standard error of calculation of 7.4 μmol kg–1 (standard error of
calculation obtained from A9). A plot of the residuals is
shown in Fig. 4.
Approach II, determination of the CO2 system from measured
fCO2 and total carbon derived from SSS, SST, and NO3–—Continuous measurements of surface ocean nitrate have been
made feasible (http://www.n-virotech.com/ecolab.html;
Colijn and Petersen 2002), and might be included on VOS.
Therefore, following the work of Lee et al. (2000), a relationship between Ct and SSS, SST, and NO3– was sought. The relationship of Lee et al. (2000) was obtained by normalizing the
Ct to constant salinity and relating this to SST and NO3–. The
normalization possibly introduced erroneous trends to the
relationship (Friis et al. 2003), and therefore in this study, Ct
was directly related to SSS, SST, and NO3–. The dataset used
spanned 11 y (1991-2002), and the Ct measurements were
adjusted to a single reference year to remove the effect of the
anthropogenic Ct increase. The reference year was set to 1995.
Total alkalinity was assumed to have remained unchanged
over the last decades (Millero et al. 1998), and following Olsen
et al. (2003), and more recently Körtzinger et al. (2008), it was
assumed that the northern North Atlantic surface water fCO2
has tracked the atmospheric fCO2 increase of 1.4 μatm y–1 over

Fig. 2. Relationship between At and SSS in the northern North Atlantic.
Black circles indicate Atlantic water (S > 34.5) and Atlantic water diluted
by local ice melt (S < 34.5). Red circles indicate polar-influenced water (S
< 34.5) (red circles Fig. 1a) in the east Greenland Current. The blue line
shows the linear regression relationship for the Atlantic water, including
low salinity ice melt water, given by the following equation: At = 49.35 ×
SSS + 582 (r 2 = 0.86). The red line shows the linear regression relationship for the Polar water in the East Greenland Current given by the following equation: At(S < 34.5) = 15.29 × SSS + 1751.73 (r 2 = 0.63).

Atlantic water. As the Atlantic water encounters and melts sea
ice, At changes along the regression line describing the Atlanticinfluenced water due to dilution (Anderson et al. 2004). Based
on the findings of Anderson et al. (2004), only data from the I/B
Oden cruise in 2002 (Fig. 1a, red circles) having salinity less than
34.5 were used to determine the polar relationship, because
those measurements were made in the East Greenland Current
(EGC) and Arctic Ocean, and clearly contain the signal of high
alkalinity water from Arctic river runoff. All other measurements, also including low salinity ice melt water (S < 34.5),
were used to construct the Atlantic relationship.
To evaluate how the approach using two alkalinity regimes
in the northern North Atlantic (Eqs. 6 and 7) compares to the
approaches of Millero et al. (1998), Lee et al. (2006) (Eqs. 4 and
5, respectively), as well as a recent work of Corbiére et al.
(2007), the three model performance criteria described above
were employed. A relationship of the form of Lee et al. (2006)
was also identified using the same data as for determining Eqs.
6 and 7, and tested in the same manner. The results are summarized in Table 1.
It is evident from Table 1 that the two local linear relationships (Eq. 6 and 7) are more appropriate for the northern
North Atlantic and the Nordic Seas, and that the use of a relationship similar to the one of Lee et al. (2006) does not
improve the results.
Validating the alkalinity versus salinity relationship—To validate the relationships between alkalinity and salinity, they
were tested on measurements from R/V G. O. Sars obtained in
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Fig. 3. At was estimated using Eq. 6, and the plot shows the deviation
from measured At. The solid black line indicates the mean bias.

Fig. 4. The plot shows the measured – calculated Ct when estimating the

the study period (Keeling and Whorf 2003). To determine the
rate of the surface water Ct increase due to the increasing fCO2,
the surface water (top 150 m) fCO 2 was calculated from
measured salinity, At, Ct, silicate, and phosphate. The calculated fCO2 was then adjusted to 1995 using the
increase/decrease of 1.4 μatm y–1, and then the Ct representative of 1995 was calculated from At, salinity, silicate, phosphate, and adjusted fCO2. Based on these calculations, an
adjustment of 0.8 μmol kg–1 y–1 was applied on the Ct data,
which agrees well with time series measurements from the
Irminger Sea (Olafsson et al. 2002).
The year was divided into two seasons, summer (April-September) and winter (October-March), and one relationship
was identified for each season:

Validating Ct relationship—To test the performance of Eq. 8
on in situ measurements obtained in 1995, all available 1995
measurements in the study area from the GLODAP database
were used (Fig. 1e). Eq. 8 enables the prediction of these Ct95
with a mean bias of 0.5 μmol kg–1 and an rms error of 5.9 μmol
kg–1. A plot of the residuals between measured and predicted
Ct95 is shown in Fig. 5.
Secondly, Ct was predicted, using Eq. 8, for the measurements from the G. O. Sars cruise in 2003 (Fig. 1c). The surface Ct normalized to 1995 by 0.8 μmol kg–1 yr–1 was predicted
with a mean bias of 3.3 μmol kg–1 and an rms error of 7.6 μmol
kg–1. The residual plot is shown in Fig. 6.
Determining At from estimated Ct—In this approach, At was
determined from measured fCO2 and Ct derived from SSS, SST,
and NO3–1 using Eq. 8. Fig. 7 shows a plot of the residuals. At
was calculated with a mean bias of 4.0 μmol kg–1 and a mean
standard error of calculation of 22.3 μmol kg–1 (standard error
of calculation obtained from A13). The large error associated
with the calculation stems mostly from the large error (16.6
μmol kg–1) of the surface Ct estimates from Eq. 8.
Comparing approaches I and II—To identify the optimal variable combination for VOS, the three criteria as described
before (Eqs. 1-3) were employed, and the results are shown in
Table 2.
It is evident from Table 2 that when having in situ measurements of fCO2, the optimal variable combination to be
used for estimating the carbon system using VOS is fCO2 and
SSS. This approach has the highest model efficiency, highest
correlation between measured and calculated variables, as well
as the smallest value of the cost function.

Summer: Ct95 = 1176.52 – 4.32 × SST + 26.55 × SSS + 4.25
× NO3–, (r 2 = 0.83, σ = 16.6 μmol kg–1, n = 3544)

(8)

Winter: Ct95 = –293.63 – 7.17 × SST + 69.58 × SSS + 1.28
× NO3–, (r 2 = 0.94, σ = 8.1 μmol kg–1, n = 207)

(9)

At using Eq. 6 and combining this with in situ fCO2. The black solid line
represents the mean bias in the calculations.

It is evident from Eqs. 8 and 9 that the summertime relationship is more dependent on the NO3– concentration than
the wintertime relationship. This is due to the higher biological activity during summer. The separation into two seasons
will possibly lead to less noise in the wintertime calculations,
enabling more accurate calculations compared with employing one relationship for the entire year.
As there were limited amounts of measurements from the
winter season available for validation, only the relationship in
Eq. 8 will be used further in this paper. The very strong correlation identified in Eq. 9 encourages future verification of this relationship as more wintertime measurements become available.

Discussion
Empirical relationship between At and SSS—Anderson et al.
(2004) show the different effects on At by sea-ice melt water
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Fig. 5. Ct from GLODAP was determined using Eq. 8, and the plot shows

Fig. 6. Surface Ct normalized to 1995 was determined using Eq. 8. The

the deviation from measured Ct. The black line indicates the mean bias.

plot shows the deviation from measured Ct also normalized to 1995. The
black line indicates the mean bias.

and high alkalinity Arctic river-runoff water. Therefore, to employ
Eq. 6 and 7 on continuous measurements of SSS, one needs to
know which alkalinity regime is present. The distinction
between river water and melt water can be made using 18O measurements together with salinity (Frew et al. 2000), but as the
measurements made on VOS do not include 18O, initiation of
sampling of this variable from VOS is encouraged. The above
discussion points to a shortcoming of this method at the
boundary between the EGC and the waters to the east of it.
Olsen et al. (2008) show in their Fig. 4c that surface fCO2 in the
EGC is significantly lower than in the surrounding waters. At
60°N, this corresponded to the 2750-m depth contour at the
East Greenland shelf edge. Underway fCO2 measurements
together with bathymetry may therefore be used to identify the
EGC. Based on this, it is proposed that caution should be exercised when estimating surface At from SSS when a drop in fCO2
is observed approaching the east Greenland shelf. To the east of
this, Eq. 6 should be used, and Eq. 7 should be used to the west.
The effect on surface At due to biology has not been explicitly accounted for in Eqs. 6 and 7. Calcifying organisms (e.g.,
coccolithophorids, foraminifera, and pteropods) use calcium
carbonate (CaCO3) when building skeletons and shells,
thereby reducing At.
The precipitation of one mole of CaCO3 will lead to a
reduction in At of 2 moles. This will happen in tandem with
a reduction in the surface nitrate and phosphate concentrations, each having the potential to increase At with one mole
each for one mole used nitrate and phosphate respectively
(Brewer and Goldman 1976). Therefore the net effect on
alkalinity from biology comes from a combination of the
two above mentioned processes. Results from a modeling
study at Ocean Weather Ship M (66°N, 02°E), in the Norwegian Sea, indicate an At reduction of 38 μmol kg–1, in summer, due to the effects of calcifying phytoplankton (Findlay

et al. 2008). However as Findlay et al. (2008) did not include
the effects of nutrient uptake on At in their model, this suggests that their estimate is an upper bound. A mesocosm
study between 15 May and 9 June 2005 containing calcifiers
common to Norwegian fjords and open waters of the Norwegian and Barents Sea (Bellerby et al. 2008) indicate a
reduction in At of about 20 μmol kg–1 under present CO2 conditions. As both studies show drawdown in At higher than
the individual precision of At measurements, it indicates that
caution should be made in estimating At using SSS during
blooming events of calcifying organisms. It suggests that the
uncertainty in the proposed method increases during periods
of strong biological activity.
Empirical relationship between Ct and SSS, SST, and NO3–—The
relationship between Ct normalized to constant salinity, SST,
and NO3– identified by Lee et al. (2000) possibly contain artifacts introduced through the normalization procedure (Friis et
al. 2003). The approach identified in this study (Eq. 8), does
not include salinity normalization and is able to estimate the
surface Ct95 from GLODAP, and Ct normalized to 1995 from G.
O. Sars 2003 well (0.5 ± 5.9 μmol kg–1 and 3.3 ± 7.6 μmol kg–1
respectively).
As underway measurements of oxygen (O2) are currently
being implemented on VOS lines, the inclusion of this parameter in the future studies of the surface carbon system is warranted. As shown by McNeil et al. (2007), the prediction of
surface Ct was improved by using SST, SSS, NO3–, and O2 compared to SST, SSS, and NO3–.

Comments and recommendations
The understanding of the northern North Atlantic and
Nordic seas carbon system is limited due to lack of in situ measurements, and VOS are presently being used to increase the
data coverage. This study has presented and discussed two
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Table 2. Performance of the two approaches used in this study
Approach

ME*

CF*

R 2*

(I) At(SSS) G. O. Sars

0.86

0.36

0.88

Ct(At(SSS),fCO2)

0.95

0.22

0.96

(II) Ct(SSS,SST,NO3–) GLODAP
Ct(SSS,SST,NO3–) G. O. Sars

0.97
0.92

0.18
0.29

0.97
0.93

At[Ct(SSS,SST,NO3–),fCO2]

0.83

0.41

0.91

*Higher values of ME and R 2 and low values of CF indicate the best performance.

assessment of surface ocean acidification and anthropogenic
CO2 uptake, highlighting the importance for sustaining and
expanding the VOS lines.
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Abstract
Autonomous profiling floats are increasingly used platforms for global ocean in situ observations
following recent advances in both float and sensor technology. After a deployment of two
Navigating European Marine Observer (NEMO) profiling floats at 41.01°S, 55.03°W on 8 January
2008, water column measurements of temperature, salinity, and dissolved oxygen were made
between the surface and 1000m. The floats were transported across the South Atlantic Ocean at the
northern rim of the Antarctic Circumpolar Current. Fluxes of oxygen were calculated from direct
measurements, and fluxes of carbon dioxide (CO2) were estimated from interpolation of the Lamont
Doherty Earth Observatory (LDEO) surface ocean pCO2 dataset. This enabled the calculation of
fluxes of Atmospheric Potential Oxygen (APO) across the air-sea interface. The fluxes over the
NEMO drift tracks were estimated to: 11.2±1.1 mmol CO2 m-2 d-1 from the atmosphere to the
ocean, 0.012±0.006 mol O2 m-2 d-1 from the ocean to the atmosphere, and a mean APO flux of
0.001±0.006 mol APO m-2 d-1 directed from the ocean to the atmosphere.

1

Manuscript in preparation.
1. Introduction
The South Atlantic Ocean is considered an important source of oxygen (O2) to the atmosphere
(Gruber et al. 2001), while at the same time a significant sink for atmospheric carbon dioxide (CO2)
(McNeil et al. 2007, Takahashi et al. 2009). Atmospheric O2 variability is tightly coupled to
variations in atmospheric CO2 through photosynthesis by land plants, and remineralisation and
respiration of terrestrial organic matter (Severinghaus 1995, Gruber et al. 2001). Based on the work
of Keeling and Shertz (1992) and Keeling et al. (1998), Stephens et al. (1998) proposed a new
tracer called atmospheric potential oxygen (APO ~ O2 + 1.1CO2), a tracer removing the terrestrial
signal, and to a large extent, the fossil fuel signal from atmospheric O2. APO thus represents the
amount of O2 that would be left in a parcel of air after all of its CO2 have been consumed through
photosynthesis (Stephens et al. 1998), hence variations in APO mainly reflect the air-sea exchange
of O2 and to a lesser extent also CO2. The present understanding of the partitioning of O2 and CO2
between the ocean and the atmosphere is based largely on shipborne measurements with limited
spatial and temporal coverage, inverse models (e.g. Gruber et al. 2001, 2009a), and simulations
performed by coupled ocean general circulation - biogeochemistry models (e.g. Ito et al. 2010,
Tjiputra et al. 2010). Measurements of APO has the potential to advance the current knowledge by
providing boundary conditions to atmospheric transport models (Naegler et al. 2007, Rödenbeck et
al. 2008), and serving as a sensitive test metric for ocean carbon cycle models (Stephens et al. 1998,
Naegler et al. 2007, Rödenbeck et al. 2008). In order for this to be accomplished, there is, as
concluded by Naegler et al. (2007), a strong need for in situ atmospheric APO measurements
resolving interannual variability, in addition to evaluations of variability in oceanic fluxes of O2 and
CO2.
High quality measurements from autonomous profiling floats have the potential to
significantly alleviate this situation (Gruber et al. 2009). State-of-the-art floats are able to profile the
upper water column (typically down to 1000m or 2000m), while measuring temperature (T), and
salinity (S) (Davies et al. 2001), and recently also dissolved oxygen (O2) (Körtzinger et al. 2004,
2005, Tengberg et al. 2006, Gruber et al. 2009). Combined with atmospheric data (sea level
pressure and 10m wind speed) this allows direct estimation of the air-sea exchange of O2. The
development of autonomous CO2 system sensors, for floats, is still in its infancy and until such
sensors become readily applied, a first step to overcome this issue is to employ the strong
relationships existing between the partial pressure of CO2 (pCO2) and ancillary variables (e.g. Tans
et al. 1990, Lee et al. 1998, Olsen et al. 2003).
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2.

Methods

This study focuses on the region 40-50°S, 56°W-45°E as this was the area covered by two floats
deployed 8 January 2008 at 41.01°S, 55.03°W (fig. 1), with the initial objective of studying
intermediate water masses in the “cold water path” (Rintoul 1991) of the Atlantic Meridional
Overturning circulation (Nondal et al., manuscript to be submitted).

2.1 Float deployment and data
Two

Navigating

European

Marine

Observer

(NEMO)

profiling

floats

(http://www.optimare.de/cms/en/divisions/mms/mms-products/nemo.html),

equipped

with

Aanderaa Data Instruments oxygen optodes, were used in this work. Optimal float deployment
strategies rely on an intimate knowledge of the study region and yet floats are of particular benefit
in more poorly understood, and infrequently sampled regions. This paradox may be reconciled
through the use of ocean general circulation models to propose deployment locations. In this work,
experiments in which synthetic floats were released and subsequently tracked, in the HYbrid
Coordinate Ocean Model (HYCOM; Bleck 2002) were used to determine optimal float deployment
locations, from where the floats would likely be able to cross the entire South Atlantic Ocean during
their expected lifetime.
Three experiments were performed, all starting on model date 1 January 2001, and
integrated for 360 days: (i) 141 synthetic floats were released south of the Falkland/Malvinas
Islands, drifting on the model 26.8 isopycnal (σ0), representing Subantarctic Mode Water (SAMW)
in the southeast Pacific (e. g. Hanawa and Talley 2001) (black lines in fig. 2); (ii) 966 synthetic
floats were deployed in the Brazil-Malvinas Confluenze Zone (BMCZ), drifting on the 26.6
isopycnal, representing SAMW in the South Atlantic (Hanawa and Talley 2001) (blue lines fig. 2);
and (iii) 20 synthetic floats were released along 25°W, 35°-45°S, with 0.5 ° spacing between them.
The latter experiment was performed for studying the evolution of the South Atlantic Current
(SAC; Stramma and Peterson 1990), and the red lines in fig. 2 show the model trajectories for this
experiment. It is evident that the model suggests that the floats would cross the South Atlantic
Ocean in about 2 years if deployed in the BMCZ region, or south of about 55°S to the south of the
Falkland/Malvinas Islands. This region was chosen as the optimal float deployment location, and
deployments were made from R/V G. O. Sars on 8 January 2008 (41.01°S, 55.03°W).
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2.2 Calibration of O2 optodes
The oxygen optodes are delivered having a nominal accuracy of 8.0 μmol kg-1 or 5% whichever is
greater, as obtained through a batch calibration by the manufacturer. Field studies however indicate
that this accuracy can be improved (i.e. Körtzinger et al. 2005, Tengberg et al. 2006). We thus
performed an extended optode O2 calibration prior to float integration. This was carried out using
water from Byfjorden outside of Bergen, Norway, manipulated to temperatures, and O2
concentrations, which the floats were expected to encounter in the specific study area. After the
individual optode corrections, NEMO60 measured O2 with a mean offset of -0.007 μmol kg-1 and
an rms error of 2.2 μmol kg-1, while NEMO47 with 0.002 μmol kg-1, and 1.8 μmol kg-1 respectively
(not shown). Crossover-comparison with in situ O2, as determined by Winkler titration, one year
later suggested negligible optode drift over the respective time (not shown).

2.3 Sea surface partial pressure of CO2
We employ the LDEO surface ocean pCO2 database (Takahashi et al. 2010) identifying algorithms
allowing for the prediction of the surface ocean pCO2 using float measurements. The pCO2
measurements were adjusted to the nominal year 2008 by assuming a steady oceanic pCO2 increase
of 1.5 μatm yr-1 (Takahashi et al. 2009), the temperature was set to 5°C, and the year was divided
into summer (Oct.-Mar.), and winter (Apr.-Sept.). As processes altering surface ocean pCO2
(mixing, biological activity, solubility, gas exchange) are related to both SST and SSS, these
parameters warrant inclusion into the algorithm. Additionally, position (lon, lat) was included in
order to account for the strong regional variability in the South Atlantic (Orsi et al. 1995, Boutin et
al. 2008). This significantly improved the regression coefficients, as compared to only using SST
and SSS. A multiple least squares regression resulted in the following relationships between surface
pCO2, SST, SSS, lon, and lat:
Summer:
pCO22008,t=5 = –15.6682*SST + 8.8508*SSS + 0.5581*lon – 2.9220*lat, n = 8167, r2 = 0.91

(1)

Winter:
pCO22008,t=5 = – 17.8734*SST + 14.5210*SSS + 0.3427*lon + 0.7195*lat, n = 6760, r2 = 0.95

(2)

For evaluating the performance, and validity, of the seasonal algorithms we utilize the independent
in situ measurements from CARIOCA buoy 9 of Boutin (2008), normalized to 2008. A plot of the
residuals between measured and estimated pCO2t=5 is shown in figure 4. The summertime
relationship (1) enables estimation of surface pCO2t=5 with a mean bias of 3.2μatm and an rms error
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of 6.6μatm. The corresponding statistics for the wintertime relationship (2) is -0.2μatm, and
6.4μatm, respectively

2.4 Air-Sea gas exchange
The flux, F, of any gas across the air-sea interface is a function of the concentration gradient across
the interface, ΔC, and the transfer velocity, k:
F = kΔC

If

(3)

the gas follows Henry’s law, the concentration gradient can be expressed as

(Liss and Slater, 1974):

CaH – Cw

(4)

Where Cw represents the concentration of the gas in the water phase, Ca in the air phase, and H is
the Henry’s law constant. CaH therefore represents the concentration of dissolved gas that would be
attained in a water parcel in equilibrium with the air phase.

2.4.1 Oxygen

For oxygen with a high atmospheric concentration, CaH is regarded as equal to the saturation
concentration, hence:

(

FO2 = k [O2 ] − [O2 ] s

)

(5)

The O2 flux (mol m-2d-1), at a sea level pressure of one atmosphere (1 atm), is expressed as:

FO2 =

(

k
[O2 ] − [O2 ]s
1000

)

(6)

where k is the transfer velocity (m d-1), [O2] the surface O2 concentration (mmol m-3), and [O2]s
represents the saturation concentration of oxygen (mmol m-3; Weiss, 1970). Both [O2] and [O2]s
were expressed in units of μmol kg-1, and converted to mmol m-3 using in situ density (kg m-3).
Negative FO2 values indicate fluxes from the ocean to the atmosphere (i.e. a loss of O2 for the
ocean). As the annual mean sea level pressure is approximately 2% lower at 60°S compared to 30°S
5
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(Oberhuber 1988, Najjar and Keeling 1997), the O2 fluxes in this work need to be corrected for the
pressure effect on O2 solubility. This was achieved through the following expression (Najjar and
Keeling 1997):
FO2 =

⎞
⎛
k ⎛
p⎞
⎜ [O2 ] − [O2 ] s + ⎜1 − 0 ⎟⋅ [O2 ] s ⎟
1000 ⎝
⎝ p ⎠
⎠

(

)

(7)

where p represents the corresponding (temporal and spatial) sea level pressure from the NCEP-DEO
AMIP-II reanalysis (Kanamitsu et al. 2002), and p0 is the mean sea level pressure of 1013.25mb
(Najjar and Keeling 1997). A lot of effort has been put in describing the relationship between the
gas transfer velocity (k), and the wind speed (u) (e.g. Liss and Merlivat 1986, Wanninkhof 1992,
Wanninkhof and McGillis 1999, Nightingale et al. 2000, Sweeney et al. 2006). We utilize the
relationship between k (in m/d), the 10-m wind speed (u) and the Schmidt number (Sc) of
Wanninkhof (1992):

⎛ Sc ⎞ −
k = 0.0744u 2 ⎜
⎟
⎝ 660 ⎠

1

2

(8)

where the wind-speed also comes from Kanamitsu et al. (2002). We choose the Wanninkhof (1992)
formulation first of all as it is the most widely used. It has furthermore been identified as highly
suitable for large-scale applications (Najjar and Keeling 2000), and found to agree well with mixed
layer dynamics of CO2 and O2 (Körtzinger et al. 2008).
2.4.2 Carbon dioxide

For CO2, the concentration difference can be expressed through pCO2 according to:
FCO2 = K 0 k ( pCO2atm − pCO2sw )

(9)

where K0 is the solubility of CO2 in seawater, k is the transfer velocity according to (8) with the
Schmidt number for CO2 from Wanninkhof (1992), and pCO2atm and pCO2sw represents the partial
pressures of CO2 in the atmosphere and the ocean, respectively. K0 was calculated, using SST,
through the relationship of Weiss (1974). Measurements of the atmospheric mole fraction of CO2
(XCO2), for 2008, were obtained from the NOAA CMDL Carbon Cycle Group flask sampling in
order to determine pCO2atm. The stations used are shown in figure 3. As suggested by Olsen et al.
(2003), atmospheric XCO2 may be parameterized as a function of latitude, however based on the
6
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small spread (i.e. the small standard deviation) in the XCO2 data from the stations used in this work
(not shown), constant XCO2 values were utilized for each month of the year. pCO2atm was then
calculated from XCO2 according to:
pCO2atm = XCO2 ( pb − pH 2O)

(10)

where pb is the barometric sea level pressure from Kanamitsu et al. (2002), and pH2O is the water
vapor pressure calculated from SST according to Cooper et al. (1998).

The APO flux is calculated from the combined fluxes as (Körtzinger et al. 2008):

FAPO = −FO2 −1.1FCO2

(11)

A negative flux represents an APO transport into the ocean, meaning that the atmosphere is losing
matter.
3. Results

3.1 Air-Sea gas exchange

3.1.1 Oxygen

The 6-h wind speed from the NCEP-DOE AMIP II reanalysis (Kanamitsu et al. 2002) for the year
2008, merged to float locations in space and time, was combined with float O2 measurements from
the top 5m of the ocean for calculating the fluxes of oxygen using (7) and (8). Figure 5 shows the
corresponding air-sea fluxes (mol m-2 d-1) for NEMO60 and NEMO47, respectively. Both plots
depict clear annual cycles (solid lines representing a 60 day running mean of the total O2 flux), with
outgassing of O2 during summer and O2 uptake during winter. However there appears to be larger
variability in the region covered by NEMO47. The summertime outgassing results from a
combination of surface warming (through increased net heat flux) and biological activity.

3.1.2 Carbon dioxide

The flux of carbon dioxide was calculated through equations (1), (2), (8), (9) and (10), using the
same atmospheric data as above. The results are shown in figure 6. As for the O2 flux there appears
to be larger variability in the CO2 flux in the region covered by NEMO47, however both regions
appear to be year-round sinks for atmospheric CO2.
7
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3.1.3 Atmospheric Potential Oxygen

The APO flux, as calculated through equation (11), is shown in figure 7. By comparing fig. 7 with
figures 5 and 6, respectively, it is evident that the APO flux is mostly dominated by the O2 flux, and
to a lesser extent by the CO2 flux, as expected. Atmospheric APO has been calculated over the last
few decades, from measurements obtained through the Scripps O2/N2 sampling network
(http://scrippso2.ucsd.edu/apo-data). Figure 8 shows a plot of the APO for 2008 from Palmer
Station, Antarctica (PSA; see fig. 3 for location). The seasonal APO cycle depicted in fig. 8, agrees
well with the calculated air-sea APO fluxes in fig.7; atmospheric APO decreases during fall and
winter as APO is transported from the atmosphere to the ocean, while atmospheric APO starts to
increase during spring (~Oct.) where the APO flux is directed from the ocean to the atmosphere.

4. Discussion
The waters of the South Atlantic sector of the Southern Ocean are separated from the saltier and
warmer waters of the subtropical South Atlantic by strong meridional gradients in surface properties
(Orsi et al. 1995). This separation is commonly known as the Subtropical Front (STF). The
Antarctic Circumpolar Current (ACC) flows in an eastward manner around the globe to the south of
the STF, with two additional fronts located within. These fronts are called the Subantarctic Front
(SAF) and the Polar Front (PF), respectively (Orsi et al. 1995). The two distinct zonal bands
separated by the fronts are called, from north to south, the subantarctic zone (SAZ), and the Polar
Zone (PZ). The climatological positions (Orsi et al. 1995) of these fronts together with the
respective stations sampled by the NEMO floats are shown in figure 9, indicating that NEMO47
sampled mostly in the SAZ, while NEMO60 collected approximately the same number of profiles
in the SAZ as in PZ. The mean air-sea CO2 flux for 2008 as calculated from the NEMO47 data, was
15.2±1.7 mmol m-2 d-1. The mean O2 flux was 0.005±0.008 mol m-2 d-1, and the consequent APO
flux was calculated as -0.022±1.7 mol m-2 d-1. The calculations of the respective fluxes across the
NEMO60 drift track resulted in a CO2 flux of 6.8±1.3 mmol m-2 d-1, an O2 flux of -0.03 mol m-2 d-1,
and a resultant APO flux of 0.021±1.3 mol m-2 d-1. When averaging the fluxes over the areas
covered by both floats, we identify a mean flux of CO2 of 11.2±1.3 mmol m-2 d-1, a mean flux of O2
of -0.012±0.006 mol m-2 d-1, and a mean APO flux of -0.001±0.006 mol m-2 d-1. The combined O2
flux of 4.4±2.2 mol m-2 yr-1 (0.012±0.006 mol m-2 d-1) from the ocean to the atmosphere, is
consistent with the inversion study of Gruber et al. (2001) identifying an O2 flux of about 5.2 mol
m-2 yr-1 to the atmosphere for the subpolar South Atlantic in the region 36°-58°S (their fig. 5). The
overall agreement between measured and estimated pCO2 (fig. 4), together with the combined O2
fluxes, provides confidence in our calculated APO fluxes.
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5. Conclusions
This study highlights the versatility of using autonomous profiling floats for in situ ocean
observing. We have demonstrated the possibility of estimating fluxes of atmospheric potential
oxygen from floats, a parameter providing important constraint needed to improve global
biogeochemistry models. This supports the current effort in supplying profiling floats with oxygen
sensors, as formulated through a community white paper for the OceanObs´09 conference (Gruber
et al. 2009). The approach described in this work warrants comparison with simultaneous in situ
pCO2 and O2 measurements, promoting the inclusion of oxygen sensors on CARIOCA surface
drifters. Our results furthermore highlight the regional variability in the South Atlantic Southern
Ocean.
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Figures and figure captions:

Fig. 1 Float deployment location is shown by the black square while the blue diamonds denote the NEMO60 stations.
The red stars denotes the stations from NEMO47.
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.
Fig. 2 Map showing spaghetti plots of the synthetic float drift from experiment 1 (black lines), experiment 2 (blue
lines), and experiment 3 (red lines).

Fig. 3 Map showing the locations of the LDEO surface pCO2 winter- (blue) and summer data (red) used for obtaining
the relationships given in equations (3) and (4).The locations of the NOAA XCO2 sampling stations used in this work
are shown with black squares; EIC=Easter Island, CGO=Cape Grim Observatory, CRZ=Crozet Island, TDF=Terra del
Fuego, and PSA=Palmer Station Antarctica.
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Fig. 4 The top panel shows the difference between pCO22008,t=5 and estimated pCO2 from SST, SSS, longitude and
lattitude through (1). Equation (1) is able to estimate pCO2 with a mean bias of 3.2 μatm, and an rms error of 6.6 μatm.
The bottom plot displays the difference between measured and estimated (through eq. 2) pCO2 for winter. Equation (2)
is able to estimate pCO2 with a mean bias of -0.2μatm, and an rms error of 6.4 μatm.
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Fig. 5 Air-sea fluxes of O2 (mol m-2d-1) for NEMO47 (top plot) and NEMO60 (bottom plot) shown versus month of the
composite year 2008. The solid black lines show a 60day running mean of the total flux.
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Fig. 6 Air-sea fluxes of CO2 (mmol m-2d-1) for NEMO47 (top plot) and NEMO60 (bottom plot) shown versus month of
the composite year 2008. The solid black lines show a 60day running mean of the total flux.
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Fig. 7 Figure showing APO flux (mol m-2 d-1) versus month of the year for NEMO47 (top plot) and NEMO60 (bottom
plot). The solid lines represent 60 days moving averages of the data.

Fig. 8 APO (per meg) from Palmer Station, Antarctica, for the year 2008. Data obtained from
http://scrippso2.ucsd.edu/apo-data.
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(b)

Fig. 9 (a) Location of NEMO47 measurements and climatological positions of the major South Atlantic Southern
Ocean fronts from Orsi et al. (1995) (b) shows the corresponding for NEMO60.
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Signals of climate change and variability are communicated to the ocean interior through
mixing and the sinking of surface water masses. The most prominent pathways are the
generation of Southern Hemisphere mode and intermediate waters1. Through this
ventilation, the Southern Ocean has a major role in controlling atmospheric carbon
dioxide2-4, oxygenating the ocean interior5, and supplying nutrients to the global ocean6.
We present observations in the Southwestern Atlantic that show the fastest decrease in the
oxygen content of Southern Hemisphere intermediate waters observed to date
(6.5μ
μ mol kg-1 per decade over the past two decades). A model experiment using a state-ofthe-art ocean circulation – carbon cycle model7 over the same time period shows that this
oxygen reduction extends throughout the Southeastern Pacific and South Atlantic. The
model displays an intensification of Circumpolar Deep Water upwelling, a reduction in
wintertime convection, and a subsequent shift in meridional overturning circulation. We
also find that increasing carbon and nutrient fluxes from the Southern Ocean to the global
ocean are associated with the change in ocean circulation.

Intermediate water masses originating in the Southern Ocean are sensitive indicators of climate
change and variability1. They distribute nutrients to the World Ocean and influence global ocean
productivity6, oxygenate the intermediate ocean countering the oxygen utilization of marine
microbial processes8, and are an important conduit of anthropogenic CO2 (Cant) from the
atmosphere to the interior ocean2-4. These water masses have experienced a significant
warming9, increasing Cant (refs. 2,3), and regionally diminishing dissolved oxygen concentrations
(O2; ref. 5) presumably in response to climate change.
Being identifiable in all ocean basins10, Antarctic Intermediate Water (AAIW) is the
major intermediate water mass with regards to global ocean connectivity. It is primarily formed
at the Antarctic polar front west of Drake Passage from winter surface water originating in the
Bellingshausen Sea11, and subsequently transported into the South Pacific12, and through Drake
Passage, into the South Atlantic Ocean13 (Fig. 1).
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We investigated changes in the circulation and biogeochemical transport of AAIW,
combining observations of O2, temperature (T) and salinity (S) from autonomous floats in the
western South Atlantic Ocean (Methods), and a newly developed state-of-the-art coupled ocean
general circulation – carbon cycle model7. The model is configured on a global grid (Methods),
with the water column divided into layers of constant density (isopycnals). Such a setup is
favorable, as the vertical coordinate mimics the real structure of the water column, and tracer
transport in the interior ocean is know to take place along such isopycnal surfaces.
Sub-surface O2 is likely to be more sensitive to changes in circulation and ventilation
compared with other physical and biogeochemical variables14, and it is furthermore a powerful
water mass tracer. We compared the new float O2 dataset from 2008 with observations from
1988 (GLODAP15; data locations shown in Fig. 1), and identified a significant AAIW O2
reduction of 12.9±4.2μmol kg-1 (Fig. 2; see also Methods). This corresponds to 6.5μmol kg-1 per
decade and is, to the best of our knowledge, the fastest observed O2 decline for Southern
Hemisphere waters16.
The model simulates a similar statistically significant AAIW O2 reduction as identified
from the observations over the past two decades (Fig. 2 and top plot Fig. 3, see also Methods),
with concomitant increasing trends in total inorganic carbon (Ct), and nutrients over the
intervening years (Fig. 3). The modeled O2 decrease can be traced into the AAIW formation
region west of Drake Passage, which shows the largest change (Fig.4). From there it spreads
northward in the Pacific and through Drake Passage into the Atlantic where it propagates
eastward through the region where our observations were taken.
AAIW in the Southeast Pacific is made up by wintertime Antarctic Surface Water mixing
with upwelled Circumpolar Deep Water (CDW), with the end-product (AAIW) subducting at the
Antarctic polar front. Over recent decades, the Southern Annular Mode (SAM), the main mode
of southern hemisphere atmospheric variability (e.g. ref. 17), has shifted to a positive state
associated with lower sea-level pressures than normal over Antarctica and higher sea level
pressures over mid-latitudes (40-65°S). This is associated with an intensification and southward
3

shift of the Southern Hemisphere westerly winds, attributed to a combination of greenhouse-gas
induced warming18, and ozone loss over the Antarctic continent17,19. As a response to the shifting
westerlies, the northward water mass transport in the near surface layers (i.e. the Ekman
transport) increases, leading to enhanced upwelling south of 50°S (Supplementary Fig. 1). This
is enhancing the supply of CDW from the ocean interior. As this water mass was last in contact
with the atmosphere more than five centuries ago20, it contains insignificant amounts of carbon
originating from fossil fuel combustion21. Increased upwelling of CDW thus brings water with
more natural carbon and nutrients, but less O2 to the surface, hence introducing a distinct
biogeochemical signature. Gas exchange and biological production processes both act to
partially normalize the carbon and O2 disequilibria, the extent of which is strongly dictated by
the residence time of water at the surface.
Over the past 50 years, negative trends in simulated wintertime surface densities
(Supplementary Fig. 2) suggest a decrease in wintertime convection. Together with a faster
CDW⎯to⎯AAIW transformation as a result of the spin-up of the near surface meridional
circulation (i.e. the Deacon Cell22), and thus a shorter time for air-sea gas exchange of O2 and
CO2 at the surface, the combined result is formation of AAIW that retains stronger CDW
characteristics. This mechanism implies a weakening potential for CO2 uptake from the
atmosphere in the region of AAIW formation, due to increasing natural carbon flux from the
ocean interior. This is a likely contributor to the modeled23, and observed24, reduction in the
efficiency of the total Southern Ocean atmospheric CO2 sink. Despite reduced CO2 uptake from
the atmosphere, AAIW remains a net carbon sink as it retains more natural carbon due to the
reduced air-sea gas exchange (less outgassing) at the surface. This enhances ocean acidification
(lowers pH; not shown) despite the reduced net carbon uptake from the atmosphere.
We show, by employing O2 as a tracer, that the excess carbon in the Southeast Pacific
resulting from enhanced CDW upwelling is transported through AAIW into the ocean basins.
Our results significantly add to the present state of knowledge with regards to Southern Ocean
carbon transport. We are able to extend the short-term (2005-2006) modeling study of ref. (4)
4

identifying that the carbon transport has been dominated by Ekman dynamics since, at least,
1960.
The future scale and persistence of the circulation and biogeochemical changes is
dependent on the intensity and position of the wind fields19. These are sensitive to both climate
change25,26 and stratospheric ozone concentrations17,19. Although the stratospheric ozone levels
are projected to recover during the course of the 21st century, the ever increasing atmospheric
load of greenhouse gases will likely lead to a continuation of the current trend in the SAM, and
therefore to a strengthening and southward shift in the Southern Hemisphere westerlies18. This
will enhance the nutrient transport to the global ocean, potentially affecting primary
productivity6.
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Methods

Profiling floats
In situ measurements were made by means of Navigating European Marine Observer (NEMO)
floats. (http://www.optimare.de/cms/en/divisions/mms/mms-products/nemo.html). In “park and
profile mode”, these floats drift at 650m, descending to 1000m every 10 days, subsequently
rising to the surface measuring T, S, and O2. At the surface the floats transmit data by means of
Iridium satellite communication, before returning to the parking depth.

NEMO O2 measurements
Each float was equipped with an optical oxygen sensor (Aanderaa Data Instruments Oxygen
Optode model 3830). Comparing NEMO stations with available in situ measurements shows that
the O2 measurements are consistent within 2.8µmol kg-1, which we thus state as the accuracy of
the measurements.

Comparing NEMO and Southern Atlantic Ventilation Experiment (SAVE) O2 data
The NEMO profiles from 2008 were interpolated onto common depths, averaged over a full
year, and compared with the SAVE O2 measurements from 1988. The interpolation was
performed using a Piecewise Cubic Hermite Interpolating scheme (pchip) in Matlab®, as
suggested by ref. (29).
Observations of S, T and Si* – the latter a tracer that represents the relative depletion of
silicate and nitrate6 –, obtained during the World Ocean Circulation Experiment (WOCE),
identify the 700-1000m depth range as Antarctic Intermediate Water (AAIW). Using the same
criteria for model analysis, we identify the layer having a constant density of 36.53 (σ2;
Methods) as the best model equivalent in both water mass characteristics and depth.
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Statistical analysis of float data
Random “noise” on the order of ± 2.8µmol kg-1 for NEMO (optode accuracy), and ± 1µmol kg-1
for GLODAP (typical accuracy of wet-chemical titration), was introduced to the measurements.
We then performed a Student’s t-test 10000 times in Matlab®, using the ttest2 algorithm. This
showed that the O2 difference in the depth range of 700-1000m was always significantly
different than zero at the 95% level (for n=10000).

MICOM – HAMOCC coupled model system
The model is a coupling between the Miami Isopycnic Coordinate Ocean Model (MICOM), and
the Hamburg Model of Ocean Carbon Cycling (HAMOCC). It is configured on a global grid
with a nominal resolution of 2.4° with grid spacing ranging from 60km in the Arctic and
Southern Oceans, to 180km in the Subtropical Gyres. The water column is divided into a stack of
34 layers of constant density (isopycnals) referenced to 2000m depth (σ2 – coordinates), with a
non-isopycnic surface mixed layer. The model was spun up for 950 years in order to reach
equilibrium. The results analyzed in this study are from a hindcast simulation forced by NCEP
reanalyzes (1960 – 2007).

Supplementary Information is linked to the online version of the paper at www.nature.com
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Figures and figure legends

Fig. 1 Map showing the location of the 55 profiles obtained in 2008 by means of two NEMO subsurface drifting
floats (red dots). The blue dots show the locations of the 32 profiles from the 1988 South Atlantic Ventilation
Experiment (SAVE) campaign. The dark grey arrows indicate the main ocean currents in the South Atlantic Ocean.
The green ellipse indicates the key region of Antarctic Intermediate Water (AAIW) formation, and the green thick
arrows show the injection pathways of AAIW into the South Pacific, and Atlantic Oceans.
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Fig. 2. The solid line shows the mean in situ O2 difference between 2008 (55 profiles) and 1988 (32 profiles) in the
depth range 400–1000m, while the red shading indicates the 95% confidence interval of the mean.

12

Fig. 3. Simulated time series showing mean oxygen (top panel), total inorganic carbon (mid panel), and silicate
(lower panel) for the model section across 47°S (all units in μmol l-1). The dashed line in the mid panel represents a
model run without CO2 emissions, hence representing “natural” DIC. This demonstrates that the DIC increase is not
caused solely by an invasion of anthropogenic CO2, but includes increased natural carbon flux from the ocean
interior.

13

Fig. 4 Map showing the trend in O2 concentration (μmol l-1) on model isopycnal 36.53 (Methods), in the Southern
Ocean model domain, from 1960-2007. Trends shown in colour are significant at the 99% level. The black solid line
indicates the location of the Polar Front.
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Supplementary information

Supporting figures and figure legends

Supplementary Fig. 1 Map showing the trend in summer (DJF) Ekman pumping velocity diagnosed from
NCEP/NCAR wind stress data from 1960–2007 in m s-1 year-1. The trend is significant at the 99% level.
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Supplementary Fig. 2 Simulated trend in JAS surface density between 1960–2007 (kg m-3 year-1). The trend is
significant at the 99% level.
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[1] This study evaluates the anthropogenic changes of CO2 (DCant) and 13C (D13Cant)

in the Nordic seas, the northern limb of the Atlantic Meridional Overturning Circulation,
that took place between 1981 and 2002/2003. The changes have been determined by
comparing data obtained during the Transient Tracers in the Ocean, North Atlantic Study
(TTO-NAS) with data obtained during the Nordic seas surveys of R/V Knorr in 2002 and
R/V G.O. Sars in 2003 using an extended multilinear regression approach. The estimated
D13Cant and DCant and their relationship to each other and to water mass distribution
suggest that the Polar Water entering the Nordic seas from the north is undersaturated
with respect to the present atmospheric anthropogenic CO2 levels and promotes a local
uptake of Cant within the Nordic seas. In contrast, the Atlantic Water entering from the
south appears equilibrated. It carries with it anthropogenic carbon which will be
sequestered at depth as the water overturns. This preequilibration leaves no room for
further uptake of Cant in the parts of the Nordic seas dominated by Atlantic Water. The
upper ocean pCO2 in these regions appears to have increased at a greater rate than the
atmospheric pCO2 over the last 2 decades; this is reconcilable with a large lateral
advective supply of Cant.
Citation: Olsen, A., et al. (2006), Magnitude and origin of the anthropogenic CO2 increase and
since 1981, Global Biogeochem. Cycles, 20, GB3027, doi:10.1029/2005GB002669.

1. Introduction
[2] The increase of the atmospheric CO2 concentration
caused by fossil fuel combustion, cement production, and
land use change is significantly dampened by oceanic CO2
uptake. Current annual net oceanic CO2 uptake corresponds
to roughly one quarter of the fossil fuel and cement
manufacturing emissions [Prentice et al., 2001], and the
accumulated oceanic uptake since the start of the industrial
revolution corresponds to approximately 50% of the emitted
fossil CO2 [Sabine et al., 2004]. The size of the oceanic
inventory of anthropogenic carbon (Cant) is, however, hard
to estimate owing to the absence of oceanic carbon observations from the preindustrial era and estimates such as the
quoted Sabine et al. [2004] have to rely on indirect
1

Geophysical Institute, University of Bergen, Bergen, Norway.
Also at Bjerknes Centre for Climate Research, University of Bergen,
Bergen, Norway.
3
Bjerknes Centre for Climate Research, University of Bergen, Bergen,
Norway.
4
Also at Geophysical Institute, University of Bergen, Bergen, Norway.
5
Department of Earth Science, University of Bergen, Bergen, Norway.
6
University of Iceland and Marine Research Institute, Reykjavik,
Iceland.
2

Copyright 2006 by the American Geophysical Union.
0886-6236/06/2005GB002669$12.00

13

C Suess effect in the Nordic seas

approaches [Gruber et al., 1996] with inherent methodological uncertainties. Our understanding of where and when
Cant is taken up by the oceans, how it is transported within
them, and where it is stored is therefore uncertain. This
situation is now being alleviated by continued observations
which enable us to observe and quantify carbon concentration changes in the interior ocean associated with Cant input.
[3] Decadal changes have been quantified in the Pacific
Ocean [Peng et al., 2003], the Indian Ocean [Peng et al.,
1998; Sabine et al., 1999], and in the Southern Ocean
[McNeil et al., 2001a] by comparing recent carbon data
with the data collected during GEOSECS and other expeditions that were carried out during the 1960s and 1970s. In
the present paper observations obtained during the Transient
Tracers in the Ocean, North Atlantic Study (TTO-NAS) of
1981 are compared with data obtained during two recent
surveys of the Greenland, Iceland, and Norwegian seas.
This allows for the quantification and increased understanding of the Cant input to the northernmost parts of the Atlantic
Ocean over the last 2 decades.
[4] The Greenland, Iceland, and Norwegian seas, collectively known as the Nordic seas, are considered important
for the natural exchange of carbon between the ocean and
the atmosphere, representing the preindustrial carbon fluxes.
Annually, approximately 6 Sv (Sverdrup, 106 m3 s 1) of
warm and salty Atlantic Water (AW) from farther south
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enter the region [Hansen and Østerhus, 2000]. This water is
cooled and transformed to subsurface waters within the
Nordic seas themselves, and also in the Arctic Ocean and
associated shelf areas. The subsurface waters exit the
Nordic seas over the Greenland-Scotland ridge and contribute to a total northern North Atlantic overturning circulation
of 15 Sv [Álvarez et al., 2002]. The cooling of the
northward flowing AW drives a flux of CO2 from the
atmosphere into the ocean so that the waters that overturn
in the Nordic seas and contribute to the global oceanic deep
water pool are loaded with carbon. As the waters eventually
upwell this carbon is released back to the atmosphere, along
with carbon that was added to the deep water from decaying
organic material.
[5] The Nordic seas are also considered an important
region for oceanic uptake of Cant. The air-sea flux of
anthropogenic CO2 is not driven by biology and meridional
water transport as the preindustrial air-sea CO2 flux, but by
the increase of the atmospheric CO2 concentration which
has perturbed the natural exchanges between the ocean and
the atmosphere. Given approximately 1 year the surface
layer of the world oceans will equilibrate with the atmosphere [Broecker and Peng, 1974] and further uptake will
rely on exposure of older water to the atmosphere. The
largest air-to-sea transfer of Cant is thus considered to take
place in regions with extensive communication between
surface and deep waters such as the tropical and Southern
Ocean upwelling regions and the North Atlantic convection
areas. A large air-to-sea flux of anthropogenic CO2 and an
efficient surface-to-deep ocean carbon transport is expected
to occur in the Nordic seas. Indeed, with respect to the latter,
Cant estimates do reveal deep penetration in the Nordic seas
spreading into the deep Atlantic [Gruber, 1998; Sabine et
al., 2004]. As regards the air-sea flux of anthropogenic
carbon on the other hand, the situation is somewhat unclear.
Three-dimensional ocean carbon cycle models do tend to
show a large air-sea Cant flux in the northern North Atlantic
and Nordic seas [Orr et al., 2001; Wetzel et al., 2005], but
these results have, however, recently been challenged by
estimates of oceanic Cant transport which seem to agree
that the largest uptake of Cant takes place in the tropicalto-subtropical Atlantic, so that the waters that enter the
subpolar regions are already equilibrated with the atmosphere’s anthropogenic CO2 concentration, leaving little
room for further uptake [Álvarez et al., 2003; Macdonald
et al., 2003; Rosón et al., 2003]. In fact, the Rosón et
al. [2003] estimate indicates that the subtropical-to-subpolar
Atlantic is a source of anthropogenic CO2 to the atmosphere; that is, the uptake of CO2 from the atmosphere has
been reduced since preindustrial times. This result is in
agreement with output from simple model calculations
[Wallace, 2001; Anderson and Olsen, 2002; Bellerby et
al., 2005]. Observations from the North Atlantic do indeed
seem to verify that the surface ocean pCO2 in this area has
increased at a greater rate than the atmospheric pCO2 over
the last 20 years [Lefévre et al., 2004], implying a reduced
uptake of atmospheric CO2. However, the extent to which
this increase is a consequence of anthropogenic CO2 or of
biological and/or temperature effects was not resolved by
Lefévre et al. [2004]. Surface ocean pCO2 appears to have
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increased in the Barents Sea as well, as presented by Omar
et al. [2003]. They applied an approach that accounted for
changes in biology and hydrography, so their estimated
annual mean increase of 1.3 atm yr 1 between 1967
and 2001 is solely due to anthropogenic carbon. This
increase is slightly lower than the atmospheric increase
of 1.4 atm yr 1 in the same time interval. Since no
gradients could be observed within the Barents Sea, the
authors suggested that the anthropogenic carbon had been
advected into the region from the Nordic seas.
[6] This paper focuses on the region between the areas
addressed by Lefévre et al. [2004] and Omar et al. [2003]:
the Nordic seas. The area was surveyed during the summers
of 2002 and 2003 using R/V Knorr and R/V G.O. Sars.
Data describing the inorganic carbon system were acquired
during both cruises as well as data for temperature, salinity,
and nutrient concentrations. These data are compared with
the data acquired in the same area during the TTO-NAS of
the summer of 1981, aiming to determine the changes of the
Cant concentrations over the 2 decades that separate these
surveys. To this end an extended version of the multilinear
regression (MLR) approach of Wallace [1995] is employed,
the eMLR approach as first introduced by Sonnerup et al.
[2000] and later formalized by Friis et al. [2005]. The
eMLR method is also employed on data of the 13C-to-12C
ratio, 13C, acquired during the TTO-NAS and the Sars
cruises so that the magnitude of the oceanic 13C Suess effect
in the region and its relationship with the anthropogenic
CO2 changes can be estimated. The 13C Suess effect is a
consequence of the fact that fossil fuel CO2 is relatively
enriched with the light carbon isotope 12C so that emissions
lead to a decrease of the 13C-to-12C ratio in the atmosphere.
Isotopic exchange across the air-sea interface transmits this
perturbation to the ocean, giving rise to the oceanic 13C
Suess effect. Information on the magnitude of this effect can
be used to quantify oceanic uptake of Cant [Quay et al.,
1992; Tans et al., 1993; Heimann and Maier-Reimer, 1996;
Quay et al., 2003], and the ratio of oceanic Cant and 13C
changes provides information on the recent atmospheric
exposure histories of water masses [McNeil et al., 2001b;
Körtzinger et al., 2003].

2. Data and Methods
[7] The positions of the data used in the present work are
presented in Figure 1. Data selection has been limited to
offshore of the 250-m isobath to avoid coastal influence,
and at/or north of the Greenland-Scotland ridge.
2.1. TTO-NAS Data
[8] The TTO-NAS was carried out from April to October
of 1981. The TTO-NAS survey consisted of 7 legs and the
Nordic seas were surveyed during leg 5, in late July and
early August. The data used here were acquired at stations
142 to 159. The data were obtained from the Carbon
Dioxide Information Analysis Center (CDIAC), Oak Ridge,
Tennessee. The total concentration of inorganic carbon (Ct)
in water was determined at sea as well as on shore after the
cruise. The at-sea determinations were carried out using
potentiometric titration while the onshore determinations
were carried out in the late C. D. Keeling’s laboratory at
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temperature, salinity, and nutrients data acquired during this
cruise will be described by R. G. J. Bellerby et al.
(manuscript in preparation, 2005). The data for Ct that are
employed here were determined by gas extraction of
acidified water samples followed by coulometric titration
[Johnson et al., 1985, 1987]. The accuracy was set by
running CRM supplied by Andrew Dickson of Scripps
Institution of Oceanography, and the precision has been
determined to better than ±2 mol kg 1 by comparison of
deep samples acquired in the western Greenland basin
where the Ct is regarded as being homogenous (R. G. J.
Bellerby et al., manuscript in preparation, 2005).

Figure 1. Map of the sampling locations in the Nordic
seas. The TTO sampling locations are shown as crosses,
Knorr locations as solid circles, and Sars locations as open
diamonds. The thin lines mark the position of the 250-m
isobath.

Scripps Institution of Oceanography using the gas extraction manometric technique described by Weiss et al. [1982].
Subsequent analyses revealed that the Ct values determined
at sea were higher than the values determined on shore. This
motivated the release of a revised TTO Ct dataset which
was calculated from the TTO total alkalinity (TA) and pCO2
data using the carbon system constants of Merbach et al.
[1973] [Brewer et al., 1986]. Recently Tanhua and Wallace
[2005] have reanalyzed the TTO carbon chemistry data
from legs 2, 3, 4, and 7. They find that the TTO TA data are
biased high with respect to modern data tied to Certified
Reference Material (CRM) and recommend that they should
be adjusted down by 3.6 mol kg 1. They moreover
recommend that the TTO Ct values should be recalculated
using the adjusted TA data and currently accepted constants
and then adjusted upward by 2.4 mol kg 1 on the basis of
comparison with the manometric Ct values obtained during
TTO. These recommendations were followed in the present
work. Leg 5 Ct values thus computed were on average
0.26 mol kg 1 higher than the manometric data; this
compares favorably with the offset between the manometric
and revised Ct data of 2.5 mol kg 1, the latter being lower.
[9] The TTO-NAS data of the 13C-to-12C ratio of dissolved inorganic carbon, 13C, were acquired from CDIAC.
The data were measured by the Carbon Dioxide Research
Group at Scripps Institution of Oceanography using procedures described by Gruber et al. [1999]. All data that were
flagged as suspicious in the original data set were discarded,
as well as data points where the replicate analyses differed
by more than three times the estimated combined error from
sampling and analysis, 0.12% (3X0.04%), following
Gruber et al. [1999].
2.2. R/V Knorr Data
[10] The R/V Knorr cruise was carried out in June 2002
and covered most regions of the Nordic seas (Figure 1). The

2.3. R/V G.O. Sars Data
[11] The R/V G.O. Sars cruise was carried out from
September to October of 2003. The cruise covered the
Barents Sea Opening, the Greenland Sea, the FaeroeShetland Gap, the Faeroe Bank Channel, and the Svinøy
Section that extends NW off the coast of Norway from
62°N. Data were also acquired at a few stations in the
Iceland Sea (Figure 1). Temperature and salinity data were
obtained using a SBE 911plus CTD profiler. The initial
accuracy of the conductivity and temperature sensors were
0.0003 S/m and 0.002°C, respectively. The CTD profiler
carried two temperature and two conductivity sensors and
the standard deviation of each pair of sensors averaged over
all stations was 0.0023°C for temperature and 0.0012 for
salinity. The CTD salinity data were corrected to bottle
samples by a polynomial fit. The standard deviation of the
difference between the CTD and the bottle values was
0.0047 with a correlation coefficient of 0.9998.
[12] The nitrate and silicate data were analyzed on the
ship using a Chemlab 3-channel autoanalyzer following
methods of Grasshoff [1970]. Phosphate was analyzed
using a modified version of the Murphy and Riley [1962]
method. The accuracy and precision of the nutrient analyses
have been assessed by running nutrient test samples
supplied by the QUASIMEME program [Wells and Cofino,
1997] and laboratory reference material [Aminot and
Kérouel, 1998]. The laboratory reference material
was run at each station and indicates precisions (1 ) of
±0.13 mol kg 1 for nitrate, ±0.02 mol kg 1 for
phosphate, and ±0.27 mol kg 1 for silicate over the
duration of the cruise. Immediately after the cruise the
laboratory reference material was analyzed together with
test samples from the QUASIMEME program. The test
sample results were in very good agreement with the
QUASIMEME assigned values.
[13] Ct was determined using the same method as during
the Knorr 2002 cruise. Accuracy was set by running CRM
as for the Knorr cruise. The combined sample handling
and measurement error of these data were determined to be
0.4 mol kg 1 by analyzing samples drawn from
10 different Niskin bottles closed at the same depth (1 ).
[14] The 13C samples acquired on this cruise were
collected in 100-mL bottles and poisoned with HgCl2 and
sealed with rubber stoppers immediately after collection.
The samples were stored cold and in the dark. Each sample
was analyzed in triplicate using a Finnigan GasBench
coupled to a Mat 252 mass spectrometer within 3 months of
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Table 1. Regression Coefficients and Statistics for the Predictive Equations Which Were of the Form Ct = a  S + b   +c  NO3 + d 
Si + k and 13C = a  S + b   +c  NO3 + d  Si + k
Relationship
1981 Ct
1981 13C
2002/03 Ct
2003 13C

a
65.0535
0.04554
18.75019
0.574599

b
5.9032
0.07225
3.2875
0.026418

c
3.9031
0.02909
5.83105
0.067470

the cruise. On the basis of 16 samples taken below 2000 m
in the Greenland Sea with very similar physical and
chemical water mass characteristics, the precision has been
determined to be at least ±0.07% (1 ) for these results, just
above the long-term precision of the machine based on
standard replicates (±0.05%).
2.4. The eMLR Calculations
[ 15 ] The extended multilinear regression (eMLR)
approach builds on the multilinear regression (MLR)
approach for determining Cant changes introduced by
Wallace [1995] and subsequently employed on several
occasions [Sabine et al., 1999; McNeil et al., 2001a; Peng et
al., 2003]. The MLR method has also been used to
determine the oceanic 13C Suess effect in the Southern
Ocean [McNeil et al., 2001b]. The underlying idea of this
method is that whereas the carbon system in itself is
perturbed as Cant enters the ocean, the natural variations can
be accounted for using a number of predictive parameters
such as salinity, temperature, apparent oxygen utilization
(AOU), nutrients, TA, etc. The approach takes advantage of
the fact that changes of the Cant concentration will affect the
accuracy of empirically derived functions that estimate Ct,
provided the predictive parameters are only influenced by
natural processes. The MLR method applies an equation,
derived for one region with data obtained at one time, to
predict Ct concentrations using data obtained in the same
region but at a different time. Any systematic bias revealed
through comparing measured with predicted Ct values is
ascribed to changes in the concentration of Cant. The eMLR
technique was first introduced by Sonnerup et al. [2000] for
13C data. Later on Friis et al. [2005] further formalized and
reviewed the eMLR technique for Ct data. Rather than
evaluating the offset between measured and predicted Ct
values, the eMLR technique employs two regression
equations derived from two data sets collected at different
times. The two equations are applied on one set of predictive
variables and differences in the predicted Ct values reveal
the Cant change. This method minimizes the measurement
error associated with the independent variables since they
enter the prediction twice, once when they are employed in
the modern relationship and once when they are employed in
the historical relationship [Friis et al., 2005].
[16] The predictive equations for Ct and 13C were
derived using salinity, potential temperature (), nitrate, and
silicate as independent variables. These parameters were
found to be sufficient and necessary. Adding the parameters
AOU and TA did not improve the fit. Nitrate data were
preferred to phosphate as comparison of the phosphate data
collected at the Knorr and Sars cruises revealed significant

d

k

r2

rms

n

0.5033
0.0138
2.18864
0.057407

170.8064
0.09162
1442.3472
21.594664

0.96
0.98
0.95
0.81

5.88
0.062
4.62
0.070

274
18
2058
199

differences in deep waters, 0.2 mol kg 1, indicating
issues with the phosphate analyses on one of the cruises.
There were no significant deep water differences between
these cruises with respect to the other variables used in this
study. A cutoff value of 0.5 mol kg 1 was applied to the
nitrate data to avoid the potential impact of carbon
overconsumption at very low nutrient levels [Falck and
Anderson, 2005]. The regression analyses were carried out
using the software package R [R Development Core Team,
2004]. The coefficients and statistics of each relationship are
listed in Table 1. The residuals are plotted as a function of
fitted values in Figures 2a and 2b, and versus depth in
Figures 3a and 3b. In general the relationships predict Ct

Figure 2. Residuals (measured - predicted) of (a) Ct and
(b) 13C as a function of predicted values. Residuals of the
Knorr/Sars regressions are shown as solid circles, and
residuals of the TTO regressions as open circles.
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Figure 3. Mean and standard deviation of residuals of (a) Ct and (b) 13C binned into intervals of
0 – 99 m, 100– 199 m, 200– 299 m, 300 – 499 m, and into 500-m intervals below 500 m. The residuals
of the Knorr/Sars regressions are in black whereas those of the TTO regressions are in grey.

and 13C to within ±6 mol kg 1 and ±0.07% as evaluated
from the root mean square (rms) values (Table 1). The
accuracy of the Ct relationships appears uniform over
the whole range of Ct values as evaluated from Figure 2.
The predictions are biased slightly high deeper than 2000 m,
around 1 to 2 mol kg 1, with the TTO results being higher
(Figure 3). Precision of the Ct predictions appears stable
with depth to ±5 mol kg 1; this is taken as a measure of
the uncertainty of the Cant estimates, except in the upper
100 m where precision decreases to ±10 mol kg 1. The
precision of the 13C predictions appears to be within an
acceptable ±0.1% at all depths, but it was not possible to
evaluate deep TTO precisions due to the limited number of
samples.
[17] The anthropogenic changes of Cant (DCant) and 13C
(D13Cant) were estimated as the difference between Knorr/
Sars equations and the TTO equations when both were
applied to the TTO data. The equations were employed on
the TTO data because these data define the region where all
of the regression equations are known to be valid.
Moreover, DCant was only determined for samples within
the salinity, , nitrate, and silicate ranges for which both the
Knorr/Sars and the TTO relationships were valid, i.e.,
the common validity range. The same was the case for the
D13Cant estimates. These ranges are provided in Table 2.

[19] A schematic of the Nordic seas upper ocean circulation is presented in Figure 4. It is dominated by the
northward flow of warm and saline AW in the east and
the southward flow of fresher and colder Polar Water (PW)
from the Arctic Ocean in the west. These water types meet
and mix in the area between and form Arctic Surface Water,
and as this water is cooled during winter several types of
Arctic Intermediate Water (ArIW) are formed. The deep
waters are not only formed locally such as Greenland Sea
Deep Water (GSDW), but are also advected into the region
from the Arctic Ocean. Canadian Basin and Eurasian Basin
Deep Waters enter the Nordic seas through the Fram Strait,
meet and mix with GSDW and moves south into the deep
Lofoten and Norwegian basins as Norwegian Sea Deep
Water (NSDW).
[20] The distributions of temperature and salinity along a
south-to-north section based on the TTO data are displayed
in Figure 5. The positions of the stations have been
specified in Figure 4. The upper 600 m of the southernmost
station (Sta. 142) in the Faeroe Bank Channel are dominated
by the relatively warm and salty (S > 35) AW entering the
region, and below this the cold overflow water exiting to
the North Atlantic prevails. Station 143 in the southern
Norwegian Basin is to the west of the Atlantic inflow which
turns sharply east after crossing over the Iceland-Faeroe

3. Hydrographic Setting
[18] A description of the hydrographic features of the
TTO section is necessary before considering the results of
the DCant and D13Cant calculations. The one presented here
is based on the more comprehensive descriptions of the
hydrography of the Nordic Seas by Hopkins [1991], Hansen
and Østerhus [2000], Rudels et al. [2005], and Blindheim
and Østerhus [2005].

Table 2. Common Application Ranges of the Predictive Equations
for Ct and for 13C
Parameter

Range Ct

Range 13C

Salinity

Nitrate
Silicate

34.172 – 35.249
1.288 – 10.49
0.5 – 15.8
0.2 – 13.4

34.784 – 35.084
1.15 – 8.45
2.74 – 15.01
0.75 – 12.25
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Figure 4. Schematic of Nordic seas surface circulation. The solid lines indicate the flow of warm
Atlantic Water, and the dashed lines show the flow of the cold Polar Water. The gray dotted line shows
the position of the section given in Figures 5 – 8, along with the location (crosses) and numbers of the
TTO stations used for its construction.
Ridge, thus salinities do not exceed 35 at this station. The
upper part of this station has salinities in excess of 34.95
and captures the Recirculated Faeroe Current. This current
carries AW that has recirculated and been mixed with ArIW
in the Norwegian Basin. The lens of water with S < 34.9
between 400 and 600 meter is Norwegian Sea Arctic
Intermediate Water (NSArIW), and NSDW dominates below this. The AW is reencountered at the next stations, 144
and 145, and it reaches its deepest extent at the latter of
these, in the Lofoten Basin. NSArIW is present at both of
these stations as well, as a salinity minimum at 700 and
1000 m, respectively, and below this NSDW prevails. The
sharp gradient in salinity over the Mohns Ridge at stations

146 and 147 is the Arctic Front, north of which the
increased influence of PW is manifest as a substantial
freshening above 1000 m. The Greenland Sea appears
otherwise quite homogenous with respect to both temperature and salinity, but then again we stress that the resolutions applied for salinity and temperature data are
inadequate to resolve the finescale structures. As the section
moves northward through station 149 over the Boreas Basin
and then turns east onto the West Spitsbergen shelf, the
increasing Atlantic influence at intermediate depths
becomes evident with salinities ranging from 34.9 up to
35. Surface waters, though, are quite fresh throughout. In
the Boreas Basin, this is due to PW and particularly when

Figure 5. TTO data-based sections of (a) temperature and (b) salinity from the Faeroe Bank Channel to
the West Spitsbergen Shelf along the track shown in Figure 4. The numbers on the upper x axis refer to
the station numbers in Figure 4.
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water in the Faeroe Bank Channel has DCant values in the same
range as the upper NSDW, between 8 and 10 mol kg 1.
Similar to salinity, DCant decreases sharply across the Arctic
Front over the Mohns Ridge and the surface to deep ocean
DCant gradient is smallest in the Greenland Sea as a result of
deep convective mixing in this region. Approaching the West
Spitsbergen Shelf where the influence of AW increase, the
DCant lies between 12 and 14 mol kg 1.

Figure 6. Estimated anthropogenic CO2 increase (mol
kg 1) in the Nordic seas from 1981 to 2002/2003, along the
track shown in Figure 4. The numbers on the upper x axis
refer to the station numbers in Figure 4. The gray shading of
the upper 100 m indicates the higher uncertainty of the
DCant estimates in this depth range (10 mol kg 1
compared to 5 mol kg 1 elsewhere).

close to the shelf it is due to the West Spitsbergen Coastal
Current, a continuation of the East Spitsbergen Current that
carries water from the northern Barents Sea.

4. Results
4.1. Anthropogenic CO2 Increase
[21] The estimated change in anthropogenic CO2 concentration along the TTO section between 1981 and 2002/03 is
displayed in Figure 6. The largest variations of DCant are
evident in the upper 100 m. This approximately represents
the seasonal mixed layer and is the zone with the largest
methodological uncertainty (±10 mol kg 1). These
estimates should be interpreted with care and have been
shaded gray in the figure. Below this DCant values range
from less than 4 mol kg 1 to more than 20 mol kg 1 with
systematic spatial variations that are fairly coherent with the
water mass distribution. The largest values are associated
with the Atlantic domain of the Nordic seas. In the core of
the Atlantic inflow, above 600 m in the FBC, DCant lies
between 18 and 20 mol kg 1. This corresponds to annual
changes of around 0.9 mol kg 1 yr 1. The DCant decreases
slightly moving into the Norwegian Sea but values are
clearly higher here than in the rest of the section; in the AW
at stations 144 and 145 as well as in the recirculated AW of
station 143 values are between 14 and 18 mol kg 1, corresponding to annual changes of 0.7 to 0.8 mol kg 1 yr 1.
The values decrease with depth and in the NSDW DCant is
less than 6 mol kg 1. The isolines in the Norwegian Sea
slope northward and are deepest in the Lofoten Basin
where also the Atlantic layer is deepest. The overflow

4.2. Anthropogenic d13C Changes
[22] The estimated changes of 13C attributable to the
oceanic 13C Suess effect, D13Cant, are displayed in Figure 7.
The deep parts of the Norwegian Basin and most of the
Faeroe Bank Channel are excluded as they were outside the
common validity range of the 13C equations. There are less
surface samples, so the contours are not drawn all the way
to the surface.
[23] The 1981 to 2003 oceanic 13C Suess effect exhibits
substantial regional variation in the Nordic seas, and
appears to be even more closely tied to water mass distribution than anthropogenic CO2. In the core of the AW in the
northern Norwegian Basin and the Lofoten Basin the 13C
decrease ranges between 0.4% and 0.6%, and corresponds to annual decreases between 0.018% yr 1 and
0.024% yr 1. The changes are smaller in the Greenland
Sea, only 0.1% which corresponds to 0.004% yr 1. As
the AW is reencountered west of Spitsbergen larger changes
are evident: between 0.3% and 0.4%.

5. Discussion
[24] The results on the changes of anthropogenic CO2
concentration and the 13C Suess effect over the last 20 years,
the magnitude of these changes, and their spatial variation

Figure 7. Estimated 13C change (%) attributable to the
oceanic 13C Suess effect in the Nordic seas from 1981 to
2003, along the track shown in Figure 4. The numbers on
the upper x axis refer to the station numbers in Figure 4.
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and relation to water mass distribution provides a framework that enables us to specify how anthropogenic CO2 is
brought into the Nordic seas.
[25] The atmospheric 13C has decreased at a fairly steady
rate of 0.027% yr 1 since at least 1962 up to 2003
(calculated from the Southern Hemisphere record of
Francey et al. [1999], extended with the record from the
Cape Grim Observatory (B. H. Vaughn and J. W. C. White,
personal communication, 2005). The 13C decreased in the
AW by up to 0.024% yr 1, so this water mass is close to
equilibrium with the atmospheric 13C Suess effect. However, this equilibrium cannot have been established solely
within the Nordic seas because it takes 10 to 12 years to
establish isotopic equilibrium between ocean and atmosphere [Broecker and Peng, 1974; Lynch-Stieglitz et al.,
1995] so the transit time of about 1 year from the IcelandScotland gap up to the Lofoten Basin [Furevik, 2000, 2001]
is insufficient. Thus the changes must have been advected
laterally from farther south. The AW has been given time to
equilibrate with the atmosphere as it travels toward the
Nordic seas via the Gulf Stream – North Atlantic Current –
North Atlantic Drift system. Although a large CO2 uptake
within the Nordic seas would preferentially introduce
isotopically light carbon to the ocean due to kinetic
fractionation [Lynch-Stieglitz et al., 1995], the Ct change
of 15 to 20 mol kg 1 means that this kinetic effect can
only account for a total decrease of around 0.06%
(assuming starting conditions of Ct of 2160 mol kg 1 at
13C of 1%, and a one-way addition of 15 mol kg 1
CO2 at 10%). The present estimates for the AW 13C Suess
effect are similar to what has been seen upstream of the
Nordic seas. Körtzinger et al. [2003] found a mean 13C
Suess effect of 0.026% yr 1 between 35°N and 60°N
using isopycnal analysis, and annual changes at Hydrostation
S close to Bermuda have been estimated to 0.025% yr 1
[Bacastow et al., 1996; Gruber et al., 1999].
[26] As for anthropogenic CO2 it appears as if the AW
goes beyond maintaining equilibrium with the atmosphere
because the pCO2 growth rate in this water actually exceeds
the atmospheric growth rate based on the equivalent pCO2
increase displayed in Figure 8. Data from Mauna Loa shows
that from 1981 to 2002 the atmospheric CO2 concentrations
increased from 339.9 ppm to 373.1 ppm and further to
375.6 ppm in 2003 [Keeling and Whorf, 2005]. This gives
an annual mean atmospheric CO2 increase of 1.6 ppm yr 1
over the time span covered by the present study (1981 to
2002/03, 21.5 years). A similar trend was observed in data
obtained within this time interval at Ocean Weather Station
Mike (66°N, 2°E) in the Norwegian Sea [Tans and Conway,
2005]. The equivalent pCO2 increase in the regions
dominated by AW in the Nordic Seas appears larger than
this. In particular, in the Faeroe Bank Channel the estimated
growth rates are above 2 atm yr 1, and in the most saline
layers of the northern Norwegian Basin and the Lofoten
Basin they range between 1.6 and 1.8 atm yr 1. These
excessive growth rates appear below the upper 100 m, the
seasonal mixed layer. At these depths the error of the DCant
estimates was ±5 mol kg 1 which corresponds to an
uncertainty of ±0.37 atm yr 1 in the estimated growth
rates (see caption of Figure 8 for details). This gives a range

13

C

GB3027

Figure 8. Equivalent pCO2 growth rate in the Nordic seas
1981– 2002/2003 (atm yr 1), along the track shown in
Figure 4. The numbers on the upper x axis refer to the
station numbers in Figure 4. The growth rate was computed
as the mean annual increase in CO2 partial pressure required
to increase the TTO Ct data by the estimated anthropogenic
increase if at surface, i.e., [pCO2(CtTTO + DCant, At0, P, , S,
Si, PO4) pCO2(CtTTO, At0, P, , S, Si, PO4)]/21.5, where
preformed alkalinity (At0) was determined according to
Nondal [2004], pressure (P) was set to zero,  and S are in
situ potential temperature and salinity, and Si and PO4 were
set constant to 8 and 1, respectively (typical wintertime
conditions). The error of the growth rate estimates was
determined to ±0.64 atm yr 1 in the upper 100 m and
±0.37 atm yr 1 elsewhere by propagating the random error
associated with DCant (±10 and ±5 mol kg 1, respectively,
section 2.4) according to Dickson and Riley [1978]. Errors
in the other variables used for pCO2 determination
including dissociation constants, were not considered
because these have the same effect on two pCO2 estimates
and thus cancel out as the difference is computed.

of probable growth rates in the inflow region of between 1.6
and 2.4 atm yr 1, and from 1.2 to 2.2 atm yr 1 in the AW
farther north and so it is not crystal clear that pCO2 growth
rates in the AW are exceeding those of the atmosphere.
However, an inspection of the residuals of the MLR
equations revealed no systematic bias with region or water
mass properties which could ultimately have resulted in a
systematic overestimation of the AW pCO2 growth rates.
Moreover, the ±0.37 atm yr 1 is a measure of the random
error of each individual estimate and so the error in the
gridded data presented in Figure 8 is probably smaller since
independent random errors tends to cancel each other during
averaging. This, and the fact that excessive growth rates
have also been observed in the source region for the AW
entering the Nordic Seas [Lefévre et al., 2004; Friis et al.,
2005; Omar and Olsen, 2006] lead us to conclude that it is
highly likely that the pCO2 growth rates in the AW feeding
the Nordic Seas are exceeding those of the atmosphere.
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Local uptake of anthropogenic CO2 cannot sustain these
growth rates. We suggest that the excessive increase is the
manifestation of a negative feedback on the North Atlantic
CO2 solubility pump brought about by the advection and
cooling of water loaded with anthropogenic CO2. This
phenomenon can be conceptualized in a number of ways
[Wallace, 2001; Anderson and Olsen, 2002; Völker et al.,
2002; Bellerby et al., 2005]. We have chosen the following
approach. The AW that enters the Nordic seas originates
farther south. As the water moves northward it is cooled and
the increased solubility induces a transfer of CO2 from the
atmosphere to the ocean. This cooling-induced uptake is
part of the natural preindustrial exchange of CO2 between
the ocean and the atmosphere; the CO2 solubility pump. As
a result of the uptake of Cant, the Ct content of the source
water from the Gulf Stream system has increased. Assume
that the pCO2 of the warm source waters increases at the
same rate as the atmosphere; this implies a given
anthropogenic change in Ct. The water moves northward
and carbon concentrations increase as a consequence of
cooling-induced uptake. When Ct increases, the pCO2
response for a given increase in Ct becomes larger; that is,
the buffer capacity decreases. Therefore, as the water moves
northward, the effect on pCO2 of the given anthropogenic
change in Ct increases. Thus the increase in the south,
tracking the atmospheric increase, may bring about changes
greater than the atmospheric increase farther north.
[27] The anthropogenic changes of both 13C and Ct that
have been estimated for the AW in the Nordic seas thus
indicate that this water mass enters the region preequilibrated with the atmosphere. Within the Nordic seas it meets
with PW and these two mix. The PW has recently exited
from under the Arctic ice and has not been in contact with
the contemporary atmosphere for long, so both DCant and
D13Cant are lower for this water mass than for the AW. The
mixing with PW dilutes the anthropogenic carbon system
signature of the AW, yielding the ties with water mass
distribution seen for both DCant and D13C in the Nordic
seas. The relationship to water mass is stronger for D13Cant
than for DCant (Figures 6 and 7). Regression of DCant versus
salinity in the upper 1000 to 100 m yielded an r2 of 0.40,
which is much less than the r2 of 0.80 for D13Cant versus
salinity (not shown). We believe the different strengths of
the relationships are the consequence of the uptake of
anthropogenic CO2 from the atmosphere which has
increased the initially low DCant of the PW after it has
entered the Nordic seas, while the low D13Cant signature
has been preserved to a greater extent. This effect is due to
the atmosphere-ocean CO2 equilibration rate being ten times
greater than the 13C equilibration rate; only 1 year is
required to equilibrate the surface ocean with respect to
atmospheric CO2 changes whereas 10 years are required to
equilibrate with respect to 13C changes [Broecker and Peng,
1974; Lynch-Stieglitz et al., 1995]. Thus it appears as if the
influx of PW gives rise to a local sink for anthropogenic
CO2 in the Nordic seas.
[28] One might ask to what extent it is not mixing with
deep, rather than Polar Waters, that dilutes the anthropogenic signature of the AW. This is in accordance with the
classical view of the northern high latitude anthropogenic
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Figure 9. Ratio of 1981– 2002/2003 Nordic seas anthropogenic 13C and Ct changes (DRc = D13Cant/DCant) as a
function of salinity. Solid circles are data obtained between
100 and 1000 m, and open circles are data obtained deeper
than 1000 m. The line shows the linear regression in the 100
to 1000 m depth range, r2 = 0.93.

CO2 sink [Takahashi et al., 2002], and modeling results
[Orr et al., 2001; Wetzel et al., 2005]. However, the impact
of deeper waters appears to be limited. This becomes clear
through examining the ratio of the anthropogenic isotopic
and carbon changes, DRc = D13Cant/DCant. The atmospheric perturbation history of 13C and anthropogenic CO2
has been similar and so one might assume similar oceanic
penetration as well. This would imply that the ratio of the
changes, i.e., DRc, should be constant. This theory was
invoked by Heimann and Maier-Reimer [1996], who, when
introducing the ‘‘dynamic constraint’’ method for estimating
oceanic uptake of anthropogenic CO2, determined the
global DRc to be 0.016% (mol kg 1) 1. However,
because of the different equilibration times of 13C and CO2,
significant spatial variations in DRc may arise. In particular,
for situations where the surface residence time of a water
mass has been inadequate for establishment of isotopic
equilibrium the ratio will be less negative than for situations
were isotopic equilibrium has been established. In the
Southern Ocean, DRc was shown to vary between
0.007% (mol kg 1 ) 1 for water masses with
short surface residence time and down to 0.015%
(mol kg 1) 1 for waters with longer surface residence
time [McNeil et al., 2001b]. Nordic seas DRc estimates are
plotted as a function of salinity in Figure 9. They take on a
wide range of values and, noticeably, vary as a strong
function of salinity above 1000 m. This variation reflects
the differences and mixing between the PW and AW as
discussed above. The AW, which is the most saline water
mass, is characterized by the most negative DRc which
seems to stabilize at 0.032% (mol kg 1) 1 at the
highest salinity values. The fact that this is similar to the
values observed by Körtzinger et al. [2003] in the AW
upstream of the Nordic seas and close to the value expected
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for a water mass whose CO2 and 13C changes matches
those of the atmosphere corroborates that the AW is
equilibrated with the atmosphere when entering the Nordic
seas. DRc approaches zero as salinity decrease, i.e., as the
influence of PW increase. This confirms that the PW has not
been exposed to the present atmosphere for very long and so
is closer to atmospheric equilibrium with respect to CO2
than with respect to 13C.
[29] The deeper waters, defined here simply as waters
below 1000 m, takes on a wide range of values independent
of salinity. We identify three reasons why this is so. First,
Nordic seas deep waters are, despite of the small variation
of salinity, formed from a variety of water masses at a
variety of places. The deep water originates in the Arctic
Ocean as well as in the Nordic seas so variations in the
magnitude of the DRc are to be expected. Second, limited
and variable atmospheric exposure times for deep waters
during convective events will introduce DRc variability.
Finally, the relative uncertainty of the DCant and D13Cant
estimates at these depths is greater. The impact of the deep
waters on the variability of DRc in the upper 1000 m seems
to be limited, as most of the points here lie on the straight
line connecting the PW and AW. Only at salinities around
34.9 does this slope seem perturbed by deep mixing with
many points higher than the expected value. This is
apparently a result of mixing with deeper waters, as these
typically have higher DRc than what is expected from the
PW-AW mixing line. As can be seen from Figure 5, it is
only in the homogenous Greenland Sea that these waters
reach the surface and support an anthropogenic carbon
uptake.

6. Conclusions and Implications
[30] The increase of the anthropogenic carbon concentrations and the 13C decrease in the Nordic seas have been
quantified using an extended version of the multilinear
regression approach of Wallace [1995]. The distribution of
the changes and in particular their relationship to each other
showed a high dependency on water masses and circulation.
This dependency has illuminated the processes that bring
anthropogenic CO2 into the Nordic seas. First, anthropogenic CO2 is advected into the region with the AW. The
isotopic changes were too large to have taken place solely
within the Nordic seas where the residence time is only a
few years. Advection and cooling of water from farther
south in the Atlantic provides a reasonable explanation for
the excessive pCO2 increases evident in the core of the AW
[Wallace, 2001; Anderson and Olsen, 2002]. The large
negative DRc values of the AW corroborate this view; they
reflect that the water has been exposed to the present
atmosphere for a considerable time and are similar to the
DRc values observed by Körtzinger et al. [2003] south of
the Scotland-Greenland ridge. Second, and in contrast to the
AW, in the PW the anthropogenic CO2 changes are
relatively large compared to the isotopic changes, perhaps
best reflected in the trend of increasing DRc with decreasing
salinity. This observation and the fact that the PW exits from
under the Arctic ice imply that the influx of PW promotes
an uptake of anthropogenic CO2 from the atmosphere
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within the Nordic seas. Finally, convection in the Greenland
Sea does seem to lead to surfacing of deep water which
takes up anthropogenic CO2 from the atmosphere.
[31] Given this, we expect that the air-sea flux of anthropogenic CO2 in the Nordic seas exhibits a distinct spatial
pattern that is intimately linked to surface water mass
distribution. In the eastern part, the Atlantic region, the
uptake of Cant from the atmosphere is probably limited, if
not even negative; that is, it may be a source of anthropogenic CO2 to the atmosphere. This latter phenomenon
would be apparent as a decreased undersaturation compared
to preindustrial times. Our findings indicate that the undersaturation has decreased at least over the last two decades.
The area toward the west, on the other hand, across the
Arctic Front, is most likely a sink of anthropogenic CO2
from the atmosphere as the surface waters of this region are
appreciably influenced by PW and deep mixing. This
feature, i.e., a quasimeridional gradient approximately following the position of the Arctic Front is not evident in
estimates of the air-sea flux of anthropogenic CO2 from
coarse-resolution ocean carbon model runs. There are discrepancies between different models, but most of them seem
to agree that there is a basin-wide uptake of anthropogenic
CO2 in the Nordic seas [Orr et al., 2001; Wetzel et al.,
2005]. This flux is brought about by deep water formation
in the models [Wetzel et al., 2005]. The difference between
our inferred spatial pattern and model output supports the
need for instance for better spatial resolution and improved
representation of convective processes in order for models
to properly reproduce oceanic uptake of anthropogenic
CO2.
[32] When collapsing pCO2 data collected over a number
of years to a 1995 climatology Takahashi et al. [2002]
assumed no temporal trend of surface ocean pCO2 north of
45°N in the Atlantic. They argued that the anthropogenic
signal in surface ocean pCO2 in the region should be
completely diluted by deep mixing. On the other hand
Olsen et al. [2003] assumed that the whole region followed
the atmospheric pCO2 increase. Our results show that
neither of these assumptions are totally correct. Olsen et al.
[2003] appear closer to the truth than Takahashi et al.
[2002] but the temporal evolution of surface ocean pCO2
differs from region to region. The limited spatial coverage
of the TTO data and increased random uncertainty of the
DCant estimates in the upper 100 m prohibit a comprehensive analysis, but as a first-order estimate we suggest that
the annual pCO2 increase varies as function of salinity
according to: DpCO2 = 2.074  S 71.13, r2 = 0.6, n = 76,
RMS = 0.2. This equation was derived through the linear
regression of the annual pCO2 increase as estimated for
Figure 8 and salinity in the upper 500 to 100 m. 100 m was
used as the upper cut off because of the increased random
uncertainty of the DCant estimates shallower than this.
[33] The ratio of the anthropogenic isotopic and CO2
changes, DRc has been used as a conversion factor to get
from estimates of the oceanic 13C Suess effect to anthropogenic CO2 estimates. Several authors have multiplied their
estimates of 13C changes by 0.016% (mol kg 1) 1, the
DRc estimate of Heimann and Maier-Reimer [1996], to get
to Cant estimates [Bauch et al., 2000; Ortiz et al., 2000].
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This procedure cannot be recommended since different
surface residence times of water masses produce substantial
variations in DRc at regional scales, as was also shown by
McNeil et al. [2001b] for the Southern Ocean. The DRc
values of the AW are exceptional, and much more negative
than the values determined by Tanaka et al. [2003] at 44°N
in the Pacific. This reflects the special circulation of the
Atlantic. Tanaka et al. [2003] suggested that their value was
applicable in general in subpolar and polar regions; this is
not correct.
[34] The present findings support the results of anthropogenic carbon transport calculations in that the AW brings
with it a large amount of anthropogenic CO2 to the northern
North Atlantic [Álvarez et al., 2003; Macdonald et al.,
2003; Rosón et al., 2003]. In particular Álvarez et al. [2003]
estimated that 56% of the anthropogenic carbon sequestered
north of 24.5°N was brought in by oceanic transport
whereas 44% was taken up from the atmosphere within the
region. Just how large the ratio is in the Nordic seas has yet
to be determined, but the advective flux must be significant.
Given our findings it is reasonable to assume that the AW
is saturated with anthropogenic CO2. Temperature and
TA of the AW entering the Nordic seas is around 8°C and
2325 mol kg 1, respectively; this gives a total anthropogenic CO2 concentration of 53 mol kg 1 (atmospheric
pCO2 280 atm vs. 380 atm) which is reasonable
compared to Körtzinger et al. [1998]. About 6 Sv overturn
in the Nordic seas [Hansen and Østerhus, 2000]. Combining these numbers we estimate that overturning leads to an
annual sequestration of roughly 0.12 Gt Cant in the
Nordic seas. This is 6% of the annual oceanic accumulation
of 1.8 Gt Cant [Prentice et al., 2001]. Future studies should
elaborate our initial, conceptual appraisal of how mixing
with PW dilutes the anthropogenic carbon system signature
of the AW within the Nordic seas and quantify the relative
importance of air-sea fluxes and oceanic transport for
importing anthropogenic carbon into the region.
[35] What we would finally like to emphasize here is the
fact that the Cant transport can bring around the excessive
pCO2 increase seen in the core of the AW [Anderson and
Olsen, 2002; Wallace, 2001]. Similar large increases have
been seen farther south by Lefévre et al. [2004], Friis et al.
[2005], and Omar and Olsen [2006]. This gives us reason to
believe that the AW feature is the northernmost manifestation of a trend that occurs in all regions fed with water from
the Gulf Stream; that is, surface pCO2 levels in the whole
North Atlantic Drift – Norwegian Atlantic Current system
are currently approaching equilibrium with the atmosphere.
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T. Johannessen (2004), A decrease in the sink for atmospheric CO2 in
the North Atlantic, Geophys. Res. Lett., 31, L07306, doi:10.1029/
2003GL018957.
Lynch-Stieglitz, J., T. F. Stocker, W. S. Broecker, and R. G. Fairbanks
(1995), The influence of air-sea exchange on the isotopic composition
of oceanic carbon: Observations and modeling, Global Biogeochem.
Cycles, 9, 653 – 665.
Macdonald, A. M., M. O. Baringer, R. Wanninkhof, K. L. Lee, and D. W.
R. Wallace (2003), A 1998 – 1992 comparison of inorganic carbon and its
transport across 24.5°N in the Atlantic, Deep Sea Res., Part II, 50, 3041 –
3064.
McNeil, B. I., B. Tilbrook, and R. J. Matear (2001a), Accumulation and
uptake of anthropogenic CO2 in the Southern Ocean, south of Australia
between 1968 and 1996, J. Geophys. Res., 106, 31,431 – 31,445.
McNeil, B. I., R. J. Matear, and B. Tilbrook (2001b), Does carbon 13 track
anthropogenic CO2 in the Southern Ocean?, Global Biogeochem. Cycles.,
15, 597 – 613.
Merbach, C., C. H. Culberson, J. E. Hawley, and R. M. Pytkowicz (1973),
Measurement of apparent dissociation constants of carbonic acid in seawater at atmospheric pressure, Limnol. Oceanogr., 18, 533 – 541.
Murphy, J., and J. P. Riley (1962), A modified single solution method for
the determination of phosphate in natural waters, Anal. Chim. Acta, 27,
31 – 36.
Nondal, G. (2004), The carbon dioxide system in the northern North Atlantic: An assessment of the optimal variable combination for voluntary
observing ships, M. S. thesis, 71 pp., Univ. of Bergen, Bergen, Norway.
Olsen, A., R. G. J. Bellerby, T. Johannessen, A. M. Omar, and I. Skjelvan
(2003), Interannual variability in the wintertime air-sea flux of carbon
dioxide in the northern North Atlantic, 1981 – 2001, Deep Sea Res., Part
I, 50, 1323 – 1338.
Omar, A. M., and A. Olsen (2006), Reconstructing the time history of the
air-sea CO2 disequilibrium and its rate of change in the eastern subpolar
North Atlantic, 1972 – 1989, Geophys. Res. Lett., 33, L04602,
doi:10.1029/2005GL025425.
Omar, A., T. Johannessen, S. Kaltin, and A. Olsen (2003), Anthropogenic
increase of oceanic pCO2 in the Barents Sea surface water, J. Geophys.
Res., 108(C12), 3388, doi:10.1029/2002JC001628.
Orr, J. C., et al. (2001), Estimates of anthropogenic carbon uptake from four
three-dimensional global ocean models, Global Biogeochem. Cycles, 15,
43 – 60.
Ortiz, J. D., A. C. Mix, P. A. Wheeler, and R. M. Key (2000), Anthropogenic CO2 invasion into the northeast Pacific based on concurrent
13CDIC and nutrient profiles from the California Current, Global
Biogeochem. Cycles, 14, 917 – 929.
Peng, T.-H., R. Wanninkhof, J. L. Bullister, R. A. Feely, and T. Takahashi
(1998), Quantification of decadal anthropogenic CO2 uptake in the ocean
based on dissolved inorganic carbon measurements, Nature, 396, 560 –
563.
Peng, T.-H., R. Wanninkhof, and R. A. Feely (2003), Increase of anthropogenic CO2 in the Pacific Ocean over the last two decades, Deep Sea
Res., Part II, 50, 3065 – 3082.
Prentice, I. C., C. D. Farquahar, M. J. R. Fasham, M. L. Goulden,
M. Heimann, V. J. Jaramillo, H. S. Kheshgi, C. Le Quéré, R. J. Scholes, and
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Enhanced biological carbon consumption in a high
CO2 ocean
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The oceans have absorbed nearly half of the fossil-fuel carbon dioxide (CO2) emitted into the atmosphere since pre-industrial times1,
causing a measurable reduction in seawater pH and carbonate
saturation2. If CO2 emissions continue to rise at current rates,
upper-ocean pH will decrease to levels lower than have existed
for tens of millions of years and, critically, at a rate of change 100
times greater than at any time over this period3. Recent studies have
shown effects of ocean acidification on a variety of marine life
forms, in particular calcifying organisms4–6. Consequences at the
community to ecosystem level, in contrast, are largely unknown.
Here we show that dissolved inorganic carbon consumption of a
natural plankton community maintained in mesocosm enclosures
at initial CO2 partial pressures of 350, 700 and 1,050 matm increases
with rising CO2. The community consumed up to 39% more dissolved inorganic carbon at increased CO2 partial pressures compared to present levels, whereas nutrient uptake remained the
same. The stoichiometry of carbon to nitrogen drawdown
increased from 6.0 at low CO2 to 8.0 at high CO2, thus exceeding
the Redfield carbon:nitrogen ratio of 6.6 in today’s ocean7. This
excess carbon consumption was associated with higher loss of
organic carbon from the upper layer of the stratified mesocosms.
If applicable to the natural environment, the observed responses
have implications for a variety of marine biological and biogeochemical processes, and underscore the importance of biologically
driven feedbacks in the ocean to global change.
Throughout Earth’s history, the ocean has had a crucial role in
modulating atmospheric carbon dioxide through a variety of physical, chemical and biological processes. The same processes are
involved in the ocean’s response to anthropogenic perturbations of
the global carbon cycle. A key process responsible for about threequarters of the surface to deep-ocean gradient in dissolved inorganic
carbon (DIC) is the biological carbon pump8. This transports carbon
bound by photosynthesis from the sunlit surface layer to the deep
ocean. Integrated over the global ocean, the biotically driven surface
to deep-ocean DIC gradient of ,220 mmol kg21 (ref. 9) amounts to
,2,500 petagrams of carbon (Pg C) (1 Pg 5 1015 g), that is, 3.5 times
the atmospheric carbon pool. Small changes in this pool, for example,
caused by biological responses to ocean change, would have a strong
affect on atmospheric CO2.
At present, one of the most far-reaching global perturbations of the
marine environment is caused by the massive invasion of fossil fuel CO2
into the ocean, making it the second largest sink for anthropogenic
carbon dioxide after the atmosphere itself. CO2 entering the ocean
alters the seawater carbonate equilibrium, decreasing pH and shifting
dissolved inorganic carbon away from carbonate (CO22
3 ) towards
more bicarbonate (HCO2
3 ) and CO2. For a ‘business-as-usual’ emission scenario in the year 2100 (IS92a), the CO2 concentration will rise

by about a factor of two relative to the present value (380 matm), and
could increase by a factor of three by the middle of the next century10.
This will cause seawater pH to further drop by 0.3 and 0.6 pH units,
respectively, in addition to the 0.12 pH-unit decrease that has occurred
since pre-industrial times3. Changes in seawater chemistry of this magnitude are expected to have adverse effects, not only on individual
species but also at the community and ecosystem level11.
To investigate the effect of rising CO2 on a natural plankton community, we conducted a mesocosm CO2 perturbation study in the
Raune Fjord in southern Norway. Nine enclosures, each containing
27 m3 of ambient water, were aerated with CO2-enriched air to achieve
concentrations of 350 matm (1 3 CO2), 700 matm (2 3 CO2) and
1,050 matm (3 3 CO2). After nutrient addition, the development
and decline of a plankton bloom was monitored over 24 days.
A rapid decline in CO2 partial pressures (pCO2 ) owing to photosynthetic carbon fixation led to a minimum pCO2 at day 12, at which
point nitrate concentrations were close to exhaustion (Fig. 1). The
greater drop in pCO2 at increased CO2 levels was caused by the lower
buffer capacity of sea water under these conditions. No difference
between CO2 treatments was observed in the drawdown of nitrate
(Fig. 1c), phosphate and silicate (see Methods, Supplementary Fig. 1).
Phytoplankton biomass, depicted by chlorophyll a concentrations
(Fig. 1b), peaked on day 10. This corresponded to the maximum in
particulate organic carbon (Methods, Supplementary Fig. 2) and
coincided with phosphate exhaustion. The phytoplankton bloom
was initially dominated by diatoms, which reached a maximum
1–2 days before the peak of the bloom owing to silicate limitation
on day 9 (Fig. 2). This was followed by a dominance of the prymnesiophytes, primarily the coccolithophore Emiliania huxleyi, which
had maximum cell abundances of (3.5–6.2) 3 106 cells l21 on
days 10–11. Whereas diatoms and prymnesiophytes accounted for
85–90% of phytoplankton biomass during the bloom, prasinophytes,
dinoflagellates and cyanobacteria dominated after the decline of the
bloom. Neither phytoplankton composition nor succession differed
significantly between CO2 treatments.
A distinct CO2 treatment effect is evident for cumulative DIC
drawdown owing to production of organic matter (DDICorg,
Fig. 3a), averaging 79, 100 and 110 mmol kg21 at the peak of the
bloom (day 12) in water at 1 3 CO2, 2 3 CO2 and 3 3 CO2 concentration, respectively. Thus, for the same uptake of inorganic nutrients, net community carbon consumption under increased CO2
exceeded present rates by 27% (2 3 CO2) and 39% (3 3 CO2).
Continuous oxygen measurements in mesocosms 2 (3 3 CO2), 5
(2 3 CO2) and 8 (1 3 CO2), which revealed up to 20 mmol kg21
higher O2 concentrations at increased CO2 (data not shown), indicate enhanced net photosynthesis to be the source of the observed
CO2 effect. Possible causes for this include increased photosynthetic
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the lowest and highest CO2 treatment. Enhanced particle sinking at
increased CO2 may explain why POC and TEP concentrations did
not show a significant difference between treatments. In fact, positive
correlations between TEP production and CO2 concentration were
obtained in natural plankton assemblages dominated by diatoms and
cyanobacteria16 and in batch culture incubations with E. huxleyi17.
The extent to which the observed CO2 sensitivity in phytoplankton
carbon consumption and stoichiometry in carbon-to-nutrient drawdown can be extrapolated to other marine ecosystems remains to be
seen. In accordance with our results, enhanced carbon fixation of up
to 15% in response to three-times increased CO2 was observed during
incubations of natural phytoplankton assemblages from the nutrientpoor central Atlantic18. Higher carbon-to-nitrate drawdown at
increased CO2 concentrations also occurred in a previous mesocosm
CO2 perturbation experiment during a bloom of E. huxleyi19. The
concordant results indicate the existence of a widespread mechanism
under high CO2 conditions. The phytoplankton groups dominating
in the mesocosm studies—diatoms and coccolithophores—are also
the main primary producers in high productivity areas and are the
principal drivers of biologically induced carbon export to the deep sea.
Apart from seawater acidification, the ocean in a high CO2 world
will experience other changes, including higher surface temperatures,
enhanced stratification and decreased mixed-layer depths. Although
the direct effect of rising temperatures on net community carbon-tonutrient ratios is unclear, at the organism level most experimental
a
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carbon fixation owing to lower energetic cost of carbon acquisition,
reduced photorespiration owing to a higher CO2:O2 ratio, and
decreased organic matter degradation, for example, owing to changes
in food quality.
Whereas the cumulative carbon to nitrate (C:N) drawdown
remained slightly below the Redfield C:N ratio of 6.6 under
1 3 CO2 (Fig. 3c), this ratio increased to 7.1 and 8.0 under 2 3 CO2
and 3 3 CO2, respectively. The ratio of particulate organic carbon to
particulate organic nitrogen (POC/PON) accumulating in the surface
layer, in contrast, closely adhered to the Redfield C:N ratio independent of CO2 treatment (see Methods, Supplementary Fig. 2). Deviation
of DIC/NO2
3 drawdown from POC/PON build-up, previously
reported from both mesocosm and field studies12,13, was attributed
to dissolved organic carbon (DOC) release14. DOC concentrations
also increased during bloom development in our study, but surfacelayer DOC accumulations of ,25 mmol kg21 remained well below
levels expected from the difference between DIC drawdown and
POC build-up (see below). A possible fate of DOC is indicated by a
fourfold increase in the concentration of transparent exopolymer
particles (TEP), which are known to originate from dissolved precursors and to accelerate particle aggregation and sinking15.
The loss of organic carbon from the upper mixed layer (UML)
through sinking is given by the difference between DIC drawdown
and build-up of POC and DOC, DCloss 5 DDICorg 2 (DCPOC 1
DCDOC). Between 15% and 30% of organically fixed carbon was lost
from the UML daily, with consistently higher loss rates at increased
CO2 (Fig. 3b). The 12-day cumulative carbon loss at 3 3 CO2
exceeded that under 1 3 CO2 by about 30 mmol kg21, which closely
resembles the difference in net inorganic carbon drawdown between
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Figure 1 | Growth conditions in experimental mesocosms. a, CO2 partial
pressures (pCO2 ); b, chlorophyll a concentrations (Chl a); and c, nitrate
concentrations in the upper 5.5 m mixed layer (UML) during the
experiment. Values are means of triplicate CO2 treatments with initial pCO2
of 350 matm (green), 700 matm (grey) and 1,050 matm (red). Error bars
denote 61 standard deviation. The vertical line indicates time of deep water
injection into UML owing to vertical mixing (day 12).
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aprym), predominantly the coccolithophore E. huxleyi; and c, remaining
chlorophyll a (Chl aremain), primarily containing prasinophytes,
dinoflagellates and cyanobacteria. Group-specific chlorophyll a equivalents
were derived from high-performance liquid chromatography pigment analysis
using CHEMTAX algorithms (for details see Methods). The light-green curve
represents the range of total chlorophyll a as depicted in Fig. 1b. Colour code is
as in Fig. 1. The vertical line indicates time of deep water injection into UML
owing to vertical mixing (day 12). Error bars denote 61 standard deviation.
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studies indicate an increase in the C:N ratio with increasing temperature20. Decreased mixed-layer depth tends to increase phytoplankton carbon-to-nutrient ratios21, which would augment the
direct CO2 effect on C:N:P stoichiometry observed in this study.
Increased stratification, in contrast, would decrease the supply of
nutrients to the surface layer, reducing overall primary and export
production. Thus, concurrent with a decrease in the strength of the
biological pump caused by a lower nutrient supply, the pump’s efficiency is likely to increase at increased CO2.
Shifting of the C:N:P stoichiometry of marine primary production
has long been recognized as one of the most powerful mechanisms
determining ocean–atmosphere carbon partitioning22. Carbon relative to nitrogen drawdown in excess of the Redfield C:N ratio, often
referred to as carbon over-consumption23, is reported for various
oceanographic regimes12,13,23,24, but was generally considered to be a
transient phenomenon. Whether this also applies to the observed
CO2 sensitivity of plankton carbon consumption and to what extent
the mechanism(s) underlying this trend are applicable to other
diatom- and coccolithophore-dominated new production systems
is presently unknown. Assuming the observed response can be extrapolated to new production systems in the ocean, we calculate an
excess CO2 sequestration potential by the biological carbon pump
of 116 Pg C until 2100 (for details see Methods). The efficiency of this
negative feedback mechanism develops only gradually with rising
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depth) were moored to a raft, and filled with unfiltered, nutrient-poor, postbloom fjord water pumped from 13.5 m depth adjacent to the raft. The enclosures were covered by gas-tight tents made of ethylene tetrafluoroethylene foil,
which allowed for 95% light transmission of the complete spectrum of sunlight.
The carbonate system in the mesocosms was manipulated by CO2 aeration to
obtain triplicates of three concentrations, 350 matm (1 3 CO2), 700 matm
(2 3 CO2) and 1,050 matm (3 3 CO2) (for details see ref. 19). CO2 aeration of
the water column was ended after 3 days, when target CO2 levels were reached.
Continuous flushing of the tents with air adjusted at target CO2 concentrations
ensured that starting values were maintained in the overlying air throughout the
experiment.
The water column was stratified by addition and subsequent mixing of 800 litres
of freshwater into the upper 5.5 m of the mesocosms, resulting in a salinity (S)
gradient of 1.5 p.s.u. between the surface mixed layer (S 5 30.6 p.s.u.) and the
underlying water column. Continuous mixing of this upper layer by peristaltic
pumps (flow rate 450 l h21) maintained a homogenous distribution of dissolved
compounds. To promote the development of a phytoplankton bloom, nitrate and
phosphate were added to yield initial concentrations of 14 mmol l21 NO2
3 and
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4 .Owing to left-over silicate in post-bloom waters, the experi21
ment started at a Si(OH)4 concentration of 3.2 mmol l . After nutrient addition,
the development and decline of a phytoplankton bloom was closely monitored
over a 24-day period (for details on sampling and measurements see Methods).
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CO2, reaching its maximum strength long after atmospheric CO2
has transgressed to levels tolerable with regard to climate change
and ocean acidification.
Aside from its effect on oceanic carbon sequestration, a more
efficient biological carbon pump would lead to an expansion of deep
ocean oxygen minimum zones with possible consequences for marine biogeochemical cycling. Increasing C:N ratios would also lower
the nutritional value of primary-produced organic matter, which
may affect the efficiency of bacterial degradation and zooplankton
reproduction25, thus having further implications for marine ecosystem dynamics. Changing carbon-to-nutrient ratios in oceanic primary and export production may thereby act as a forceful driver for
ecosystem processes and biogeochemical cycles in the future ocean.
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Figure 3 | CO2 sensitivity of carbon consumption and carbon loss.
a, Drawdown of dissolved inorganic carbon owing to organic matter
production (DDICorg) in the upper 5.5 m mixed layer (UML) with time.
b, Loss of organically bound carbon (DCloss) from the UML with time. The
vertical line in a and b indicates time of deep water injection into UML owing
to vertical mixing (day 12). c, DDICorg versus nitrate drawdown in the UML.
The black line represents Redfield C:N ratio of 6.6. Values are means of
triplicate CO2 treatments. Error bars denote 61 standard deviation; colour
code is as in Fig. 1.
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METHODS
Sampling. Depth-integrated water samples were taken daily at 10:00 by means of
a 5-m long, 6-cm diameter tube that was lowered into the mesocosms, closed at
the top, pulled up onto the raft and emptied into sampling bottles. Vertical
profiles of temperature and salinity inside the mesocosms were obtained using
a hand-operated CTD (SAIV A/S, model SD204).
Measurements. CO2 partial pressure in seawater and the overlying air was measured using an infrared gas analyser (Li-Cor 6262) coupled to an equilibrator26.
The pCO2 system was mounted on a cart that was moved between the mesocosms.
Water was pumped from the mesocosm at 2 litre min21 and returned to the
mesocosm after passing through the equilibrator. Temperature at the inlet of
the pump and in the equilibrator was measured simultaneously using platinum
RTD digital thermometers. The system was calibrated before and after water
analyses with air standards with nominal mixing ratios of 345, 415 and
1,100 p.p.m. Immediately after each measurement of pCO2 , samples for total
alkalinity and DIC were taken using the same water pump to fill bottles with
ground glass stoppers. Total alkalinity and DIC samples were poisoned with
HgCl2 on collection and were filtered through glass fibre (GF/F) filters before
analysis. Total alkalinity was measured using the classical Gran electrotitration
method27. The reproducibility of measurements was usually within 4 mmol kg21.
DIC was measured by colometric titration28 with a precision of 2 mmol kg21.
For the analysis of phytoplankton pigments, 250–500 ml of the water samples
were filtered through 25 mm Whatman GF/F filters. Filters were frozen at
220 uC until analysis. For pigment extraction, filters were homogenized in plastic vials (11 ml) together with 1 ml acetone (100%) and a mixture of glass beads
(2 and 4 mm) by shaking (5 min) in a cooled Vibrogen cell mill. The extracts were
centrifuged (,850 g /5,000 r.p.m. for 10 min, cooled at 210 uC). The extraction
process was performed under dimmed light to prevent photo-oxidation of the
pigments. Concentrations of pigments (chlorophyll and carotenoids) were
determined by reverse-phase high-performance liquid chromatography29.
Identification of pigments was carried out by comparing their retention times
and absorption spectra obtained with a diode array spectrophotometer
(WATERS) with those of pigment standards. Calibration was carried out with
commercially available standards. Calculation of the composition of the phytoplankton communities was executed using the CHEMTAX program30, converting the concentrations of marker pigments to equivalents of chlorophyll a with
suitable pigment-to-chlorophyll a ratios.
Nitrate, nitrite, phosphate and silicate were determined from GF/F-filtered
samples with an autoanalyser (AA II)31. Ammonium was measured according to
ref. 32. POC and PON were measured on 0.25 litre or 0.5 litre samples filtered
gently (200 mbar) through precombusted (450 uC, 5 h) glass fibre filters (GF/F,
Whatman). Filters were fumed overnight with saturated HCl to remove all
particulate inorganic carbon, dried for 6 h at 60 uC and measured on an elemental analyser (EuroEA 3000, EuroVector). DOC was measured using the hightemperature catalytic oxidation method33.
Calculations. Inorganic carbon drawdown owing to organic matter production
was calculated from measured changes in DIC and alkalinity according to:
DDICorg, 5 jDDICj 2 0.5jDTAj, where TA is total alkalinity. DDIC was corrected
for CO2 air–sea gas exchange following ref. 34 with chemical enhancement
factors given in ref. 35. DTA was calculated from changes in DIC and pCO2 using
stoichiometric dissociation constants given in ref. 36. Calcium carbonate
precipitation was estimated from alkalinity drawdown as DDICcalc 5 0.5
(DTA 1 Dnitrate). Owing to strong wind and wave action in the fjord on
day 12, some water in the mesocosms from below the halocline was mixed
into the surface layer. Because surface water was lower in salinity, pCO2 , DIC
and total alkalinity owing to the initial freshwater addition, injection of deep
water led to a slight increase in pCO2 (Fig. 1a), DIC and total alkalinity on this day.
This also affected the calculations of DDICorg, DCloss (Fig. 3a, b) and DDICcalc
(Supplementary Fig. 3).
Biogenic calcification. Inorganic carbon drawdown owing to biogenic calcification (DDICcalc) calculated from changes in surface layer alkalinity showed no
distinct CO2 treatment difference during bloom development (Supplementary
Fig. 3). Although calcification continued for some days after the peak of the

bloom, this was not depicted in the alkalinity measurements owing to mixing in
of higher alkalinity deep water on day 12. Because mixing across the halocline
was similar in all CO2 treatments, the divergence of estimated DDICcalc, however,
indicates a CO2 effect on calcification after the peak of the bloom. This phase of
an E. huxleyi bloom, in which nutrient limitation impedes further cell division, is
often characterized by excess calcification, leading to shedding of calcite platelets
(coccoliths) and their accumulation in the water column. Overall, E. huxleyi
cell numbers remained much below those typically observed in blooms of this
species, which explains the comparatively low amount of calcium carbonate
precipitation.
Excess carbon sequestration. Provided that the mechanisms underlying the
observed CO2 sensitivity of carbon consumption and carbon-to-nutrient stoichiometry can be generalized to other diatom- and coccolithophore-dominated
new production systems, the excess CO2 sequestration potential by the ocean’s
biological carbon pump was calculated for the periods from 1750 to present, and
from 1750 to 2100 assuming: business-as-usual CO2 emissions (IS92a10) until the
end of this century; present-day oceanic carbon export of 12 Pg C yr21 (current
estimates range between 8 Pg C yr21 and 16 Pg C yr21)37; and an e-folding time of
100 yr for CO2 sequestered by biological carbon export to get back into contact
with the atmosphere38.
Supplementary Fig. 4a depicts DDICorg as a function of atmospheric pCO2 ,
with the present day value (DDICorg at 380 matm) set to 1. Extrapolating the
observed trend to pre-industrial CO2 levels (pCO2 5 280 matm) yields a value of
,0.95; that is, for a given amount of inorganic nutrients, biological carbon
consumption under pre-industrial conditions was about 95% of today’s level.
On the basis of this relationship, an increase in atmospheric CO2 from 280 matm
to 380 matm (present day) corresponds to an excess carbon sequestration of 22 Pg
(range 14–29 Pg) for the past 150 yr (Supplementary Fig. 4b). Without this
negative feedback mechanism, atmospheric CO2 would be approximately
11 matm higher than its present value. By the end of this century, this process
would sequester an additional 94 Pg C to the deep ocean, bringing total excess
carbon sequestration to 116 Pg C (range 76–154 Pg C). This reduces the increase
in atmospheric CO2 by a total of 58 matm at 2100.
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Abstract. Changes to seawater inorganic carbon and nutrient
concentrations in response to the deliberate CO2 perturbation of natural plankton assemblages were studied during the
2005 Pelagic Ecosystem CO2 Enrichment (PeECE III) experiment. Inverse analysis of the temporal inorganic carbon
dioxide system and nutrient variations was used to determine
the net community stoichiometric uptake characteristics of
a natural pelagic ecosystem perturbed over a range of pCO2
scenarios (350, 700 and 1050 μatm). Nutrient uptake showed
no sensitivity to CO2 treatment. There was enhanced carbon production relative to nutrient consumption in the higher
CO2 treatments which was positively correlated with the initial CO2 concentration. There was no signiﬁcant calciﬁcation response to changing CO2 in Emiliania huxleyi by the
peak of the bloom and all treatments exhibited low particulate inorganic carbon production (∼15 μmol kg−1 ). With
insigniﬁcant air-sea CO2 exchange across the treatments, the
enhanced carbon uptake was due to increase organic carbon
production. The inferred cumulative C:N:P stoichiometry
of organic production increased with CO2 treatment from
1:6.3:121 to 1:7.1:144 to 1:8.25:168 at the height of the
bloom. This study discusses how ocean acidiﬁcation may incur modiﬁcation to the stoichiometry of pelagic production
and have consequences for ocean biogeochemical cycling.

Correspondence to: R. G. J. Bellerby
(richard.bellerby@bjerknes.uib.no)

1

Introduction

Consequent to the increase in the atmospheric load of carbon dioxide (CO2 ), due to anthropogenic release, there has
been an increase in the oceanic carbon reservoir (Sabine et
al., 2004). At the air-sea interface, the productive, euphotic
surface ocean is a transient buffer in the process of oceanatmosphere CO2 equilibrium, a process retarded by the slow
mixing of the surface waters with the intermediate and deep
ocean. As such, the greatest changes to the CO2 system are
occurring in the surface waters. This build up of CO2 is already altering the carbonate chemistry of the oceans and projections on decadal to centennial timescales point to changes
in seawater pH (Caldeira and Wickett, 2003; Bellerby et al.,
2005; Blackford and Gilbert, 2007) and carbonate species
(Orr et al., 2005) that may have ramiﬁcations for the success
of organisms or whole marine ecosystems (e.g. Raven et al.,
2005; Riebesell, 2004; Kleypas et al., 2006).
Exposure of phytoplankton to pH and CO2 levels relevant
to those anticipated over the coming decades leads to modiﬁcations in physiological or morphological properties which
may have consequences for ecological structure and biogeochemical cycling. The general assertion is that increasing
CO2 has deleterious effects on the growth and productivity
of marine calciﬁers (e.g. Riebesell et al., 2000; Delille et al.,
2005; Orr et al., 2005), although there are notable exceptions
(Langer et al., 2006). Overconsumption of carbon, a common response to nutrient and environmental stress is magniﬁed under high CO2 conditions (Zondervan et al., 2002;
Engel et al., 2005). Changing CO2 concentrations in aquatic
systems has been shown to inﬂuence phytoplankton species
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succession (Tortell et al., 2002). Changes to the nutritional
quality (higher C:P), in response to increased CO2 , of phytoplankton as a food source results in lower growth rate and
fecundity in zooplankton (Urabe et al., 2003)
Efforts to understand potential consequences and feedbacks of increasing CO2 have employed laboratory and
mesocosm studies either at the individual species level or
on natural and perturbed ecosystems (Riebesell et al., 2000;
Delille et al., 2005). In this study, a natural ecosystem was
perturbed with nutrients over a range of atmospheric CO2
scenarios extending previous studies to include the effects of
very high CO2 concentrations postulated for the 22nd century.

2
2.1

Methods
Experimental

A mesocosm experiment was performed between 15 May
and 9 June 2005 at the University of Bergen Marine Biological station in Raunefjorden, Norway. Nine polyethylene enclosures (∼25 m3 , 9.5 m water depth) were moored
to a raft equipped with a ﬂoating laboratory. The enclosures
where ﬁlled with fjord water from 12 m depth, and manipulated in order to obtain triplicates of three different pCO2
concentrations (1×CO2 (350 μatm), 2×CO2 (700 μatm) and
3×CO2 (1050 μatm)). Addition of fresh water to the upper
5.5 m of the enclosures ensured the generation of a mixed
layer separated from the underlying water by a salinity gradient of 1.5. Nitrate and Phosphate were added to the upper mixed layer resulting in initial respective concentrations
of 16 and 0.8 μmol kg−1 . A comprehensive description of
the mesocosm setup, CO2 and nutrient perturbation and sampling strategy, as well as the nutrient measurement methodology can be found in Schulz et al. (2008).
Samples for determining the carbon dioxide system were
taken from seawater pumped from 1 m depth in each of the
enclosures. The partial pressure of carbon dioxide (pCO2 )
was determined in air equilibrated with seawater pCO2 using an infrared gas analyser (Li-Cor 6262) (Wanninkhof and
Thoning, 1993). Gas calibration of the instrument against
high quality air standards containing mixing ratios of 345,
415 and 1100 ppm enveloped the daily seawater measurement program. Following the pCO2 measurements, using
the same sampling methodology, samples for total alkalinity
(AT ) and total dissolved inorganic carbon (CT ) were drawn
into 500 ml borate bottles and immediately poisoned with
HgCl2 . AT was measured using Gran potentiometric titration
(Gran, 1952) on a VINDTA system (Mintrop et al., 2000)
with a precision of ≤4 μmol kg−1 . CT was determined using
coulometric titration (Johnson et al., 1987) with a precision
of ≤2 μmol kg−1 . For both AT and CT measurements, samples were ﬁltered through GF/F ﬁlters placed in the sample
Biogeosciences, 5, 1517–1527, 2008

inlet tubes to the respective instruments immediately prior to
measurement.
2.2

Calculations

As the system had settled down by day 2 (16 May), following the initial CO2 and nutrient perturbations (Schulz
et al., 2008), all changes to the biogeochemical ﬁelds were
referenced to this date. Calculation of additional carbon
dioxide system variables, from measured CT and AT used
the CO2SYS program (Lewis and Wallace, 1998) adopting
the dissociation constants for carbonic acid (Dickson and
Millero, 1987), boric acid (Dickson, 1990a) and sulphuric
acid (Dickson, 1990b) and the CO2 solubility coefﬁcient
from Weiss (1974). Seawater pH is reported on the total hydrogen scale.
Particulate inorganic carbon (PIC) production was calculated from temporal changes (t) in total alkalinity with
appropriate correction for alkalinity contributions from net
nitrate and phosphate consumption (Goldman and Brewer,
1980):


(AT − [NO3 ] − [PO4 ])
PIC=−0.5.
(1)
t
In order to evaluate biological contributions to the inorganic carbon system it was necessary to ﬁrst account for the
exchange of CO2 between the seawater and the overlying
mesocosm atmosphere (CO2(ex) ). Gas exchange was calculated according to Delille et al. (2005) further employing the
chemical enhancement factors of Kuss and Schneider (2004).
Net community production (NCP) was calculated from
temporal changes in CT allowing for modiﬁcations due to
PIC production or dissolution and net CO2 gas exchange
thus:


NCP=−

CT
t





+ 0.5.

(AT − [NO3 ] − [PO4 ])
t



+

CO2(ex)
t

(2)
Removal of the contributions of net calciﬁcation and air-sea
CO2 exchange gives the net perturbation of the inorganic carbon system from community biological activity – the sum
of autotrophic and heterotrophic processes within the mixed
layer. Comparison of the inferred net organic production and
nutrient uptake rates gives the pelagic community molar stoichiometry changes as a response to changing CO2 .
2.3

Statistical analysis

Statistical analyses were performed on data from all mesocosms. The design of the statistical treatments followed a
typical repeated measurement scheme with an outer covariate as the treatment. The response (yij ) was observed for
each particular treatment (treatij ) at time j =0, ..., ni within
the i’th mesocosm, i=1, ..., m. Appropriate to the form
of the relationship to be tested both linear and non-linear
www.biogeosciences.net/5/1517/2008/
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Fig. 1. Temporal development of the carbon dioxide variables and nutrient concentrations within the mesocosm upper mixed layers: (A)
partial pressure of carbon dioxide; (B) total dissolved carbon dioxide; (C) Total alkalinity; (D) Nitrate; (E) Phosphate; and (F) Silicate. The
mean treatment values (350, 700 and 1050 μatm), with standard deviation, are represented by the green, grey and red lines, respectively.

mixed models were applied to the treatment data (Pinheiro
and Bates, 2000).
2.3.1

Logistic mixed effect model (L-NLME)

The logistic relationship was estimated using the self-starting
algorithm of SSlogis of the R-library nlme (Pinheiro and
Bates, 2000). This relationship was applied for both NCP
and PIC as response variable (yij ) against corresponding day.

www.biogeosciences.net/5/1517/2008/

The logistic relationship follows:
φ1i

 + εij
yij =
1 + exp −(dayij −φ2i )/φ3i

(3)

Where φ1i is the asymptote, φ2i is the xmid and φ3i is the
scale. The residual component followed a normal distribution, εij ∼N (0, σ 2 ). The mixed effect element is included in
the parameter φi =β+bi where bi is the cluster-speciﬁc random effect, bi ∼N (0, ), and β is the ﬁxed effect. The treatment effects are included through φi =β+γ xi +bi , where xi
is the contrast matrix corresponding to the factorial treatment
vector.
Biogeosciences, 5, 1517–1527, 2008
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Where φ1 is the asymptote, φ2 is the intercept and φ3 is the
logarithm of the rate constant.
2.3.3

Linear mixed model (LME)

For the relationship between dNO3 as the response (yij )
against NCP as predictor it was sufﬁcient with a linear mixed
effect model (Pinheiro and Bates, 2000):
yij = β0 + b0i + βi NCPij + β2 treat1,i,j + β3 treat2,ij
+β4 NCPij treat1,ij + β5 NCPij treat2,ij + εij
3
3.1

Fig. 2. Calculated carbon dioxide system variables within the mesocosm upper mixed layers: (A) Carbonate ion concentration; (B) saturation state of calcite ( ); and (C) pHT . The colour assignment of
treatment is as in Fig. 1.

2.3.2

Asymptotic mixed effect model (A-NLME)

An asymptotic relationship was assumed when a sigmoidal
relationship were inappropriate. The self-starting algorithm
SSasymp (Pinheiro and Bates, 2000) was used for the relationship of dPO4 , as response (yij ), against NCP, following
the relationship:


yij = φ1i + (φ2i − φ1i ) exp − exp(φ3i )NCPij
Biogeosciences, 5, 1517–1527, 2008

(4)

(5)

Results
Temporal evolution of the carbon dioxide system

In accordance with the agreement for the PeECE special issue, only treatment means are represented in this study –
except the statistical analyses which were performed on the
data from individual mesocosm enclosures. Daily treatment
means, with standard deviations, of seawater pCO2 , CT and
nutrient concentrations for the mixed layers in the three perturbation scenarios are shown in Fig. 1.
Once the scenario CO2 concentrations had been reached
in the seawater, only the atmospheric concentrations over
the water were maintained at the prescribed treatment level
and the seawater CO2 system was allowed to respond as
in a naturally occurring plankton bloom. There is a clear
treatment dependant response in pCO2 (Fig. 1a). Under the
1×CO2 scenario, pCO2 dropped by 102 μatm by the end of
the bloom stage (Day 12), whilst pCO2 reductions were 335
and 570 μatm in the 2× and 3×CO2 scenarios, respectively.
Similarly, the CT reductions also show the same order of response (Fig. 1b). Under the 1×CO2 treatment, CT showed
a reduction of 94 μmol kg−1 , increasing to 107 μmol kg−1
for 2×CO2 and to 118 μmol kg−1 for 3×CO2 . Initial concentrations of AT (Fig. 1c) were higher in the 3×CO2 treatment corresponding with the higher initial salinity (Schulz
et al., 2008). Changes in AT throughout the bloom stage
indicated a modest treatment response before Day 10 with
reductions in AT of 21, 23.5 and 24.8 μmol kg−1 (1×CO2
through 3×CO2 treatments). Total alkalinity increased after the bloom peak in the 2× and 3× CO2 treatments but
remained constant in the 1× CO2 treatment.
The absolute change in carbonate ion [CO2−
3 ] concentrations, on the other hand, showed no treatment dependence
and increased by 50, 52 and 49 μmol kg−1 in the low to high
treatments, respectively (Fig. 2a). Correspondingly, as (the
saturation state of calcium carbonate) is controlled mainly by
[CO2−
3 ], there were similarly increases in the calcite saturation state; 1.2, 1.27 and 1.19 (Fig. 2b). Seawater pH (pHT )
values, however, increased the most in the 3×CO2 treatment
from 7.64 to 7.96 (pH=0.32); under the 2×CO2 scenario
the pH increased from 7.81 to 8.07 (pH=0.26) and in the
1×CO2 treatment from 8.11 to 8.27 (pH=0.16).
www.biogeosciences.net/5/1517/2008/
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Fig. 3. The main contributors to changes in the inorganic carbon concentration throughout the experiment (A) Cumulative particulate
inorganic carbon (PIC) production and (B) net community production (NCP). The contribution of CO2 air-sea gas exchange to the net CT
change was small (<1%) and not shown. The colour assignment of treatment is as in Fig. 1.

There was no signiﬁcant difference in particulate inorganic
carbon (PIC) production between CO2 treatments (L-NLME,
p=0.77, n=170) (Fig. 3a). The dominant calciﬁer in the
bloom was the prymesiophyte Emiliania Huxleyi (Paulino et
al., 2008) and PIC production increased to a maximum of
15 μmol kg−1 on Day 10 corresponding to the start of the
demise of the Emiliania Huxleyi population (Paulino et al.,
2008).
Net community production (NCP) (Fig. 3b), the net organic carbon production, contributed the most to the changes
in inorganic carbon dioxide shown in Fig. 1b with contributions to the CT changes from PIC and air-sea CO2 exchange (not shown) of only 15–20%. The cumulative NCP
has a maximum on Day 12 and shows a clear treatment
response with maximum production, relative to Day 2 (LNLME, p<0.001, n=170). The 3×CO2 treatment produced
110 μmol kg−1 , falling to 96 μmol kg−1 and 80 μmol kg−1
in the 2×CO2 and 1×CO2 treatments. After Day 12 there
is a fall in calculated NCP with further treatment divergence
in NCP until the end of the experiment - again favouring the
3×CO2 treatment.
3.2

Temporal evolution of nutrients

The treatment dependant changes in the major nutrients nitrate, phosphate and silicate are shown in Fig. 1c–e. Both
nutrient uptake and the timing of nutrient minima showed
no dependency on CO2 treatment although there were intertreatment variations in the planktonic assemblages (Paulino
et al., 2008). Silicate was not added during the experimental set-up, however a residual concentration of about
3 μmol kg−1 was inherited from the fjord water used to ﬁll
the mesocosm enclosures. Silicate concentrations dropped
sharply due to diatom uptake and reached a minimum on day
9–10. Phosphate concentrations showed only modest reductions until day 5 after which rapid uptake led to a minimum
www.biogeosciences.net/5/1517/2008/

on day 11. From the onset of the experiment, concentrations
of nitrate diminished at a steady rate until Day 12 then declined slowly until the end of the experiment.
The stoichiometry of net community inorganic nutrient to
calculated organic carbon uptake is shown in Fig. 4. As expected, with the measured nutrient concentrations exhibiting
no scenario dependence, there is little deviation in nutrient
stoichiometry between treatments. In the pre-bloom period,
until day 5, there is a greater uptake of nitrate to phosphate
relative to the Redﬁeld ratio (16:1) (Redﬁeld et al., 1963).
In the initial stage of the bloom, relative phosphate uptake
increases rapidly on Day 6. Thereafter, the system behaves
very close to Redﬁeldian until the end of the bloom when N:P
rose slowly to a ﬁnal cumulative value of 21 in all treatments.
Nitrate uptake is high compared to silicate uptake until
Day 4, after which the diatom bloom started (Paulino et al.,
2008) and silicate was consumed at about 1:1 with nitrate until silicate reached a ﬁrst minimum on Day 7. There followed
a small peak in silicate concentration on Day 8 (Fig. 1f) after
which silicate became depleted on Day 9–10.
In contrast to the nutrient stoichiometric ratios, there are
signiﬁcant treatment dependant differences between the carbon to nitrate (C:N) (LME, p<0.001, n=170) (Fig. 4c, g)
and carbon to phosphate (C:P) ratios (A-NLME, p<0.001,
n=170) (Fig. 4d, h). Overconsumption of carbon results
in a higher C:N uptake ratio under higher CO2 exposures.
Cumulative C:N uptake was higher in the 3×CO2 scenario
throughout the entire bloom, quickly reaching a peak of 7.5–
8.25 by Day 6 and remaining at this level until Day 12.
The pre-bloom responses in the 1× and 2×CO2 treatments
were similar until day 5 after which the 2×CO2 treatment increased C:N uptake to 7.1. A similar order of response was
seen in the C:P ratio with the 3× treatment showing a greater
carbon overconsumption throughout the experiment. By the
height of the bloom, the cumulative C:N:P stoichiometry of
Biogeosciences, 5, 1517–1527, 2008
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Fig. 4. Net community nutrient stoichiometric uptake ratios referenced to Day 2. Illustrated are the respective daily changes and parameterparameter relationships for nitrate to phosphate (A, E); silicate to nitrate (B, F); organic carbon to nitrate (C, G); and organic carbon to
phosphate (D, H). The black line represents the conventional Redﬁeld ratio (Redﬁeld et al., 1963) (E, G, H)) and a silicate-nitrate relationship
of 0.95:1 from the mean of diatom species Si/N reported in Table 3 of Brezinski (1985) (0.95:1±0.4) (F). The colour assignment of treatment
is as in Fig. 1.
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net organic production increased with CO2 treatment from
1:6.3:121 to 1:7.1:144 to 1:8.25:168. In contrast to the C:N
response, the C:P increased signiﬁcantly in the post-bloom
phase.

4
4.1

Discussion
Modiﬁcation of the carbonate system

As changes to AT (including contributions from nutrient alkalinity) were similar and low and gas exchange minimal in
all treatments, modiﬁcations to CT were mainly due to organic carbon production. As such, the greatest changes were
related to the treatment dependant carbon overconsumption
with increasing uptake with increasing initial pCO2 . The
effect on pCO2 due to the greater carbon uptake is exacerbated due to the low buffer capacity of the high CO2 seawater resulting in a rapid reduction of pCO2 in the 3×CO2
treatment. The opposite response is seen with pHT with the
largest increases found in the 3×CO2 scenario. Due to the
weakly buffered system in a future ocean, pelagic ecosystems will undergo greater seasonal changes in their ambient
CO2 ﬁelds. Increasing CO2 will reach a point where changes
to the carbonate system will move outside the contemporary
“carbonate system envelope” and accordingly, in this experiment, at no point did any of the calculated carbonate system
variables in the future 2×CO2 and 3×CO2 scenarios overlap
with the range of the contemporary 1×CO2 scenario.
4.2

Calciﬁcation

The growth and health of many calcifying marine organisms
have been shown to respond to the saturation state of CaCO3
( calcite ) in seawater (e.g. Gattuso et al., 1998; Riebesell et
al., 2000; Langdon et al., 2003; Kleypas et al., 2006; Delille
et al., 2005; Langer et al., 2006). The dominant calciﬁer during the experiment was the prymesiophyte Emiliania Huxleyi
which is common to the Norwegian fjords and open waters
of the Norwegian and Barents Sea. Calciﬁcation in Emiliania Huxleyi has been shown to be controlled by light, nutrient (especially phosphate) and carbonate ion concentrations
and calcite saturation state (see review in Zondervan, 2007).
The photon ﬂux density (PFD) concentrations throughout the
experiment (Schulz et al., 2008) always exceeded the threshold for saturation of 150–300 μmol photons m−2 s−1 found
by Nielsen (1997) and Zondervan et al. (2002) and therefore it is assumed that there was no light limitation on calciﬁcation. In this study there was no treatment difference
in nutrient utilisation although the concentrations of Emiliania Huxleyi varied between treatments (Paulino et al., 2008).
Merico et al. (2006) postulated that the seawater carbonate
ion concentration could be a control on the onset of calciﬁcation and Delille et al. (2005) showed that calciﬁcation was
delayed by 1 day during a 2×CO2 treatment compared to the
www.biogeosciences.net/5/1517/2008/
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contemporary treatment. This study does not ﬁnd any relationship between [CO2−
3 ] and the timing or degree of calciﬁcation. Further, although the [CO2−
3 ] and calcite values
showed marked inter-treatment variations throughout the experiment there was no difference in cumulative net community calciﬁcation by the peak of the bloom as also identiﬁed
by Schulz et al. (2008) using direct measurements of PIC.
This ﬁnding varies from the results of Delille et al. (2005)
who reported a 40% reduction in PIC production between
1×CO2 and 2×CO2 treatments. Conversely, this study does
not show the promotion of higher calciﬁcation with increasing CO2 as found by Langer et al. (2006).
The peak concentrations of Emiliania Huxleyi in this study
were 4–6×106 cells L−1 (Paulino et al., 2008) which is representative of the concentrations found in the North Atlantic
and Norwegian Sea (Tyrrell and Merico, 2004). The Delille
et al. (2005) experiment had much higher concentrations (4–
6×107 cells L−1 ) more representative of the intense blooms
found in the Norwegian Fjords (Tyrrell and Merico, 2004).
Extrapolating the Delille et al. (2005) calciﬁcation response
to the PeECE III study cell numbers translates to a predicted reduction in PIC production of 6 μmol kg−1 (1×CO2 –
2×CO2 treatment). This corresponds to a change in carbonate alkalinity of 12 μmol kg−1 well within the measurement
precision of the current methodology. A closer look at Emiliania Huxleyii concentrations reveals that there was an increase in cell numbers (Paulino et al., 2008), perhaps facilitated through lower virus (EhV) concentration (Larsen et al.,
2008), with increasing CO2 . Therefore, the cells in the higher
CO2 treatments may have been healthier and thus able to calcify more efﬁciently. A further artefact of the experimental
design was the lack of deep water total alkalinity measurements. The small salinity changes throughout the experiment
(Schulz et al., 2008) suggest a potential input of AT from below the pycnocline which are accounted for in the inverse
method.
4.3

Carbon consumption and nutrient stoichiometry

Elemental stoichiometry of biological production in the surface ocean controls, to a great extent, nutrient balance and
cycling of the global ocean. Ocean nutrient stoichiometry is
controlled on short timescales by the resource allocation in
marine organisms (e.g. Redﬁeld et al., 1963; Klausmeier et
al., 2004) and on longer scales by continental nutrient supply
(Broecker, 1982). The degree of biogeochemical connectivity between the surface and the interior ocean is also controlled by the rate and stoichiometry of sedimenting material. In this work, molar stoichiometric nutrient uptake ratios
are inferred from the uptake of dissolved inorganic nutrients
and thus reﬂect the community balance at a particular time.
This method, therefore, cannot discriminate species speciﬁc
uptake as suggested by Klausmeier et al. (2004) but may be
used to characterise distinct patterns in community nutrient
balance under differing CO2 regimes.
Biogeosciences, 5, 1517–1527, 2008
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Overconsumption of carbon relative to nutrient supply has
been reported in several studies of the planktonic response
to increased CO2 (Riebesell et al., 1993, 2000; Banse, 1994;
Delille at al., 2005; Engel et al., 2005). The increase in carbon uptake is usually seen at the end of the bloom from TEP
production in response to nutrient stress (Engel, 2002; Engel et al., 2004). Hein and Sand-Jensen (1997) reported an
immediate (2 h) increase in primary production in relation to
increased CO2 concentrations. Changes in dissolved aqueous CO2 may determine the phytoplankton cell size distribution (Engel et al., 2008). Egge et al. (2007) also reported
increased primary production, based on in situ 14 C incubations, in this study in the higher CO2 treatments towards the
peak of the bloom. However, the overconsumption derived
from chemical uptake estimations is seen from the onset of
the experiment and is proportional to the initial treatment
CO2 concentration (see also Riebesell et al., 2007). Schulz
et al. (2008) report no changes to the stoichiometry of dissolved and particulate organic matter. This apparent contradiction may be due to an increase in the carbon exported
from the mixed layer relative to nutrient concentration in the
high CO2 treatments. Allgaier et al. (2008) state that the apparent increase in DOC production did not stimulate bacterial secondary production due to N and P limitation reported
by Tanaka et al. (2008) and that TEP production, DOC exudation and ensuing enhanced sedimentation must have been
high. The products and processes of export production were
poorly sampled in the waters below the pycnocline and thus
no concrete explanation is possible of the fate of the missing organic carbon. Schulz et al. (2008) suggest from ammonium measurements that there must have been signiﬁcant
remineralisation in the lower 1.5 m of the mesocosms, especially in the high CO2 treatments fuelled by increased carbon
export. The role of benthic organisms living on the walls of
the mesocosm enclosures, which has been shown to impact
biogeochemical cycling during mesocosm studies (Chen et
al., 1997; Berg et al., 1999; Petersen et al., 1999), was not
studied.
4.4

Consequences for ecosystem functioning, ocean biogeochemical cycling and atmospheric CO2 control

The elemental stoichiometry of biological export has an important role in controlling atmospheric CO2 concentrations
(Broecker, 1982; Volk and Hoffart, 1985; Omta et al., 2006).
From ﬁrst principles, the stoichiometry of osmotroph uptake is transferred to the standing stock of pelagic production. Non-Redﬁeld signatures of biological production have
been documented in the surface ocean (Sambrotto et al.,
1993; Anderson and Sarmiento, 1994; Falck and Anderson,
2005; Koeve, 2006) and at depth (Körtzinger et al., 2001;
Pahlow and Riebesell, 2000). This study has indicated an
increase in the carbon:nutrient stoichiometry of pelagic osmotroph productivity in a high CO2 world. If the PeECE
results are representative of global productivity, with an efBiogeosciences, 5, 1517–1527, 2008

ﬁcient transfer of this carbon overconsumption to depth, the
increase in atmospheric CO2 proposed by the end of the century may be reduced by 58 μatm (Riebesell et al., 2007).
The efﬁciency of carbon-nutrient perturbations in the upper
ocean on atmospheric CO2 depends on the rate and ultimate
depth of sedimentation which has been shown to be significantly controlled by the ballast of the sedimenting material
(Klaas and Archer, 2002). The ballast is mainly dependant
on the proportion of CaCO3 to particulate organic carbon
(CaCO3 :POC) and has been used to test the sensitivity of
changes to the carbonate pump on atmospheric CO2 (Heinze,
2004; Ridgwell et al., 2007). Previous studies have identiﬁed a reduction in the calciﬁcation rate of pelagic calciﬁers
(summarised in Ridgwell et al., 2007). Calciﬁcation was insensitive to CO2 level in this study and Schulz et al. (2008)
show that there was increased export of organic carbon from
the mixed layer under the 3×CO2 treatment, suggesting a
lowering of the ballast effect. This would suggest that the atmospheric control proposed by Riebesell et al. (2007) would
be diminished if there were no compensatory processes to
offset the reductions in the ballast effect. However, Engel
et al. (2008) show that there was an increase in the cell size
during the PeECE II experiment. This cell size change with
increases in TEP production and, thus potentially higher aggregation of particulates shown to be a response of similar
pelagic plankton communities (Engel, 2002; Engel et al.,
2004), may be a mechanism to increase sedimentation rates
in a high CO2 environments.
Carbon overconsumption by osmotrophs changes the nutritional quality of food for zooplankton. Lower growth, productivity and fecundity has been documented in zooplankton fed on phytoplankton grown under high CO2 (Sterner
and Elser, 2002; Urabe et al., 2003,; Anderson et al., 2005).
Carotenuto et al. (2007) hypothesise that the high C:N uptake
during the PeECE III study reduced recruitment of zooplankton nauplii. Changes to the ecological structure of pelagic
community will also control the export of stoichiometric signals through changes to the size structure and ballast of sedimenting material.
There exists now a large array of experimental data, from
laboratory and mesocosm studies of individual species and
ecosystem studies, on ecological and biogeochemical responses to ocean acidiﬁcation. The requirement now is for
detailed statistical metaanalysis to breakdown the complexity and often contradiction of experimental results, to identify the dominant controls and responses to ocean acidiﬁcation. With this information, the observationalists and modellers, presently identifying large contemporary changes in
the oceanic carbon sinks (e.g. Schuster and Watson, 2007;
Canadell et al., 2007), will be able to focus efforts on the
oceanic processes sensitive to changes in the CO2 system.
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Rochelle-Newall, E., Schneider, U., Terbrüggen, A., and Riebesell, U.: Testing the direct effect of CO2 concentration on a
bloom of the coccolithophorid Emiliania huxleyi in mesocosm
experiments, Limnol. Oceanogr., 50, 493–504, 2005.
Engel, A., Schulz, K. G., Riebesell, U., Bellerby, R., Delille, B., and
Schartau, M.: Effects of CO2 on particle size distribution and
phytoplankton abundance during a mesocosm bloom experiment
(PeECE II), Biogeosciences, 5, 509–521, 2008,
http://www.biogeosciences.net/5/509/2008/.
Falck, E. and Anderson, L.G.: The dynamics of the carbon cycle in
the surface water of the Norwegian Sea, Mar. Chem., 94, 43–53,
2005.
Gattuso, J.-P., Frankignoulle, M., Bourge, I., Romaine, S., and Buddemeier, R. W.: Effect of calcium carbonate saturation of seawater on coral calciﬁcation, Global Planet. Change, 18, 37–46,
1998.
Goldman, J. C. and Brewer, P. G.: Effect of nitrogen source and
growth rate on phytoplankton-mediated changes in alkalinity,
Limnol. Oceanogr., 25(2), 352–357, 1980.
Gran, G.: Determination of the equivalence point in potentiometric
titrations of seawater with hydrochloric acid, Oceanologica Acta,
5, 209–218, 1952.
Hein, M. and Sand-Jensen, K.: CO2 Increases Oceanic Primary
Production, Nature, 388(6642), 526–527, 1997.

Biogeosciences, 5, 1517–1527, 2008

1526
Heinze, C.: Simulating oceanic Ca CO3 export production in the greenhouse, Geophys. Res. Lett., 31, L16308,
doi:10.1029/2004GL020613, 2004.
Johnson, K. M., Sieburth, J. M., Williams, P. J., and Brändström, L.:
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Abstract Climate change has become one of the most important themes of discussion in the world today, greatly ampliﬁed by the Intergovernmental Panel on
Climate Change (IPCC), and Vice President Al Gore, being awarded the Nobel
Peace Prize in 2007. Decades of research have led to a well-established hypothesis
that anthropogenic greenhouse gas emissions contribute signiﬁcantly to contemporary global warming. Nevertheless, scientists are not able to provide future climate
projections with suﬃcient methodological certainty. This represents a new situation in which the focus has shifted towards the epistemological uncertainties. The
public debate regarding the legitimacy of the IPCC, and its climate projections,
has been ongoing since the start, however it has peaked after the so-called ”Climategate” incident (November 2009), and the IPCC having to modify a statement
regarding the rate of melting of Himalayan glaciers (January 2010). Although the
major scientiﬁc basis of the IPCC study still hold after these episodes, climate
change research is currently facing a concerted challenge to its legitimacy. We discuss two conceptual models describing the relationship-, and interface-, between
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science and policy with regards to climate change. We suggest remedying the current crisis by a democratization of climate science, following the philosophy of Post
Normal Science, and point at current examples of how the scientiﬁc community is
already developing this methodology.
Keywords Post Normal Science · Climate change · IPCC

1 Introduction
”Man wants to know; and when man no longer wants to know, he will no longer
be man”
Fridtjof Nansen (1861-1930)
This statement, made by the Norwegian scientist and humanist Fridtjof Nansen,
illustrates mankind’s continuous quest for enhanced knowledge and certainty. This
has been a cornerstone in science and philosophy at least since the time of the
ancient Greeks (Fjelland, 2002). The basic principle of science is the Scientiﬁc
Method. Through this method, scientists promote hypotheses, that are open to
falsiﬁcation, using available observations and experimental results. The Scientiﬁc
Method does not produce absolute truths or knowledge; however, when a hypothesis endures continuous scrutiny, it can approach the status of a theory, and thus an
accepted view in the research community. In the scientiﬁc sphere, openness with
regards to scientiﬁc data, documentation, substantiation, scepticism, and criticism,
are well-established key features.
The concept of scientiﬁc uncertainty has been recognized for several hundred years, and statistical methods have been invented to quantify the uncertainties. Fjelland (2002) argues that we are now facing a new situation in which
the uncertainty has moved into the limelight. The global climate change issue
is a pronounced example of this new situation. At present, it is clear that our
planet has experienced a signiﬁcant temperature increase over the past 50 years
(IPCC, 2007c,a,b), and the atmospheric carbon dioxide (CO2 ) concentration has
exceeded levels not seen in at least 650 000 years (Siegenthaler et al., 2005). Although the potential eﬀect of CO2 on climate was ﬁrst described by Arrhenius
(1896), it was only twenty-two years ago, that James Hansen at NASA Goddard Institute for Space Studies, testiﬁed in front of a US Senate committee,
explaining that he could say with ”99 percent conﬁdence” that a recent persistent rise in global temperature was occurring. He further stated that ”the greenhouse eﬀect has been detected and is changing our climate now”. This testimony
(based on the ﬁndings of Hansen et al. (1988)) is considered the dawn of the contemporary global warming discussion (http://discovermagazine.com/1988/jun/
23-special-report-endless-summer-living-with-the-greenhouse-effect), although already the Charney report (Charney, 1979) contained much of the scientiﬁc basis. Also in 1988, the World Meteorological Organization (WMO), and the
United Nations Environment Programme (UNEP) established the Intergovernmental Panel on Climate Change (IPCC) as a scientiﬁc body whose goal was to
evaluate ”any change in climate over time whether due to natural variability or as
a result of human activity”. IPCC stated in its fourth assessment report that it is
very likely (more than 90 %) that the observed warming over the last 50 years is
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attributed to the increasing greenhouse gas concentrations in the atmosphere, with
CO2 identiﬁed as the principal anthropogenic greenhouse gas (IPCC, 2007c,a,b).
Although IPCC states with more than 90 % certainty that contemporary global
warming is linked to anthropogenic CO2 emissions, it is still a matter of controversy how important these emissions are, and what eﬀects continuous emissions
will have on the climate, and ultimately for life on Earth. Climate models project
a temperature increase between 1.5 ◦ C and 6 ◦ C by year 2100, having potential
adverse eﬀects on life as we know it (IPCC, 2007c,a,b). The computer climate
models are known to contain shortcomings causing substantial uncertainties in
the estimates. The reliability of these projections is therefore a matter of prominent debate. This represents a new frontier, in which science faces a problem where
it can no longer provide answers with suﬃcient certainty (May, 2001; Pielke, 2001).
How can society and policy makers relate to such a shift towards more focus on
epistemological uncertainties? (e.g. ”what can we know about this phenomenon?”
or ”how do we know what we know?”, (Funtowicz and Strand, 2007)).

2 Models of science and policy
Funtowicz and Strand (2007) outline diﬀerent conceptual models describing the
relationship, and interface, between science and policy with regards to environmental issues. We will in the following discuss two such models and their role in
the global climate change issue.

2.1 The modern model
The modern model assumes that science provides objective, valid, and reliable
information with uncertainties that can be controlled (or eliminated). This information is then passed on to the policy makers, telling them everything they need
to know in order to make decisions. In this model, ”... there is only one correct
description of the system, and it is to be provided by science” (Funtowicz and
Strand, 2007). The scientiﬁc approach is what Ravetz (2004) refers to as ”mainstream science”. This employs reductionistic thinking in which complex objects
are reduced to their parts, which may further be reduced to simple elements. After reducing the whole to its parts, the parts can be re-assembled again, providing
enhanced knowledge.

2.2 The model of extended participation
An alternative to (various versions of) the modern model is called the model of
extended participation (Funtowicz and Strand, 2007). It is based on the philosophy of post-normal science (PNS), described by Funtowicz and Ravetz (1990).
PNS should, by deﬁnition, be employed when dealing with problems having large
uncertainties, where the values are in dispute, the decision stakes are high, and the
problem at hand requires urgent decisions (Funtowicz and Ravetz, 1990; Ravetz,
2004). Climate science is a prime candidate for application of PNS (Bray and von
Storch, 1999; Saloranta, 2001; Hulme, 2007). The methodology should not replace
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what Kuhn calls ”normal” science, but aid in making the correct decisions based
on the current knowledge at hand. One important aspect of this method is the
inclusion of non-experts, creating an ”extended peer community” (Ravetz, 2004).
In other words, non-scientists should be included in e.g. discussions about scientiﬁc results, and in science strategy debates, and there should be much interaction
between scientists and non-scientists to lead up to decision-making.

3 Discussion
3.1 The modern model and climate science
It is well established that climate scientists gain insight into mechanisms driving
the climate system by reducing it to processes on smaller and smaller scales. The
problem is that the climate system is complex, and governed by non-linear dynamics. The concept of non-linearity can, in its simplest form, be described by the
Logistic Map (May, 1976) represented by the following equation:
Xnext = aXinitial (1 − Xinitial )

(1)

This equation can for example be used for studying long-term changes in animal
populations May (2003). The behavior of the equation is thoroughly described by
May (1976, 2003), but the main point to notice is that although being relatively
simple, it exhibits great sensitivity to the starting conditions. Small diﬀerences
in the starting conditions can cause large variations in the long-term behavior of
the system. Such a behavior was noted by Lorenz (1963), when studying a simple model of the atmosphere. He famously denoted this as ”the butterﬂy eﬀect”.
Hysteresis and the possibility of abrupt jumps between distinctly diﬀerent stable modes are illustrated by the simple non-linear system of equations used by
Stommel (1961) to investigate sensitivity of global ocean circulation to surface
fresh water forcing. Thus for non-linear systems, ”adding back does not work ...”
(Fjelland, 2002).

3.2 Climate science and society
The IPCC, together with vice president Al Gore, were awarded the Nobel Peace
Prize in 2007 ”... for their eﬀorts to build up and disseminate greater knowledge
about man-made climate change, and to lay the foundations for the measures that
are needed to counteract such change.” (Nobel Committee, Press release 2007;
http://nobelprize.org/nobel_prizes/peace/laureates/2007/press.html ). The
Nobel Committee further stated that, ”... the IPCC has created an ever-broader
informed consensus about the connection between human activities and global
warming”. This latter statement has been interpreted as controversial. The word
consensus has a very powerful meaning that could be exploited to create a false
sense of agreement (Pielke, 2001). In the US, for example, over 31000 persons with
Bachelor or higher degrees in science and technology (9000 PhDs), have signed ”the
Global Warming Petition” (http://www.petitionproject.org/), where they ”...
urge the United States government to reject the global warming agreement that

Climate Science: The New Frontier

5

was written in Kyoto, Japan in December, 1997, and any other similar proposals...”. The number of these who are scientists directly involved in climate research remains unknown. Skepticism and criticism are keystones in science. Unfortunately, several commentators and self-proclaimed ”climate watchdogs” have
either naively, or deliberately, mis-represented climate researchers with misleading
interpretations of the present state of understanding of the processes controlling
contemporary climate change. In addition it has been suggested that IPCC selectively pick out the scientists that contribute to their assessment reports.
In 1709, the English writer Alexander Pope wrote in the poem An Essay on
Criticism that ”A little learning is a dangerous thing” (http://poetry.eserver.
org/essay-on-criticism.html). Here he is referring to the ease of disparagement,
and to the often dogmatic views that hide behind much of the criticism. If the
stakes in climate change were not so high, then the comments and criticisms aimed
at scientists would be simply unreasonable, but when empty rhetoric and incorrect
interpretation of scientiﬁc results is used as a basis for inﬂuencing public opinion,
and ultimately future international policy, it is important that the public and
politicians are made aware of the present state of knowledge.
Non-governmental organizations (NGOs) are prominent in the debate on climate as well as other environmental issues. There is a wide variety of NGOs and
it is hard to make generalizations about their roles or working methods. However,
the primary mission of NGOs is to play a signiﬁcant role in decision-making. Many
of them do this by providing pointed statements and conclusions and try to back
these up with science that supports their chosen policy option. They are experts
in framing the issues and creating media attention sometimes by focusing on symbol cases. Even if their primary role is not to conduct research, some NGOs have
academic staﬀ. Some also invite scientists on science advisory boards. This oﬀers
another arena for scientists to engage in policy-making.
In November 2009, a data server at the Climate Research Unit (CRU) at the
University of East Anglia was hacked, and thousands of emails, including documents, from prominent climate researchers were stolen and posted on the Internet (e.g. Nature Editorial (2009)). This incident has gained tremendous attention
worldwide, and has been popularly termed ”Climategate”, clearly analogous to
the Watergate scandal in the US in the 1970s. Although the global temperature
increase seen in the historical temperature reconstruction dataset at CRU (and
used by IPCC) remains robust in the wake of Climategate (Nature News, 2010;
Nature News Feature, 2010), the leaked emails have been interpreted as serious
violations of basic scientiﬁc principles. It has been claimed that scientists have
systematically attempted to withhold data, which should be publicly available under the US and UK Freedom of Information Acts, and also violated good practice
concerning the peer-review process.
Furthermore, IPCC recently released a statement saying that a paragraph in
their latest assessment report ”... refers to poorly substantiated estimates of rate
of recession and date for the disappearance of Himalayan glaciers” (IPCC, 2010).
The claim that Himalayan glaciers could disappear by 2035 was not based on peerreviewed scientiﬁc literature, but on a media interview with a scientist performed
in 1999. This error not only showed that the internal communication between
diﬀerent parts of the IPCC was not working according to the expected standard,
but also has nurtured skepticism in the public at large towards the IPCC leadership
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which is seen to create unfounded attention by deliberate overestimation of climate
change impacts.
Returning to Pope (1709); ”most critics, fond of some subservient art, still make
the whole depend upon a part”. This statement illustrates that although neither
Climategate nor the Himalayan glacier case has impacted the main IPCC conclusions, they have contributed to a present legitimacy crisis with regards to climate
science. A recent survey shows that 57 % of Americans polled late 2009/early 2010
believe that climate change is happening, compared to 71 % in October 2008 (Leiserowitz et al., 2010). A question of vital importance is thus how climate science
can regain the trust of the society?

3.3 Climate sciences new social contract with society
To our mind, the answer to the above question lies in the model of extended participation. By employing this model (and thus PNS), a scientiﬁc quality assurance
system split into an internal and an external component is favorable (Funtowicz
and Strand, 2007). The internal component should correspond to the traditional
scientiﬁc ”peer-review” process. This component ensures that results published in
scientiﬁc journals have been objectively scrutinized by leading experts in the ﬁeld,
thereby minimizing the probability of fundamental errors in the research. The
statement made by the Roman poet Juvenal ”Quis custodiet ipsos custodes?” (∼
who will guard the guardians?) shows that this system is not fool-proof (Funtowicz, 2001). However it is worth pointing out, again, that skepticism is at the
very heart of the Scientiﬁc Method. Thus any climate scientist (or more generally
every scientist) should, by nature, be a skeptic. This point should be made very
clear to the public. The external component would be the extended peer community. Gibbons (1999) referred to ”Sciences new social contract with society”, when
discussing the ongoing shift in modern science from ”reliable” towards ”socially
robust” knowledge. One can also easily draw a parallel to civic science, thoroughly
described by (Bäckstrand, 2009). Bearing in mind the poem by Alexander Pope,
is there an optimal way of connecting science with society? We believe that a
statement from President Franklin D. Roosevelt is very relevant here:
”Democracy cannot succeed unless those who express their choice are prepared
to choose wisely. The real safeguard of democracy, therefore, is education.”
- Franklin D. Roosevelt, September 27, 1938
The democratization of science is at the heart of the model of extended participation. Saloranta (2001) suggested that the climate science involving IPCCs
second assessment report (IPCC, 1996b,a) could to a large extent be characterized as PNS, as IPCC did employ an extended-peer community, as well as an
enhanced management of uncertainties. Saloranta (2001) also stated that these
eﬀorts associated with the early stages of the IPCC seemed successful in bridging
the gap between the scientiﬁc and non-scientiﬁc communities and making tangible
progress towards binding agreements for limiting emissions. While the IPCC mechanism presently does not seem so successful, we see clear opportunities and also
signs in the community towards testing methods for a more societally integrated
science:
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1. Use of modern communication technology. The Internet is an enormous resource in modern society. The use of Google (www.google.com) and Wikipedia
(www.wikipedia.org) as means of obtaining knowledge has skyrocketed in recent years, and the use of blogs (short for web logs) as a forum for public debate has increased signiﬁcantly (Farrell and Drezner, 2008). A lot of discussions
about contemporary climate change can be found in the ”blogosphere”, but as
suggested by Ashlin and Ladle (2006), ”blogs on environmental topics show
that they vary greatly in accuracy, which indicates a need for participation by
informed scientists”. This represents a new challenge for scientists in which they
are urged to participate more actively in online forums. As stated to Nature by
the climatologist Robert Pielke Sr. when talking about his blog, ”Now Im making my arguments to a broader community to see how well they stand up. I also
use it as a professional diary and it has increased my network. The feedback
has been wonderful” (Nature 2006, 440, p597-599). Other examples of such
activity include the blogs RealClimate (www.realclimate.org), ClimatePolicy (www.climatepolicy.org), ClimateEthics (http://climateethics.org/),
and ClimateCentral (www.climatecentral.org) where scientists present their
views and results directly to the public.
2. Open-access publishing. The primary means of obtaining scientiﬁc results is
through publications in scientiﬁc journals. However the majority of these are
only available through relatively expensive subscriptions, making them diﬃcult to obtain outside scientiﬁc institutions. In addition, the review process
is conﬁdential, and only available to the author(s) and the editor(s). There is
currently a trend towards more open-access, freely available, journals. Copernicus Publishing (http://publications.copernicus.org/) is, to the best of our
knowledge, the ﬁrst publisher fully endorsing the model of extended participation. Manuscripts submitted to its various journals (currently ten Geosciences
and Earth System Science journals) have to go through a public online review
process, where input from both scientists and the public is welcome. This will
contribute to bridging the gap between scientists and non-scientists.
3. Formal involvement of non-scientists in scientiﬁc activities. Research projects
are initiating the use of so-called Reference User Groups (RUGs). An example is the European Project on OCean Acidiﬁcation (EPOCA). ”The results
of this multi-disciplinary collaboration will be presented to the non-scientiﬁc
community (business leaders, organisations and the general public) to inform
about the risks and what we can do to avoid the tipping points related to ocean
acidiﬁcation... . The RUG, ... is working with EPOCA to examine in detail the
user related issues (the types of data, analyses and products that are most useful to managers, policy advisors, decision makers and politicians, the format
and nature of key messages arising from the EPOCA research, and the dissemination procedures) RUG members also feedback key science developments
into their own sector/parent organisation during the life time of the project.”
(http://www.epoca-project.eu/index.php/Outreach/RUG/).

4 Concluding remarks and comments
Climate change has, without a doubt, become one of the most important themes of
discussion in the world today. There is still pronounced debate regarding mankinds
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contribution to the observed climate changes. Since the stakes are high, the uncertainties are large and the challenge of future climate changes requires urgent action,
this is a prime candidate for applying the PNS approach, through the model of extended participation. After a promising start (Saloranta, 2001), it presently seems
that the IPCC process has failed. To our knowledge, there are no in-depth analyses
of the actual penetration and impact of extended participation on climate science
in the past decade. Perhaps the reductionistic modern model has been dominating in practice despite some formally post normal mechanisms and attributes. We
have shown that contemporary climate research has new tools available for adapting and developing methodology for extended participation. We are conﬁdent that
both science and the public have, and will, beneﬁt from this approach, and that
it is a way forward for climate science to regain the trust of the society.
”New frontiers of the mind are before us, and if they are pioneered with the same
vision, boldness, and drive with which we have waged this war we can create a
fuller and more fruitful employment and a fuller and more fruitful life.”
- President Franklin D. Roosevelt, November 17, 1944.
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